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Abstract
Interannual variations of the tropical troposphere temperature are known to be closely related only
to the sea surface temperature (SST) changes in the tropical eastern Pacific (TEP) although the SST
there is the lowest in the whole tropical oceans. In this thesis, the possible physical mechanisms by
which the above air-sea interrelationship can be established is investigated. SSTs have been analyzed
to find the unique properties of the SST variations in the TEP region. The heat fluxes at the oceanic
surface have been evaluated, after applying a correction to account for an artificial increasing wind
trend, to examine the changes between warm and cool SST situations. A Gill-type model has been
constructed. The model was forced by a localized heat source similar to the observed latent heat
change between a warm and cool SST year to investigate how a local heat source communicates
with the entire tropics. The surface water vapor, the cloudiness, and the radiative fluxes in the
tropics have been analyzed to find out whether the responses of the atmosphere to SST changes
are consistent with the model results, and to search for the factors which limit the air temperature
increase when warm SSTs remain in the TEP.
The interannual variability of SSTs in the tropical oceans is dominated by the variations in the
TEP region. These variations have three unique properties: large magnitude, long persistence, and
spatial coherence. The persistent and spatially coherent SST variations allow the ocean to influence
the atmosphere in an effective way. The large amplitude of the variations enables the ocean to
produce considerable changes in the atmosphere within the life time of the SST variations. In a
warm SST year, evaporation increases in the TEP region; a 30-40 Wm- 2 positive anomaly of latent
heat flux can remain in the TEP region for more than one year, which brings additional water vapor
and energy into the troposphere.
A Gill-type model, forced by a localized heat source similar to the observed latent heat change
between a warm and a cool SST year, shows that a local heat source can warm the entire tropical
troposphere with reasonable amplitude when the heat source is near the equator. The released
latent heat induces local rising motion, and forces sinking motion elsewhere in the tropics. The
atmosphere in the heat source region is warmed by the released latent heat while the rest is warmed
by the forced adiabatic subsidence; as a result, a local heat source causes warming of the entire
tropical strip.
Both wind and cloud observations support the model results. In El Niflo years coherent wind
anomalies occur in the entire tropical regions near the equator. Anomalous westerlies cover the
area from the Maritime Continent to the coast of South America and anomalous easterlies cover the
rest of the equatorial regions at 850 hPa. Anomalous wind reverses its direction at 200 hPa. The
cloud changes in a warm SST year also cover the entire tropical strip. Both the cloud amount and
cloud top of total cloud and deep convective cloud increase over the central and eastern equatorial,
but decrease over most of the other tropical regions, especially over the tropical western Pacific and
South America.
The cloud changes in a warm SST year modify the radiative fluxes in the atmosphere. During
a warm SST year the tropical troposphere, as a whole, becomes less opaque although part of the
troposphere is more opaque, such as over the central and eastern equatorial Pacific. The cooling rate
of the tropical troposphere increases by 0.070C/day in the 1987 El Nifio year; the corresponding
damping time is 14 days, close to the 15-day thermal dissipation rate used in the Gill-type model.
Although the increase of cooling rate is small, only 5% of its climatology, it is large enough to
get rid of the additional latent heat entering the atmosphere due to the warm SST. This increase of
cooling rate is mainly caused by the increase of infrared radiative loss of the atmosphere, which
is further related to the reduced cloud amount and cloud top level. Through the enhanced cooling
rate, the troposphere prevent itself from further warming when warm SSTs remain. In the present
climate, clouds in the tropics reduce the radiative fluxes received at the surface by about 30 Wm-2
and enhance the radiative fluxes entering the atmosphere by 10 Wm- 2 . Compared with the cloud
effect, the effect of water on the radiation in the earth-atmosphere system is much smaller, usually
less than 5 Wm-2. The radiative effect of cloud is one order larger than the change of latent heat
flux entering the troposphere in a warm SST year, which is about only 1 Wm- 2 if averaged over
the whole tropics. The radiative effect of cloud can easily offset the effect of anomalous latent heat
on the heat balance in the troposphere.
The SST underwent an apparent mode change around 1976. The SST after 1976 is about
0.50C warmer in the TEP but 0.5 - 1C cooler in the central North Pacific than before. Other
independent variables, including water vapor, pressure, wind, and air temperature fields, also have
shown changes consistent with this mode change. The oceanic advection, which is further related
to the surface wind and pressure fields, is found to be the main cause for this mode change. This
mode change suggests that there may exist a pressure sway between the eastern and the western
hemispheres: lowering the pressures from the Aleutian Low in the North Pacific to the subtropical
high in the South Pacific and raising the pressures in the Indian and Atlantic Oceans.
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Chapter 1
Introduction
The ocean is a major energy source for the atmosphere. It absorbs 65 PW' of direct solar radiation
while the atmosphere absorbs only 33 PW (Woods, 1984). Most of the energy entering the ocean is
finally transferred to the atmosphere through latent heat, sensible heat, and long wave radiation. The
thermal capacity of the atmosphere is very low compared with that of the ocean. The energy released
by cooling a three-meter-deep ocean can warm the whole troposphere by the same temperature.
Although it is clear that the ocean can easily affect the temperature of the troposphere, the actual
physical processes through which the influence of the ocean is passed to the atmosphere are not
well known; there are still many questions waiting to be answered. One of these questions concerns
the dominant influence of the sea surface temperatures (SSTs) in the tropical eastern Pacific (TEP)
on the tropospheric temperatures.
Compared with the tropical western Pacific (TWP) and the tropical eastern Indian Ocean, the
TEP region seems less important in the air-sea interaction. The SST in the TEP is about 50C lower
than that in its western counterpart (see Figure 2.2 in Chapter 2). Since the relative humidity is
almost constant at the oceanic surface, the evaporation in the TEP is only two thirds of that in
the TWP due to the exponential dependence of evaporation on temperature (Clausius-Clapeyron
equation). Meanwhile the warm SST in the TWP region induces low-level convergence (Lindzen
and Nigam, 1987) which further increases water vapor content in the atmosphere over the region.
The difference of latent heat release in the atmosphere between the TEP and TWP regions is
dramatic: Latent heat release is less than 50 Wm- 2 over the TEP region, but 150-200 Wm- 2 over
the TWP region (Jaeger, 1976). Considering the fact that latent heat is the largest heat component
SIPW = 10"'W
in the maintenance of the tropospheric temperature equilibrium (Peixoto and Oort, 1992), it seems
reasonable to relate the interannual variations of the tropical tropospheric temperature (TTT) to the
SST changes in the tropical western Pacific and eastern Indian Ocean. However the results from
observations contradict this idea: The interannual variations of the TTT are mainly controlled by
the oceans in the tropical eastern Pacific. Using the empirical orthogonal function (EOF) analysis,
Newell and Weare (1976) found that the correlation coefficient between the tropical troposphere
mean temperatures and the time series of the first SST EOF mode (the El Niio mode which has
maximum weighting in the TEP) reaches 0.74, which is far above the 99% significance level for their
25-year SST data and 16-year air temperature data. Analyzing the variations of the 850-300 hPa
temperatures over the globe, Angell (1988) showed that the temperature variations in the equatorial
and north and south subtropical regions are similar and that the similarity is related to the SST
variations in the eastern equatorial Pacific. Oort (1992) examined the temperature variations from
the surface to 300 hPa; his time series of mean hemispheric temperature anomalies (his figure 3)
exhibit well recognized El Niio signals, and the signals become stronger when the altitude gets
higher. Hansen and Lebedeff (1987) noticed the coherent variations of land temperature at low
latitudes and attributed this coherence to quasi-biennial oscillation and ENSO.
Using the microwave sounding unit (MSU 2) data (Spency and Christy, 1990) and the SST data
from GOSTA (Bottomley, 1990), Newell and Wu (1992) found that the TTT is closely related to
the SST in the TEP region, as shown in Figure 1.1. The correlation coefficient between the MSU
and the SST in the TEP exceeds 0.5 in a tropical strip (roughly from 15'S to 15 N) except an area
near New Guinea. The coefficient of 0.4 corresponds to the 99% significance level, and therefore
the figure indicates that the interannual variations of TTT in the tropical strip would follow the SST
changes in a limited area in the TEP. It is not clear how the air temperatures far away from the TEP
are affected by the SST changes in the TEP. It is more puzzling that the variations of TT are almost
independent of the SST changes in the tropical western Pacific (TWP, Figure 1.2) although the TWP
region is usually considered to be an area of main energy source for the atmosphere. The correlation
coefficient is about 0.2-0.3, not significant at the 95% significance level, even over the TWP region
itself. In fact, the relationship between the MSU and the underneath SST is not as good as expected
except in the TEP region (Figure 1.3) although about 70% of the heat balancing the radiative cooling
in the atmosphere is from the surface (Peixoto and Oort, 1992). The local correlation coefficient is
below 0.4 over most of the global oceans; the coefficient above 0.4 exists only in the TEP region
2Satellite measurement of the tropospheric air temperature
Figure 1-1: The correlation coefficients (X100) between the tropospheric temperatures over the globe and the SSTs in
the tropical eastern Pacific. The coefficient 0.44 is associated with 99% significance level. From Newell and Wu (1992).
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Figure 1-2: The correlation coefficients (X100) between the tropospheric temperatures over the globe and the SSTs in
the tropical western Pacific. Others are same as in Figure 1. 1.
and in a very limited area in the northern North Atlantic. In the troposphere, the TTTs are highly
correlated in the tropical strip, as illustrated in Figure 1.4; the correlation coefficient between the
MSU over the TEP and the MSU over the rest of the tropical strip is about 0.7-0.8, well above
the 99% significance level. Such close correlation indicates that the air temperatures rise and fall
together in the tropical regions. However the TTTs at high latitudes do not show the "strip" feature;
they vary locally, as shown in Figure 1.5 where the correlation coefficient between the local MSU
and remote MSUs decreases to below 0.4 within 30 degree longitude or 10 degree latitude. Although
the air temperatures are highly correlated in the tropics, the SSTs are not; the eastern and western
parts of the tropical Pacific Ocean usually vary oppositely with a tongue of one sign change in the
TEP surrounded to the north, south and west by the opposite sign change (Figure 1.6).
The above results give rise to three questions:
1. Why are the interannual variations of TTs closely related to the SST changes in the TEP
region, but not to those in the TWP region?
2. How do the influences of SSTs in the TEP region spread over the entire tropics?
3. What factors limit the increase of TTTs when warm SSTs remain in the TEP region?
These questions have motivated this thesis, and it tries to answer these questions through data
analyses and model simulation. The hypothesized answers for the questions raised are as follows:
Spatially and temporally coherent SST changes are limited to the tropical eastern Pacific ocean.
When SSTs increase in this region, more water vapor enters the atmosphere due to enhanced
evaporation. The release of latent heat carried by the additional water vapor produces local rising
motion and forced sinking motion elsewhere. The latent heat warms the local atmosphere while the
adiabatic subsidence warms the rest. The subsidence depresses cloud, which causes the increase of
the atmospheric transmission to infrared radiation to prevent the atmosphere from further warming
when positive anomalous latent heat remains.
The thesis is organized in eight chapters. The variations occurring in the oceans will be analyzed
first to find out the changes of external forcing to the atmosphere. The external forcing is then used
to drive a Gill-type model to investigate the response of the atmosphere to the changes in the oceans.
The model results are finally compared with the variations occurring in the atmosphere. The logical
flow of the thesis can be expressed as follows:
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Figure 1-3: The correlation coefficients (XIOO) between the tropospheric temperatures and the underneath SSTs.
Others are same as in Figure 1.1.
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Figure 1-4: The correlation coefficients (X100) between the tropospheric temperatures over the tropical eastern Pacific
and those over the rest of globe. Others are same as in Figure 1.1.
ATMOSPHERE
The seasonal and interannual variations of the tropical SSTs are examined in Chapter 2. This
chapter is intended to answer the first question. In order to understand why it is the SST in the
TEP, not the SST in the TWP or other areas, that controls the interannual variations of the air
temperature, the characteristics of the SSTs in the tropics need to be examined to highlight the
unique properties of the tropical eastern Pacific. Although SSTs have been observed for more than
one hundred years and their climatology is fairly well known, it is still not clear which factors, the
amplitude of SST variations or something else, determine the dominant influence of the SST in the
TEP on the air temperature changes. In this chapter, we examine the SST seasonal and interannual
variations, the persistence and spatial coherence of SST variations, and the modes of SST variations.
In the analyses, an SST mode change around 1976 becomes obvious. This mode change suggests
the possible existence of an extended El Niiio event. The possible physical reasons for this mode
change are also explored in Chapter 2 since this mode change has resulted in warm SSTs in the TEP,
which would further affect the air temperature in the tropical troposphere (Newell and Wu, 1992).
The influence of the SST on the air temperature is realized through the heat fluxes, especially
latent heat flux, at the oceanic surface. It is not clear how these fluxes change and how big the
changes are between a warm and a cool SST year. Therefore these fluxes are calculated on a
monthly time scale in Chapter 3 to investigate the variations of fluxes related to SST changes. The
climatology of heat fluxes have been computed by Esbensen and Kushnir (1981) and Hsiung (1986),
but no time variations can be inferred from their results. Furthermore the wind trend exists in almost
all ocean-atmosphere data sets and would causes a serious problem to the time variations of the
fluxes if it is not treated properly. In this study attention has been paid to the correction of this wind
OCEAN
trend in order to obtain more reliable values for the changes of heat fluxes between a warm and a
cool SST year.
The analyses of Chapters 2 and 3 show that persistent and coherent changes of SST and latent
heat flux have happened only in a limited area in the TEP region in warm SST years, but the increases
of air temperature occurred in the entire tropical band. To establish the connection between the
increases of air temperature in the whole tropics and the SST changes in the TEP, it is necessary to
determine whether and how the increases of observed heat fluxes in the TEP can warm the entire
tropical strip with reasonable amplitude. This is accomplished in Chapter 4, which answers the
second question. In this Chapter, a Gill-type model driven by the latent heat anomalies close to the
observations is constructed to investigate the physical linkage between a local heat source and the
temperature changes in the other tropical regions.
The model results in Chapter 4 indicate that a local heat source near the equator is capable
of warming the entire tropical strip through local rising and remote sinking motions. Although
the results support the hypothesized answers, they need to be confirmed by observations due to
the uncertainty of the frictional and thermal dissipation rates used in model. Therefore the rest of
the thesis turns to the analyses of the changes occurring in the atmosphere to verify the models
results. The changes of wind field between El Nifio and La Nifia years are presented in Chapter 4
to illustrate that the influence of local SST changes has been expanded over the entire tropics. The
change of water vapor is analyzed in Chapter 5 since the immediate response of the atmosphere to
SST variations is the change of water vapor due to the Clausius Clapeyron equation. The changes
of water vapor will further affect the energy balance in the earth-atmosphere system by changing
clouds and the radiative properties of the atmosphere.
The cloud variations are examined in Chapter 6 to find out whether clouds have shown changes
consistent with the Gill model results. If the simulated sinking motion over the tropical strip outside
of the heat source in the Gill-type model is real, the cloud frequency and top level should be
reduced. Therefore cloud changes can be used to determine whether the influence of a local heat
source has been spread over the whole tropical strip as the model predicts. Furthermore clouds have
a significant effect on the heat balance in the atmosphere, which will be investigated in Chapter 7
using the results of this Chapter.
The thermal dissipation rate used in the Gill model has a significant effect on the amplitude
of temperature changes. The thermal dissipation is in fact the changes of radiative fluxes in the
atmosphere when a heat perturbation occurs; therefore the radiative fluxes in the earth-atmosphere
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Figure 1-5: The correlation coefficients (XOO) between the tropospheric temperatures over the Gulf Stream and those
over the rest of globe. The coefficient 0.44 is associated with 99% significance level.
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Figure 1-6: The correlation coefficients (X100) between the SSTs in the tropical eastern Pacific with the SSTs in the
rest of global oceans. Others are same as in Figure 1.1.
system are examined in Chapter 7 for two purposes: to check whether the thermal dissipation rate
used in the model is appropriate and to investigate how the atmosphere prevents itself from further
warming when warm SSTs remain in the TEP. Since the changes of radiative fluxes in the atmosphere
are closely related to the cloud changes, it is necessary to include a detailed cloud analysis to clarify
the physical mechanism behind the thermal dissipation rate in the model. This analysis has been
arranged in Chapter 6 since the cloud information is needed by Chapter 7. Through the investigation
of the changes of cloud and radiative fluxes in Chapters 6 and 7, we hope to get a relatively clear
answer for the third question raised previously. Conclusions are provided in Chapter 8.
Chapter 2
Sea Surface Temperature Variations in
the Tropics
In this Chapter, the seasonal and interannual variability of SSTs in the tropics will be examined
to highlight the unique properties of SSTs in the TEP. The chapter concentrates on the interannual
variations. After a short review of current SST data sets, a brief discussion about the seasonal
variations will be given first since they are the background of interannual variations; then the
interannual variability of SSTs, the persistence and spatial coherence of SST variations, and the
modes of interannual SST variations will be examined in detail.
2.1 Introduction
SSTs have been regularly measured by ships at least since 1854, but data sets on a global scale are
available only in recent years. The first global data set is the "Global Ocean Surface Temperature
Atlas (GOSTA)" (Bottomley et al., 1990). The GOSTA is the achievement of the cooperative
efforts of the U.K. Meteorological Office in Bracknell and the Department of Earth, Atmospheric,
and Planetary Sciences at MIT. The sources of the Atlas are the Meteorological Office Main Marine
Data Bank (containing the TDF-1 1 of the U.S. Climatological Center in Ashville, North Carolina)
and the MIT data set (originally from the Consolidated Data Set of U.S. Navy Fleet Numerical
Oceanography Center at Monterey, California). The GOSTA includes the SST and marine air
temperatures. Corrections for the cooling of sea water in canvas and other types of buckets after
they are hauled up onto the deck and allowed to stand for several minutes have been added;
adjustments for the changing height of ship decks with time have been applied. The Atlas covers the
period from 1856 to 1989, but the monthly data are updated in real time by the U.K. Meteorological
Office, and the data are available about a week after the end of each month.
Another data set is the Comprehensive Ocean-Atmosphere Data Set (COADS, Woodruff et
al.,1987). It has been assembled by many groups (Slutz et al., 1985). Ship observations from
different countries are collected and blended after quality control. The first release of the COADS
covers the period 1854 to 1979; preliminary updated data are available for later years. Seventy-two
million observations are included in the first release. After 1980, 1.2 million ship observations are
collected in each new year; the number can reach 2.1 million after two years when later data arrive.
The COADS includes eight observed variables: SST, marine air temperature, scalar and vector
wind, sea level pressure, cloud, and specific humidity. Based on individual observations, some
cross products, such as wind speed and specific humidity difference between air and sea, are also
included in the COADS. No corrections have been applied to the variables. Therefore a discrepancy
between COADS and GOSTA may occur, especially in the early data period, although the sources
of the two data sets are essentially the same.
There are other marine data sets. The MARMET data set of former USSR includes 25.2
million ship observations from the former Soviet ships (Yudin et al., 1992). The Japanese ship
observations from 1889 to 1961 have been collected, microfilmed and digitized by the Imperial
Marine Observatory of Japan (Uwai,1992). These data are being incorporated into the COADS.
The COADS for the period of 1949-90 is used as the basic marine data set in this study since it
includes not only the SST, but also the air temperature, humidity, wind, pressure, and cloud, which
are needed in later analyses. The data are in the gridded form of 2' x 20. All values are monthly
means averaged over individual observations, which is a great improvement for cross-product
quantities (e.g. the product of wind speed and air-sea humidity difference). The geographical
distribution of SST observations is shown in Figure 2.1 a for the period of 1949-90. In the tropical
Atlantic, the ratio of observations (the months with observations to the total months) is above 80%
except in a small area centered at 20'S, 20'W where the ratio varies from 40% to 80%. In the
tropical Indian Ocean, the ratio is 70% - 90% in most regions; it is below 60% in the southern
west Indian Ocean. In the tropical Pacific Ocean, the ratio is about 70 - 90% along the coasts
of Central and South America, 60 - 70% in the TWP region, and 40 - 60% in the central Pacific
region. The south-eastern part of the TEP around 20'S, 100'W is the place least sampled; the
ratio is below 30%. The improvement of observations is illustrated in Figure 2.lb-c. The ratio
in the tropical central Pacific increased from about 10% in the 1950s to about 50% in the 1970s.
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Figure 2-1: Percentage of SST observations from the COADS.
b: 1949-59
The observation numbers in the tropical Atlantic and tropical Indian Ocean also increased by about
10%. On average, the SSTs have been measured at least in every other month in most of the tropical
oceans. Considering the large thermal inertia of the oceans and the weak SST advection in the low
latitude oceans, the SST observations in the tropics are adequate for the present study.
2.2 Seasonal variations
Seasonal variations are the background of interannual variations. The effect of an SST anomaly on
the atmosphere is related not only to the anomaly itself, but also to its mean state. A one-degree
increase of SST, for example, in the TEP may have little effect on the cloud amount there, but the
same increase in the central equatorial Pacific could activate the deep convection there significantly
since the SSTs there are already around 27 - 280C, a criterion temperature for the deep convection
(Graham and Barnett, 1987). Therefore the seasonal variations of SSTs will be briefly discussed
first.
The SSTs averaged over the period of 1949-90 are given in Figure 2.2 for the annual mean,
January, April, July, and October. The distinguishing feature of the seasonal variations is the
expansion and contraction of the warm water (defined as SST> 290C) and the cool water (defined
as SST 26'C). In the Pacific, the warm water exists all year round from the Caroline Islands
(140'E, 5'N) to the Phoenix Islands (170'W, 10'S; top panel). This warm water is stable from
January to March. It begins to expand toward the northwest in April following the northward
movement of the maximum of direct solar radiation. By July its northern boundary has crossed
20'N and reached Southeast Asia. The northern boundary has shifted 15 degrees northward from
April to July, but its southern boundary moves only 5 degrees in the same direction. The northern
boundary of the warm water begins to retreat from its extreme position in August, but follows a
different path: It leaves the Asian continent, moves first eastward and then southward to its winter
position. In the Indian Ocean, extensive warm water exists only in April and May; in other months,
the warm water usually occurs in isolated areas. The warm water near the coasts of Central America
covers an area of about 10% of that in the Pacific-Indian Ocean. It is worthy of note that although
the coverage of the warm water varies significantly during the year, its temperature shows almost
no change because of the SST limit (Newell, 1979; Newell and Wu, 1994).
The cool water (< 26'C) in the TEP reaches 140'W on the equator from October to the
following January. However by April it exists only east of 90'W along the coast of South America.
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Figure 2-2: Mean sea surface temperatures ('C) over the period of 1949-90.
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In March-April, the SSTs in the TEP are the warmest in the year. The cool water expands westwards
since then and reaches 135*W in July.
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Figure 2-3: Amplitude of seasonal SST variances (*C).
The geographical distribution of the amplitude of seasonal variations is shown in Figure 2.3.
In general, high SSTs -correspond to small amplitude of variations, and vice versa. The area with
amplitude less than 10C is almost identical to the region of 290C warm water. Near the equator in
the TEP region, the amplitude of SST annual variations is 3 - 60C, three to four times larger than
that in the TWP region. The amplitude north of 20*N is usually larger than its southern counterpart;
the amplitude is more than 7*C near the coasts of South East Asia and Central America, but is only
about 5*C south of 20'S.
2.3 Interannual variations
Many climatic fluctuations are closely related to the interannual SST variations in the TEP region
but not to that in the TWP region (e.g. see Figure 1.1), which is somewhat unexpected since in the
TWP region the SST is about 5*C higher and the latent heat release is about ten times larger than
that in the TEP region on average (Jaeger, 1976). The SSTs in the TEP must possess some unique
properties which put the TEP region in a special position in the air-sea interaction.
2.3.1 Standard deviation
The simplest measurement of interannual variation is the standard deviation (STD), which quantifies
the range of interannual variability. The STD of SSTs for the annual mean is shown in Figure 2.4.
The annual mean STD is the largest along the coast of Peru and along the equator in the TEP region;
it ranges from 1.0*C to 1.40C. Elsewhere in the tropics, The STD varies from 0.6'C to 0.80C
in most areas. Although it is a non-seasonal quantity, the STD in the TEP region is seasonally
dependent (see Appendix A for the details). It is the smallest in March; the STD above 1.0C
occurs only along the coast of South America and in a narrow area. The maximum in the open
oceans occurs in October in the TEP region, the STD at 1 10'W on the equator exceeds 1.8*C.
Although the STD in the TEP region shows considerable seasonal variations, it is still the largest in
the tropical oceans in all seasons.
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Figure 2-4: Annual mean standard deviations (*C) of SST in the tropics.
2.3.2 Persistence and spatial coherence
The STD given in Figure 2.4 is a useful quantity for the interannual variability of SSTs. A large
SST anomaly is expected to occur in the area of large STD. However, large SST anomaly is only
a necessary condition for the ocean to have significant influence on the interannual variation of the
atmosphere. For example, the STDs of the SSTs in the Kuroshio, Gulf Stream, and along the west
coast of South Africa are close or even larger than that in the TEP region, but no close relation
between SSTs and MSUs is found in these regions (see Figure 1.3 in Chapter 1). One of the reasons
for the poor relationship is the mismatch of time scales. The thermal damping time is about 2 weeks
(see Chapter 4 and 7), but it takes about 2 months for the additional latent heat in an El Niio year
(about 1 Wm-2 if averaged over the whole tropics) to warm up the tropical troposphere by 0.5*C.
Any localized, intermittent SST anomaly would not produce significant response in the atmosphere.
The persistence and spatial coherence of SST anomalies are more important than the anomalies
themselves.
Since there are no standard quantities to measure the persistence and spatial coherence of SST
anomalies, the number of months after which the auto-lag correlation coefficient (ra) of SSTs drops
below certain significance level is used as a measurement of persistence; and the cross correlation
coefficient (rc) of SSTs averaged over all 2 x 2 grids within 15* latitudes and longitudes is defined
as a measurement of spatial coherence (Wu and Newell, 1992), that is
7 7
rc = E E rig (2.1)
i=-7j=-7
where rij is the cross correlation coefficient between the central grid and the grid at latitude and
longitude coordinates i and j. The persistence and spatial coherence of SST anomalies defined in
this way are given in Figure 2.5 and 2.6, respectively. In the calculations of ra and rc, the SSTs
during the period of 1980-90 are used. The 95% significance level is used as a statistic test level;
this level corresponds to the correlation coefficient of 0.2. The geographical distribution of the
persistence (Figure 2.5) is an El Nifio pattern: The persistence is three to seven months in the area
from the date line to the western coasts of Central and South America between 15*S and 5*N,
but it is less than three months in the rest of the tropical oceans except in the Caribbean sea, the
South China Sea and some very limited areas. The persistence in the tropical eastern Atlantic does
not show a pattern similar to that in the TEP region although the amplitude and the STDs (Figure
2.3-2.4) in these two regions are not too different.
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Figure 2-6: Trhe spatial coherence of SSTs (unit: %). The coherence is measured by the cross correlation coefficient
of SSTs averaged over all 2 x 2 grids within 150 latitude and longitude; the coefficient > 0.2 is associated with 95%
significance level.
The spatial coherence (Figure 2.6) shows a pattern similar to that of persistence; the region
of high spatial coherence corresponds to the region of large persistence. In the area where the
persistence is above three months in the TEP (Figure 2.5), the spatially averaged cross correlation
coefficient is about 0.2 to 0.35 and is above the 95% significant level. The coefficient is also
above 0.2 in the limited areas in the Caribbean Sea, the South China Sea and along the coasts of
northwestern Africa and northern South America.
2.3.3 Modes of interannual variations
The persistence and spatial coherence of SSTs discussed in the previous section provide no in-
formation about the relationship between the SST variations in different regions (i.e., the mode
of SST changes), and about the time evolution of the relationship. Such a relationship is impor-
tant for air-sea interaction since the atmosphere would presumably respond differently to different
SST modes. Empirical Orthogonal Function (EOF) analysis is a powerful tool to reveal the most
important modes of SST variations.
EOF analysis starts from the monthly SST anomaly matrix, X. The covariance matrix, S, is
obtained by XX'. From S, the eigenvalues and eigenvectors can be determined. The "power"
method is used to find the first few biggest eigenvalues and their eigenvectors. The method is
based on two principles: (1) Any vector in the data dimension space can be expressed by the linear
combination of the eigenvectors since the eigenvectors form a complete basis for this data space,
and (2) continuous multiplication of this vector by the matrix S would lead to the appearance of the
biggest eigenvalue and eigenvector. If an arbitrary vector V is multiplied by S k times, we have
\k - + 2 k2 .An .2.2
Vk = Ace + -c2  62 +- + cn en] (.
where Ci, c2, -\A, A2 ,- - and -0, dC, ... are coefficients, eigenvalues and eigenvectors, respec-
tively. The eigenvalues in the equation are ranked in descending order. When k is large enough, the
terms of A2/A1 ... on the RHS would approach zero since A1 is the largest eigenvalue; and then the
ratio of Vk and V_1 is the approximation of the biggest eigenvalue and the normalized vector Vk
is the corresponding eigenvector. The next largest eigenvalue and eigenvector can be found in the
same way but using the residue covariance matrix, S1, obtained by
S1 = S - x ei eT (2.3)
where 6jT is the transpose of 51. Repeating the above procedure can find as many eigenvalues and
eigenvectors as required. The details of this method can be found in Wang (1984). The noise level
(6A) of an eigenvalue A is estimated by the equation (Kendall, 1980; North et al., 1982)
2A = (2.4)
where N is the sampling number.
The SSTs from 1961 to 1990 were used in the EOF calculations. The explained variances by
the first five modes are listed in Table 2.1. The first EOF mode (EOF 1) explains 15.1% of the total
variance with possible error of i .1%. It is significantly different from the second mode (EOF 2),
which explains 4.6% of the total variance and is also distinguished from the third. The variance
explained by other individual modes is less than 4% and will not be discussed further since the main
objective of this study is the influence of SST on the atmospheric temperature, not the detailed SST
modes.
Table 2.1: Variances explained by first five interannual SST modes and possible errors.
mode variance (%) error (%)
1 15.1 1.1
2 4.6 0.3
3 3.5 0.3
4 2.5 0.2
5 2.2 0.2
The components of the first EOF modes are shown in Figure 2.7a. In the Pacific, the regional
distribution of this mode is the "El Nifio" mode defined by Weare et al. (1976). Strictly speaking,
this definition is not appropriate since the positive and negative signs of the components and time
series of an EOF mode are arbitrary, but we still use this and similar terminologies in the sense
that the mode is related to the El Nifno or La Nifia phenomena. The main feature of this mode is a
"butterfly" (Newell and Wu, 1992). The body of the butterfly is a broad area of positive components
in the TEP region; and the wings are areas with negative components in the TWP and subtropical
Pacific regions. The magnitude of positive components at the central part of the body is about 5 - 10
times larger than that of negative ones at its wings. In the Atlantic and Indian Ocean, the sign of the
components is the same as that in the TEP, but the magnitude of the components is only about one
tenth of that in the TEP. The time series of the EOF 1 is shown in the top panel of Figure 2.8. Since
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Figure 2-7: The regional distribution of interannual SST EOF mode 1 (a) and mode 2 (b).
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Figure 2-8: The time series of interannual SST EOF mode 1 and 2.
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an eigenvector can be interpreted as a "weighting function" (Verstraete, 1978) which gives each
anomaly a weight in the calculation of its time series, the time variation of this mode is dominated
by the SST anomalies in the TEP region. The peaks and valleys on the time series correspond to
the El Nifio and La Nifia events.
The components of the second eigenvector are shown in Figure 2.7b. In the TEP, positive
components occur in a triangle-shape area whose base is the coast of South America and vertex is at
170'W on the equator; the maximum is along the coast. Outside this triangle, negative components
are dominant. Compared with EOF 1, this eigenvector is relatively smooth (i.e., less contrast
between positive and negative components) except near the coasts of northern South America; the
magnitude of the components is close to each other in most tropical regions. The time series of
this mode is shown in the bottom panel of Figure 2.8. All peaks on the time series correspond to
El Niio events, but not every El Nifio event shows a peak in the time series. The peaks in 1965,
1972, and 1976 were 4-6 months ahead of the peaks on the time series of EOF 1, while the peak in
1982-83 occurred in the same month on both time series. In 1976, the peak of EOF 2 is even higher
than that of EOF 1, which is unusual. In 1963, 1969, and 1987 El Nifio years, EOF 2 does not show
clear peaks. Three out of the four El Niios (1965, 1972 and 1982-83) are strong events when there
are peaks in the time series of EOF 2, whereas all El Ninos in 1963, 1969 and 1987 are weak El
Niio events when there are no peaks on the time series of EOF 2. Unlike other El Niios, the 1976
El Niio is dominated by the EOF 2 rather than the EOF 1 (Figure 2.8).
2.4 Mode change of interannual variations
The time series of first EOF mode (Figure 2.8) show a clear discontinuity around 1976. Its pre-1976
part differs from the part after 1976 in two ways. First, the base state has shifted. The mean of 1977-
90 period is 10% higher than the mean of 1961-76 period if measured by the amplitude of the time
series. This difference is above the 99% significance level according to the student-t test (WMO,
1971). In the test, the method of Angell (1981) and Newell et al. (1982) was used to obtain the
independent observation number since there is apparent auto-correlation in the time series. Second,
the form of fluctuation has changed. Before 1976, the time series is constituted by clear peak -
valley (El Niio - La Nina) oscillations, but in the later period, the oscillations have been weakened
notably, and the La Nifia part of an oscillation is much weaker than before. This discontinuity
suggests a mode change of the SST variations. Since the key area of the first EOF mode is in the
TEP region, this mode change implies that the SSTs in this region have been in a different regime.
This mode change, if real, would be reflected in the tropical tropospheric temperatures since the
SSTs in the TEP are closely related to the MSU interannual variations (Newell and Wu, 1992).
Therefore this mode change is worthy of further investigation.
Is the discontinuity of SST variations around 1976 a real mode change or an artifact of data
processing? The following examinations are aimed at this question:
1. EOF analyses for the periods of 1961-76 and 1977-90 are made separately.
2. Actual SST observations and possible errors related to missing data are examined.
3. Changes of other variables are investigated
4. Previous works are studied.
2.4.1 Separated EOF analyses for the periods 1961-76 and 1977-90
Since the time series of an eigenmode is the product of the deviation matrix and the eigenvector
matrix, the change of geographical distribution of the eigenvector would affect the time series even
if the deviation matrix remains the same. Therefore, EOF analysis is applied to the SSTs in the
1961-76 and 1977-90 sub-periods separately to examine whether the key region has changed since
1976. The first eigenvectors for the two sub-periods are shown in Figure 2.9a-b. Their geographic
distributions are very close to each other, and also very close to the distribution for the 1961-90
period (Figure 2.7a). The area of maximum components remains in the TEP region during the whole
period. There are some differences between the second EOF modes (Figure 2. 1Oa-b). The regional
distribution of the EOF 2 for the 1961-76 period is similar to that of the whole period shown in
Figure 2.7b. The maximum weighting function is located in the upwelling area in the TEP region.
But the EOF mode 2 for the 1977-90 period is quite different from that for the early period. The
upwelling area in the TEP does not play a dominant role and in fact it is difficult to determine a key
area in this mode. However the variance explained by the second mode is also about one third of
that of the first mode (Table 2.1), even for the two sub-periods. Therefore, the discontinuity shown
in Figure 2.8 is not caused by the change of geographic distribution of the second mode during the
two sub-periods.
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Figure 2-9: Regional distribution of EOF 1 for the 1961-76 and 1977-90 periods separately.
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Figure 2-10: Regional distribution of EOF 2 for the 1961-76 and 1977-90 periods separately.
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Figure 2-11: Top (a): The changes of SST (0C) between the cool years during the 1961-76 and 1977-90 period. The
cool periods before 1976 include 3/64-1/65, 7/67-6/68, and 3/70-12/71; the cool periods after 1976 include 4/78-11/78,
7/80-9/81, and 1/85-3/86.
Bottom (b): The changes of SST (* C) between the El Nifno and La Nifna events during the 1949-1990 period. The El Nifio
periods include 4/57-1/58, 5/65-1/66, 6/72-2/73, 6/76-12/76, 8/82-8/83, and 11/86-12/87; the La Nifna periods include
4/64-7/64, 9/67-1/68, 6/70-2/71, 11/73-3/74, 10/75-1/76, 3/78-10/78, 1/85-9/85, and 5/88-1/89.
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2.4.2 Actual SST observations
If the discontinuity in the EOF analysis is true, the observed SSTs in the 1977-90 period should
be higher than that in the 1961-76 period in most of the tropical oceans according to Figure 2.7a.
The SST difference between these two periods is direct evidence for the existence of discontinuity.
Since the discontinuity is manifested by very weak La Nifia events after 1976, the comparison
between the cool SST periods would be more obvious than that between the whole 1961-76 and
1977-90 periods. Therefore three cool SST periods before 1976 are selected; their averaged SST
anomalies are compared with the anomalies obtained from the three cool periods after 1976. In the
selected periods, the SST anomalies need to be negative in the area of 10'S - 0', 120 - 80'W for
at least six months. However the following results are not sensitive to selected periods as long as
the comparison is conducted between La Nifia events. The difference of SST anomalies is given
in Figure 2.11a, together with the statistical significance level (WMO, 1971). The difference is
given on the global scale in order to determine whether the change, if any, is limited to the tropics.
In the TEP region, the SSTs in the second period have increased by 0.4 - 0.60C; this increase is
above the 95% significance level in most of this region. In the tropical Atlantic and Indian Ocean,
the increase of SST in the second period is about 0.2 C, below the 95% significance level in most
areas. In the TWP region, the SSTs have decreased in its southeastern and northeastern parts, but
slightly increased elsewhere; most of these SST changes do not pass the 95% significance level. As
a whole, the actual SST changes in the tropics are consistent with the EOF results.
In the middle latitudes, the remarkable changes are the spatially coherent SST decrease in the
central North Pacific (CNP) and increase in the southern Indian Ocean (SIO). The decrease in
the CNP is above the 95% significance level; the maximum SST change is more than 1CC. This
decrease is accompanied by an SST increase in the Gulf of Alaska, which is also above the 95%
significance level. The increase of SSTs in the SIO region ranges from 0.4 C to 0.6'C and passes
the 95% significance level. In the South Atlantic, the SSTs have increased, but the SST changes are
less organized and their significance level is lower than that in the SIO region. The SST changes in
other regions are less than 0.2'C. From Figure 2.1 la, one can find that the actual SST observations
do show significant changes between the 1961-76 and 1977-90 periods, and that the changes are of
global scale.
Although Figure 2.1 la shows the SST difference between the composite La Niia periods before
and after 1976, it resembles closely Figure 2.1 lb which shows the SST changes between the El Nifio
and the La Nifia events during the 1949-90 period. From La Nifia to El Nifno the SSTs increased
in the TEP and along the west coast of North America and decreased in the central North Pacific,
to the north and east of New Zealand, and in the TWP. In the tropical western Indian Ocean, the
SSTs during the El Nifio period increased although the increases were usually less than 0.5 C. The
resemblance between Figures 2.11 a and 2.11 b suggests the existence of an extended El Nifio event.
The discontinuity of SSTs are further illustrated by the time series of SST anomalies in two
tropical Pacific regions, one in the TWP region and the other in the TEP region (Figure 2.12). After
1976, the majority of SST anomalies are above the zero line, and the La Nifia events are much
weaker than before. The time series of the SSTs in the TEP resembles that of EOF 1 in Figure 2.8;
both time series show an apparent discontinuity around 1976.
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Figure 2-12: The time series of SST anomalies in the tropical western and eastern Pacific.
The time series in Figure 2.12 are based on the regional averages. Any change of observation
numbers would affect the regional average. Most SST data are obtained from the voluntary ships;
the change of observation numbers is inevitable. In order to estimate the possible effect of this
change on the time series, two comparisons are listed in Table 2.2. The first comparison is between
December 1975 and July 1976, just before and after the jump on the time series in Figure 2.12.
The averaged SST anomaly difference between these two months would be 2.85 C if the average
is taken over the 78 grids where the SSTs were measured in both months. Including the 8 grids
where the SSTs were measured only in December 1975 would reduce the difference by 0.09 C,
while including the 12 grids where the SSTs were measured only in July 1976 would increase the
difference by 0.20C. Including both the 8 grid and the 12 grids would increase the difference by
0.290C, which is only about 10% of the mean difference (2.85'C). The second comparison is
between August 1981 and December 1975, two minimum SST anomaly months between El Niio
events. In this comparison, the total change of the difference due to including the observations
only in one month is about 5% of the mean difference. Such comparison has been conducted for
many cases, the results are similar. The discontinuity is not likely to be caused by the change of
observation numbers.
Table 2.2: Possible errors related to the changes of observation numbers. The compared area is in the TEP region
(100S-0*, 120 - 80'W). Column I is the regional mean difference averaged over the grids where the SSTs were observed
in both months. Column II is the change of the regional mean caused by including the grids where SSTs were observed
only in December 1975. Column III in the change of the regional mean caused by including the grids where the SSTs
were observed only in July 1976 or August 1981.
REGION Dec. 1975 v. Jul. 1976 Dec. 1975 v. Aug. 1981
I II III I II III
Number of Obs. 78 8 12 81 6 12
Mean SST anomaly (C) 2.85 -0.92 1.53 0.90 -1.74 -0.48
Possible error (C) - -0.09 0.20 - -0.06 -0.04
2.4.3 Changes of other related variables
When the SST changes, other related variables should show consistent changes; these variables, if
measured independently, can verify the SST changes. One such variable is the water vapor at the
ocean surface (see chapter 5). The relative humidity is almost constant at the oceanic surface; and
therefore according to the Clausius Clapeyron equation, the SST change would be reflected by the
water vapor change at the ocean surface. The time series of the first EOF mode of the water vapor is
shown in Figure 5.12. This time series is almost identical to that of SSTs (Figure 2.8) although the
water vapor is calculated using the air temperature and dewpoint which have no connections with
SSTs.
Since the air temperature changes in the tropical region is closely related to the SST changes
in the TEP (see Chapter 4), the mode change, if true, would manifests itself in the air temperature
changes. The land surface temperatures (Hansen and Lebedeff', 1987) between 23.6 S and 23.6'N
are shown in Figure 2.13a. The mode change around 1976 is obvious on the time series. The
temperature anomalies stay above zero line in more than 90% of the total months after 1976. The
shape of time series is very similar to that of the first interannual EOF mode in Figure 2.8.
Another independent measurement is the sea level pressure (SLP), which also can reflect the
SST changes in the tropics. The pressure difference between the TWP and TEP regions is given
in Figure 2.13b. The difference is in fact the same as the conventional SOI index except using
the SLPs over broad oceanic areas instead of the SLPs at some stations and reversing the order of
subtraction. The discontinuity around 1976 also appears on the time series of the SLP difference.
After 1976, the SLP difference shows a bias towards the positive; the bias is caused by the SLP
increase in the TWP and the SLP decrease in the TEP. The west-east pressure difference during the
La Nifia events after 1976 did not drop to its previous La Nifia level. During the pre-1976 La Nifia
events, the pressure in the TWP region is about 1 - 2 hPa lower than that in the TEP, but after 1976,
the pressures in the TWP and TEP are almost equal during the La Nifia events.
Precipitation also suggests a mode change around 1976. The discharge of the Trombetas River,
a tributary of the Amazon River, from 1971 to 1989 is shown in Figure 2.13c (after Eagleson, 1994).
The discharge after 1976 is below normal for most of the 1971-90 period. The discontinuity around
1976 is obvious. Furthermore the phase of the discharge has been shifted several months behind
that of SOI after 1976 while in the early period the discharge and the SIO are almost in phase.
2.4.4 Previous works
The mode change has already appeared in Hsiung and Newell's (1983, HN) results (their figure
4a), but the data they used stopped in 1979; and therefore it was too early for them at that time to
tell whether the change around 1976 is a mode change or a normal oscillation. Following HN's
results and using the SST data during the 1951-87 period, Nitta and Yamada (1989, NY) identified
the "decade-scale" variations of global SSTs. The time series of their EOF 1 is very close to that
in Figure 2.8 although the global SSTs were used in NY's work and the tropical SSTs in this work.
Their time series also shows a sudden change around 1976 and a shift of base line thereafter. Using
radiosonde observations, Gaffen et al. (1991) found a similar mode change in the water vapor data
(e.g., their figure 4). Trenberth (1990) found an interdecadal change of the mean sea level pressure
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Figure 2-13: Land surface temperature between 23.6*S-23.6*N (a:top), El Ni50o index (pressure difference between
the TWP and TEP, b:middle) and the discharge of the Trombetas River which is a tributary of the Amazon River (c:bottom,
from Eagleson, 1994).
in the North Pacific (his figure 2). Recent analyses by Oort (1992) also showed a mode change
of air temperature and water vapor in both hemispheres (his figure 3 - 4); furthermore, his results
indicate that this mode change becomes clearer in the upper troposphere than at the surface. Using
the COADS and outgoing long wave radiation data, Graham (1994) found similar changes.
The above results show that the discontinuity of SST variations in Figure 2.8 is a real phe-
nomenon. The mode of SST variations during the last 20 years has changed. The mode change has
three main features: warm SST in the TEP, cool SST in the CNP, and warm SST in the SIO.
2.5 Possible causes of the mode change
The immediate question is the cause of this mode change. The factors controlling SST changes
are the heat fluxes at the oceanic surface and the advection within the oceans. The heat fluxes (see
details in Chapter 3) will be examined first to find whether they have significantly changed between
these two periods; then the wind and pressure fields will be investigated for the same purpose; and
finally the SST advection and Ekman transport related to the wind changes will be calculated to
estimate the possible effect of horizontal advection on the SST changes.
2.5.1 Heat fluxes
The differences of surface heat flux anomalies between three La Nifia periods before 1976 and three
La Nifia periods after 1976 are examined. These periods are the same as those used in Figure 2.11 a.
The change of net heat flux (QN) is shown in Figure 2.14. QN has increased in the later period by
about 10 - 15Wm- 2 over most of the tropical eastern Pacific. Examining each component of QN
one can find that the increase is caused mainly by the decrease of latent heat loss. Tracking this
down further one can find that the decrease of QL is related to the increase of humidity. However
the changes of QN and QL do not pass the 95% significance level except in some very limited
areas. The change of solar radiative flux is less than 5 Wm- 2 in most regions and does not pass the
95% significance level. The outgoing long wave and sensible heat fluxes have not shown significant
changes (2 - 3 Wm- 2 in most regions). As a whole, the mode change is not well characterized by
the heat flux variations.
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Figure 2-14: Same as Figure 2.1 la except for the changes of the net heat flux at the oceanic surface (unit: Wm-2).
2.5.2 Wind and pressure fields
The difference of wind between the two periods (the same as those used in Figure 2.1 la) is shown
in Figure 2.15. The changes of wind are coherent over the areas with significant SST changes
although they are noisy over most oceans. Over the northern North Pacific, cyclonic circulation
has strengthened after 1976; the westerlies from 25'N to 40'N over the central North Pacific have
increased by about 1 ms- 1, and the south-easterlies over the Alaska Current have increased even
more. Over the southern Indian Ocean, anticyclonic circulation has strengthened although it is not
as coherent as the cyclonic circulation in the North Pacific. The north wind east of Madagascar is
about 1 ms-1 stronger in the later period. The southeast wind to the east of Australia and New
Guinea also show spatially coherent increases. In the North Atlantic, a well developed anticyclonic
circulation is accompanied by a cyclonic circulation in its north.
The pressure change (Figure 2.16) is spatially coherent, and it is consistent with the wind
change. The change is of the global scale. After 1976, the sea level pressures have decreased over
the oceans between 170'E and 70*W for nearly all latitudes and over the central North Atlantic,
but increased over the rest of oceans. The decreases of the Aleutian Low and South Pacific High
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Figure 2-16: Same as Figure 2.1 la except for the changes of sea level pressure.
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Figure 2-15: Same as Figure 2.1 la except for the changes of sea surface wind.
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are the largest; the Aleutian Low has deepened by more than 2 hPa, and the South Pacific High
lowered by 1 - 1.5 hPa. The increase is relatively uniform, about 0.5 hPa except the subantarctic
region. The time series of SLP anomalies in the CNP and SIO regions are given in Figure 2.17.
The 12-month running mean pressure anomalies in the CNP (top panel) began to drop in 1974 and
remained below zero from 1975 to 1987, while the anomalies in the SIO did the opposite (bottom
panel). The mean pressure after 1976 is about 1 hPa lower than that before in the CNP region, but
it is about 0.5 hPa higher in the SIO region. In general, both wind and pressure fields are consistent
with the SST mode change.
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Figure 2-17: The anomalies of sea level pressure over the central North Pacific (top) and the subtropical high in the
Indian Ocean (bottom).
2.5.3 Ekman transport and SST advection
The effect of wind change on the SST can be estimated by the Ekman transport and related
temperature advection. The total temperature advection in a whole column can not be calculated
because of the lack of vertical temperature data and ocean current profile in most of the oceans,
but the total Ekman transport can still provide useful information about the SST change since the
direction of temperature gradient is generally known. The total Ekman transport is calculated using
the equations (Pond and Pickard, 1983)
MxE = ry/f (2.5)
MyE = -rx (2.6)
where MXE and MyE are the Ekman transport and rx and ry are the surface wind stress in the x
(west-east) and y (south-north) directions, respectively. f is the parameter of Coriolis force. The
wind stress needed in the above equations is obtained by the equations (Hellerman and Rosenstein,
1983):
TF PaCdWV (2.7)
cs 0.934 x 10~3 + 0.788w x 10-4 + 0.868AT x 10-4 - 0.616w2 x 10-6
-0.12(AT) 2 x 10-' - 0.214wAT x 10-' (2.8)
where Pa is the air density; w the scalar wind; V the vector wind. Cd is the drag coefficient at the
oceanic surface, which is a function of wind speed and a stability parameter-AT (air temperature
subtracting SST).
The difference of south-north (S-N) Ekman transport between the cool periods before and after
1976 (as in Figure 2.11a) is shown in Figure 2.18a. The agreement between the transport and
the SST changes is remarkable in the North Pacific. The southward transport in the central North
Pacific and the northward transport in the Gulf of Alaska correspond with the SST changes there
so well that even the positions of their extremes and their coverage are almost identical. In the
TEP region, the total transport away from the equator is enhanced after 1976, which would bring
more warm water to the higher latitudes outside of the cool tongue area near the equator (i50) and
the SST changes there are consistent with the transport changes; near the equator, because of the
SSTs increase away from the equator due to the cool tongue, the temperature changes caused by the
enhanced transport are determined by the vertical structure of sea water temperature and no data
are available to check the vertical integrated temperature advection. Similar to the TEP region, the
Ekman transport away from the equator is also enhanced in the southern tropical Indian Ocean. The
west-east (W-E) Ekman transport is also calculated and given in Figure 2.18b since the W-E SST
gradient is not negligible in some regions (Figure 2.2). In northern middle latitudes, the eastward
transport (positive) has increased in the Atlantic and eastern North Pacific after 1976. The SSTs in
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Figure 2-18: Same as Figure 2.11 a except for the changes of south-north (a, top) and west-east (b, bottom) Ekman
transport (unit: kg(m - s)-1).
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these areas usually increase eastward (see Figure A.2 in Appendix A) and therefore the eastward
transport tends to cool the SSTs there. In the tropics and southern middle latitudes, the change
is dominated by the enhanced westward transport (negative) after 1976. The magnitude of W-E
transport changes is about half of the change of S-N transport.
From Figure 2.18, it is quite certain that the SST advection related to the Ekman transport in
the central North Pacific would results in cool SSTs there since the southward transport is quite
strong and SSTs are lower in the north. However the net effect of the Ekman transport in the Alaska
current region is not obvious: The northward transport in Figure 2.18a would bring warm water
from south to this region while the eastward transport in Figure 2.18b would bring in relative cool
water from east. The SST advection needs to be calculated in order to estimate the net effect of the
S-N and W-E transports. However the sub-surface sea temperature is not available, only the surface
advection can be estimated, which still can qualitatively reflect the net effect. The SST advection at
the surface is calculated using the equation
aSST -
at V - SST (2.9)
where V is the Ekman surface current. The west-east (uE) and south-north (VE) components of VO
are calculated using the equations
UE = vo sin(a + 1800 i 450) (2.10)
VE = vo cos( + 180 4 450 ) (2.11)
where a is the wind direction with the minus sign for the southern hemisphere and v, is the magnitude
of the Ekman surface current. These two equations are the revision of the conventional Ekman
solution, and they are more convenient for using operational wind observations. Theoretically vo
can be calculated using the equation
vo = f27T(2.12)DEp I
where T is the surface wind stress, DE the Ekman depth, and p sea water density. The difficulty
of using equation 2.12 comes from the Ekman depth, DE, which depends on eddy viscosity and
latitude and is available for the global oceans. Based on the observations, Ekman derived an
empirical equation (Sverdrup et al., 1942)
0.0127w
vo = Vsin(1|#|) (2.13)
to relate vo to the surface wind (w) over the oceans 100 away from the equator; # in this equation
is latitude. The results from equations 2.13 has been tested by and are in fairly agreement with
observations (Sverdrup et al, 1942; Neumann and Pierson, 1966). Since we only want to qualitatively
estimate the net effect of the Ekman transport, this empirical equation is still suitable for our purpose.
In the calculation of the surface SST advection, the wind and SST data are from the COADS.
No calculation is done within t100 of the equator since equation 2.13 is not valid in this region.
The difference of SST advection is given in Figure 2.19 for the same periods as used in Figure
2.11 a. Comparing Figure 2.19 with Figure 2.18 one can find that the Ekman transport reflects the
SST changes in Figure 2.1 la better than the surface Ekman SST advection does. However Figure
2.19 still shows features consistent with the SST mode changes. In the North Pacific, the changes of
SST advection (Figure 2.19) agree well with the SST changes (Figure 2.1 1a). In the central North
Pacific, the negative SST advection has increased after 1976, which is consistent with the SST
decreases in the same period. The center of enhanced advection area fits with that of the negative
SST changes. The increase of positive SST advection in the Alaska Current is also consistent
with the SST increase there. In the South Pacific, the negative SST advection has increased from
the eastern coast of Australia to about 150'W, which agrees with the SST decrease there (Figure
2.1 1a). However, in the eastern South Pacific, the change of advection is not consistent with the SST
changes. In the Indian Ocean, the areas of increasing positive advection agree in general with the
increases of SST. The maximum SST change southeast of Madagascar (Figure 2.1 1a) fits with the
maximum advection there, but the areas of enhanced negative advection in the southeastern Indian
Ocean do not agree with the SST increases there. In the Atlantic, the SST advection does not show a
close relationship with SST changes. In general, the SST advection in Figure 2.19 reflects the effect
of the Ekman transport in Figure 2.18 on the SST changes between the two periods. Considering
the fact that the SST advection given in Figure 2.19 is only for the surface Ekman current, the
agreement between the advection and the SST changes is still quite encouraging.
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Figure 2-19: Same as Figure 2.1lla except for the changes of the SST advection caused by the surface Ekman drift
(unit: 10 2 *C).
2.5.4 Roles of the oceans at high latitude in the southern hemisphere
The SSTs in the TEP are probably also affected by the southern high latitude oceans (the Antarctic
oceans). The change of SSTs in the TEP is a major component of the ENSO phenomenon.
Although El Ninio is limited to the tropics, the Southern Oscillation is not. This oscillation is now
considered to be a pressure sway between the tropical eastern South Pacific and the tropical eastern
Indian Ocean. However the original Southern Oscillation discussed by Walker (1923, 1924) held
much broader contents than it does now. Walker examined the relationships between 17 pressure
centers, 6 precipitation centers and two temperature centers over the globe. He summarized the
relationships between them by using the oscillations between two groups of centers-the Southern
Oscillation. Walker's original Southern Oscillation includes not only the pressure but also rainfall
and temperature centers; furthermore, these centers are located in the tropics as well as in middle
and high latitudes. Walker (1923) even suggested that the origin of the Southern Oscillation may
be in Antarctic.
The SSTs in the TEP can be affected by the southern oceans through oceanic currents; they can
be also affected by other oceans since the southern high latitude oceans are the "ocean channel"
which links the Pacific, Atlantic and Indian Oceans together. The ocean channel does show an
interesting change in the recent period: The sea ice has been significantly reduced after 1975.
Figure 2.20 is the time series of the sea ice in the oceans south of 34'S since 1973. The sea ice data
are from the National Snow & Ice Data Center (Walsh and Johnson, 1978). The coverage of sea ice
shows a decreasing tendency from the beginning of the data to about 1976-77. The coverage of sea
ice was reduced by about 2 x 106km 2 from 1973 to 1977, which is a considerable decrease relative
to the mean total ice coverage of about 11 x 106km 2. A rapid decrease occurred in 1975-76. Since
then the sea ice coverage has not returned to its previous level; the averaged coverage after 1976 is
about 1 x 106km 2 less than its pre-1976 level.
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Figure 2-20: Time series of sea ice anomalies in the oceans south of 34'S (unit: 106 km2).
How the sea ice in the southern oceans affects the SSTs in low latitudes is complicated and still
not clear. Sea ice can effectively reduce the latent and sensible heat loss of the ocean but also reflect
large amount of solar radiation entering the ocean (Gordon and Taylor, 1975); its net effect on SST
is not straightforward. The lag correlation coefficients between the coverage of Antarctic sea ice and
the zonally averaged SST between 40 - 70'S is shown in Figure 2.21a. The calculation is based
on the monthly data for the 1973-90 period (216 months). The dash line is the 95% significance
level for a sample number of 69, which is the effective number of observations after taking off the
effect of auto-correlation following the method used by Newell and Wu (1992). In general the SST
in southern high latitudes is negatively correlated to Antarctic sea ice. The correlation coefficient is
above the 95% significance level during two periods, one around the lag time of 20 months and the
other around of 32 months (lag on SST, i.e., sea ice affecting later SST).
The lag correlation coefficient between the SST at southern high latitudes and the SST in the
TEP is shown in Figure 2.21b. In general the SST in the TEP is positively correlated to the SST
at southern high latitudes about one to three years earlier, but the coefficient only reaches the 95%
significance level at the lag time of 24 month. However this 95% significance level is for an
independent sample number of 48, which is the effective observation number for these two SST
time series. This significance level is quite strict for a time series of 216 samples. A Monte Carlo
method (Sachs, 1985) has been applied to two random time series with 216 sampling points to test
the noise level at various lags. The results of 1000 times show that the square root of the mean
square of correlation coefficients is about 0.07 at different lags (up to 60) and that the chance is
3% for the coefficient above 0.16 and 0.4% for the coefficient above 0.20. Therefore the positive
correlation around the 24-month lag in Figure 2.21b is not likely caused by pure chance and is still
worth consideration. The direct correlation between Antarctic sea ice and the SST in the TEP has
been analyzed; no close relationship has been found. Figure 2.21 suggests that Antarctic sea ice
affects the SST in the southern high latitude oceans and then the high latitude oceans affect the
SST in the TEP. Although the above statistic results indicate that there are connections between
Antarctic sea ice, the SST in the southern oceans, and the SST in the TEP, it is very difficult to make
a quantitative calculation to verify such connections due to the lack of more detailed sea temperature
and oceanic current observations.
2.5.5 Possible physical processes for the mode change
Oceanic transport is probably the most important process to cause the SST mode change around
1976 although the quantitative SST changes related to this process are difficult to obtain. The
involved advection is schematically summarized in Figure 2.22. Increasing cool water advection in
the central North Pacific and western South Pacific after 1976 causes the lower SST there, while the
enhanced warm water advection results in the higher SSTs in the tropical eastern Pacific, Gulf of
Alaska, and the regions of sub-tropical Highs in the Indian Ocean and South Atlantic. The reduced
Antarctic sea ice after 1976 may also contribute to the SST increase in the TEP region.
The changes of advection are the oceanic response to the changed surface wind field, which is
further related to the sea level pressure field. The pressure difference between the periods of 1977-90
and 1961-76 suggests a prolonged Southern Oscillation (Figure 2.16). According to Walker (1924),
the Southern Oscillation is the swaying of two groups of action centers in the Pacific and Indian
Oceans. The recent mode change suggests that there might exist an oscillation between the eastern
and western hemispheres in a time scale much longer than that of the present Southern Oscillation.
The past and future of such mode change is an interesting question. Figure 2.23 puts the present
mode change in a longer time domain. The figure shows the time series of SSTs in the TEP region
from 1857 to 1994. The SST is from the GOSTA. The time series suggests that a similar mode
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Figure 2-21: a(top): Lag correlation coefficient between Antarctic sea ice and the SST in latitudes of 40 - 70*S.
Lag is on SST, that is, sea ice affects the SST in later months. Thick dot-dash line is 95% significance level base on the
effective observation number (69). b(bottom): Same as (a) but between the SST in latitudes of 40 - 70'S and the SST
in the TEP. Lag is on the SST in the TEP.
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Figure 2-22: Schematic diagram of possible SST advection related to the recent SST mode change. Shaded arrow
represents cool water advection and outline arrow warm water advection. Ellipse with a H in it represents the subtropical
high.
change might have happened during the period of 1925 - 1945. La Nifia phenomena were not
active during that period. The pressure variations in the northern North Pacific (Figure 2.24) were
consistent with the possible mode change; the pressures remained below normal, which is a typical
phenomenon accompanied with the warm SST in the TEP. The time series also suggests that the
present mode is fading: The La Nifia is gradually recovering and the El Niflo weakening.
2.6 Summary
The SST variations in the TEP are not only the largest, but also the most coherent in the entire
tropics. The key region of first two interannual EOF modes is in this region. The SST variations
in the tropics are dominated by the SST changes in the TEP. The most important property of the
SST variations in the TEP is their long persistence and spatial coherence. The SST anomalies
in this region can remain for several months over a broad area. Large, persistent, and spatially
coherent SST anomalies in the TEP region can affect the atmosphere efficiently. On the other hand,
the SST variations in the TWP region behave in an entirely opposite manner; both their seasonal
and interannual variations are the smallest in the tropical regions, and the variations are short-lived
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Figure 2-23: The SST anomalies in the tropical eastern Pacific from 1857 to 1990.
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Figure 2-24: Same as Figure 2.23 except for the anomalies of sea level pressure.
and spatially chaotic. The TWP region is not important when the variation of air temperatures is
concerned although this region is critical for maintaining the mean air temperatures in the tropical
troposphere.
The first interannual EOF mode of tropical SSTs is a typical El Niio mode. The second
interannual EOF mode is a supplementary El Nifio mode. An El Niio event is usually determined
by the first mode; when the peaks of two modes are in phase, the El Nifio is likely a strong one, and
vice versa. It is also possible that an El Nifio event is dominated by the second mode, such as the
one in 1976.
The SSTs in the tropical regions underwent a mode change around 1976. The SSTs in the TEP
in the present mode are about 0.50C higher than that in the previous mode. This mode change
would be reflected in the tropical air temperatures, which are closely related to the SSTs in the TEP
region. The SST mode change is of the global scale. The main features of this mode change are the
cool SSTs in the central North Pacific and western South Pacific, and the warm SSTs in the eastern
tropical Pacific and in the area of sub-tropical High in the Indian Ocean. There is evidence showing
that this mode change is mainly caused by the changes of oceanic transport which are further related
to the altered wind field. The reduced Antarctic sea ice may also contribute to the mode change.
During the mode change, the pressure field went through an west-east sway: lowering the pressures
from the Aleutian Low in the North Pacific to the sub-tropical High in the South Pacific and raising
the pressures in the Indian Ocean and Atlantic Ocean. The reduced Antarctic sea ice may trigger
the mode change. A similar mode change may have occurred during the 1920's - 1940's.
Chapter 3
Heat Fluxes over the Global Oceans
3.1 Introduction
Chapter 2 has demonstrated that the variability of tropical SSTs is dominated by the SST variations
in the TEP region. But the SST itself has no influence on the atmosphere; it can only affect the
heat fluxes at the oceanic surface, including the latent and sensible heat fluxes and the long wave
radiation; through these fluxes the ocean communicates with the atmosphere. It is not clear how
these fluxes vary during a warm SST year. Although there have been several calculations (Esbensen
and Kushnir, 1981; Hsiung, 1986), they are only for climatology, and no time variations can be
derived. In this chapter, these fluxes will be calculated on the monthly basis. Their spatial and
temporal variations will be analyzed to find out how these heat fluxes change with the SST. The
changes are then used to drive the Gill-type model in Chapter 4.
The energy flux at the oceanic surface is composed of four components: the latent and sensible
heat fluxes, the long wave radiation, and the solar radiation. The latent heat flux (QL) and the
sensible heat (QfH) are commonly calculated using the conventional bulk equations:
QL = pLceu(qs - qa) (3.1)
Q H =pCpChu(Ts - Ta) (3.2)
where p is the density of air; c, the isobaric specific heat of air; L latent heat of evaporation. u, Ta,
and qa are wind speed, temperature, and specific humidity of air at the surface, respectively. T, is
the sea surface temperature and q, the saturated specific humidity at T. Ch and ce are the transfer
coefficients of sensible and latent heat fluxes, respectively; they are the functions of wind speed and
stability. Ch is taken from Isemer and Hasse (1988). The ce in the neutral-stability condition is from
Large and Pond (1982); the values in the other conditions are adjusted following the way of Isemer
and Hasse (1987). The reason for using the ce of Large and Pond is because their coefficient results
in a better water balance. The virtual temperature is used in determining the transfer coefficients.
Net long wave radiation, Qo, is calculated using the formula (Budyko, 1963)
Qo = cTa(a1 - a2/e)(1 - a3n') + 4caT23(T - Ta) (3.3)
where E is the emissivity of water (0.97); and o, is the Stefan-Boltzmann constant and equals
5.67 x 10-8J- 2K- 4. e is water vapor pressure in hPa; n the cloudiness in fractions of a unit.
a1, a2 and T are constants and equal 0.39, 0.05, and 2, respectively. a3 is the cloud coefficient
depending on latitude; the values from Budyko (1963, 1974) are used.
In fact only the above three components (QL, QH, and Qo) directly affect the heat balance in
the atmosphere, and only their values in the tropical regions are needed in this study. However it is
difficult to assess the quality of calculations of the individual heat flux or the calculations of all the
heat fluxes but on a regional scale because of the uncertainty of the parameters in these empirical
equations. In the above equations, ce, Ch, al, a2, a3, and T are all empirical values based on
regional experiments; much effort is still needed to find better values for these parameters (Isemer
and Hasse, 1988). For this reason, the solar radiation at the oceanic surface is also calculated, and
all the fluxes will be calculated over the global oceans. Then the net flux entering the oceans can
act as a constraint since these fluxes have to be balanced. Meanwhile, the global latent heat flux (or
the evaporation, E) can also be checked by the precipitation (P) and the river runoff (R) through the
equation
E = P + R. (3.4)
The net incoming solar radiation at the surface, QI, is calculated using Berliand's formula (Budyko,
1963; Esbensen and Kushnir, 1981)
Q, = So(1 - a)[1 - (a + bn)n] (3.5)
where So is the radiation received at the surface in clear sky. The values given by Budyko (1974)
in his table 3, which originate from Berliand, are used. a is the albedo of the surface; the values of
Payne (1972) are used. a and b are coefficients accounting for the cloud effect on the total radiation;
a is the function of latitude and is given by Budyko (1974) in his table 4; b is a constant and equals
0.38. This formula has been commented on by Reed (1977), who thought that it overestimates solar
radiation by 5-10% in the highest solar altitude and 20% in the lowest solar altitude. Reed suggested
the use of Seckel and Beaudry's formula (Seckel and Beaudry, 1973), but Reed's calculation ended
up with a net heat flux of about 100 Wm- 2 in the warm pool region, which is too large (Godfrey
and Lindstrom, 1989; Godfrey et al., 1989). Esbensen and Kushnir (1981) argued that as a whole,
Berliand's formula is reasonable.
The net heat flux entering the ocean, QN, is obtained by
QN = QI - QL - QH - QO (3.6)
The basic data used in the calculations of heat fluxes are Monthly Summaries Trimmed (MST)
of COADS release 1, which is updated to 1990 (Slutz, 1985; Woodruff, 1987). The data set includes
8 observed, and 11 derived variables which provide the products of u(q, - q,) and u(Ts - Ta) from
individual observations (see Chapter 2); these derived variables are very useful in the calculations
of latent and sensible heat fluxes. The data coverage over the globe is given in Figure 3.1, which is
the percentage of wind observations for the 1949-90 period. Almost all grids and all months were
sampled over the Pacific north of 20 N. The percentage of observations is about 50-80% over the
tropical region, 60 to 80% over the band between 20 to 400S. The region south of 300S and east of
130 0W in the South Pacific as well as most of the regions south of 40'S are poorly sampled; the
percentage of observation is less than 10% there. The data coverage is better over the Atlantic and
Indian Ocean than that over the Pacific. The data before 1949 are not used due to poor sampling.
3.2 Evaporation in light wind over warm water
Equation 3.1 is commonly used to calculate the latent heat flux and gives reasonable results in the
middle and high latitude, but this equation fails in the situation of low wind and warm SST, such as
over the warm pool in the TWP region. The latent heat flux measured in the tropical west Pacific at
zero wind speed is 25 Wm- 2 (Bradley et al., 1991). Newell et al. (1978) and Newell (1979, 1986)
proposed that net heat flux should be close to zero when the SST reaches its limit of 300C because
of the buffering of evaporation. Using the experimental data measured from the ship R/V Franklin,
Godfrey and Landstrom (1989) have shown that net heat flux is near zero at the sea surface near
New Guinea. The oceanic mixing and advection in the western equatorial Pacific are too weak to
70N ---- 70N
60N 60N
50N 5ON
40N 40N
30N 0 \ 30N
20N 20N
1ON 10N
10s 10S
020S -20S
30S 30S
40S 40S
50S * 50S
60S 60S
70 E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W W 40W 20W 0 70
Figure 3-1: Percentage of wind observations (unit: %).
carry away more heat flux than 10 Wm- 2. Current results are from 20 to 100 Wm- 2 (Esbensen
and Kushnir, 1981; Reed, 1985).
The problem of the bulk equation 3.1 is the neglect of the evaporation caused by the buoyancy
of boundary layer air. According to this equation, there would be no evaporation if there is no wind,
which is not true as long as the relative humidity is less than 100%. The bulk equation is based on
the formula (Lockwood, 1974)
og
Ez = -pkz - (3.7)Bz
where Ez is the water vapor flux in z-direction and 9q/9z is the vertical gradient of specific
humidity. kz is the eddy diffusivity for water vapor, and is determined by the vertical wind profile
on the proposition that the eddy diffusivity for water vapor is the same as that for the momentum.
Assuming the vertical wind profile near the surface follows the logarithmic distribution, the above
formula can be expressed in the form
Ez= -pce(u2 - u1)(2 - q) (3.8)
ce= ( n )2 (3.9)
zi +zO
where n is von Karman's constant. The bulk equation is the specific case of Equation 3.8 when u1
equals zero. The vertical transport of water vapor related to buoyancy is not included in the bulk
equation. In the warm pool region, where wind speed is the lowest and the SST is the highest over
the global oceans, the buoyancy effect on the evaporation is not negligible.
A fine adjustment of the latent heat flux in the light wind over the tropical oceans does matter
to the ECMWF model forecast (Miller et al., 1992). A new parameterization of evaporation, which
raises the latent heat flux from zero to about 25 Wm- 2 in the calm weather condition, can greatly
improve the model simulation, including the rainfall distribution, monsoon circulation, etc. The
zero-wind evaporation is included in the ECMWF model by using a modified bulk equation
E = Pce[U12 + W2]1/2(q, - qa) (3.10)
where w* is a modification to the horizontal wind speed to account for the effect of buoyancy on
the evaporation. The modification is related to buoyancy flux by
w, = {-zig(P W }1/3. (3.11)
p
zi in the equation is the height of the boundary layer; p' and w' are the perturbations of density and
vertical velocity at the surface. The ECMWF formulation is based more on physics than empiricism
and should be more reasonable, but the equation can not be used in the calculations using the data
like the COADS, which do not provide any information about the boundary layer height or the
perturbations of p' and w'.
Stelling in 1882 first formulated an equation to include evaporation in the calm weather condition
(Brutsaert, 1982):
E = As + Bou(e* - ea). (3.12)
where A, = 0.0702 and Bs = 0.00319. E is the evaporation in mm/(2 hrs); u the wind speed
in km/hr at 7.5 m above the surface; and e the water vapor pressure in mm Hg. This formula
is still widely used in engineering with various coefficients for A, and B, ((Brutsaert, 1982). We
will use this equation to calculate the latent heat flux in the light wind (u < 3ms-1) and warm
SST (> 28.5'C) condition. The coefficients need to be determined since the original ones are only
suitable for the continental area at high latitudes. The averaged values of q, - qa and T, - Ta in the
light wind and warm SST circumstances are 6.75 g(kg)- 1 and 2.23'C according to the COADS.
Adopting 25 Wm- 2 as the latent heat flux at zero wind condition, the coefficients As and B, should
be equal to 3.70 and 3.952, respectively; then the Stelling equation becomes
QL = (3.70 + 3.952u)(q, - qa) (3.13)
where QL is latent heat flux in Wm- 2; u and q are in m/s and g/kg.
To include the evaporation in the low wind and warm SST condition, Equation 2.1 is then
modified in this work as follows:
QL =f(3.70 + 3.952u)(q, - q,) if u < 3 m/s and SST > 28.51C (3.14)
pLceu(q. - qa) otherwise
3.2.1 Wind trend problem
The major difficulty for the calculations of heat fluxes over the oceans is not the formulae used in
the calculations but the input data for these formulae. Weare et al. (1981) and Reed (1985) used
identical equations but obtained quite different results; the net heat flux from Reed is about 100
Wm 2 in the warm pool region, about 40 Wm- 2 larger than Weare's. Although the COADS is the
best data set available, it has problems also. The data were extracted from many ship logs which
covered a period of more than a century from different countries. The techniques, instruments, and
methods of observations changed from time to time and from country to country. Inhomogeneity is
inevitable. The wind trend in the data set is a serious problem for heat flux evaluation, which could
shadow the usefulness of the time series of heat fluxes.
The geographical distribution of the wind trend obtained using the least square method is shown
in Figure 3.2a. It is obvious that the increasing trend existed globally. The wind speed over the
global oceans has increased during the 1949-87 period by at least 10% of it climatology. The
maximum increase is more than 2 ms- 1, occurring over the central North Pacific, which is about
20% of its climatology (about 9 ms- 1, see Figure 3.4b). In the tropical region, the increase is about
0.5 - 1.5 ms- 1. Over the Maritime Continent, the mean wind speed is about 4 - 5 ms- 1, but the
trend reached 1.5 - 2 ms-1 , more than 30% of its mean. Such large positive wind trend would
certainly result in the same percentage increase of evaporation since evaporation goes up almost
linearly with wind speed due to the nearly constant humidity at the ocean surface (see Figure 5.5).
Therefore the same amount increase of precipitation should be expected. But such an increase of
precipitation has not been reported. Although the debate about the reality of the trend is still going
on, the majority consider the trend to be an artifact mainly related to the wind speed transfer from
the Beaufort scale estimate to the anemometer measurement (Ramage, 1987; Cardone et al, 1990).
A detailed discussion about the trend and the adjustment of this trend is given in Appendix B.
The geographical distribution of the trend after the adjustment is given in Figure 3.2b. Compared
with Figure 3.2a, the trend is reduced by about 0.5 - 1 ms- 1. It is less than 0.5 ms-1 over the
Atlantic, the TEP, and the Indian Ocean north of 15'S. Between 35'N and 50'N in the North
Pacific, the trend is still above 1 ms- 1. This trend can not be attributed to the sampling problem
since the ratios of observations there are almost 100%. As pointed out in Chapter 2, the trend is
related to the recent SST mode change. The wind trend over the southwest of Indian Ocean is also
relatively large and may be related to the same SST mode change. A negative trend of 0.5 ms-1 in
the central tropical Pacific may reflect the weakness of the adjustment method, but it is also possible
that the decrease of wind speed there is also a part of the SST mode change since the negative trend
existed before the adjustment (Figure 3.2a).
The approach of adjusting wind speed can not be applied directly to the computation of heat
flux since we need to keep the advantage of the cross product of wind and water vapor. A ratio,
r=wadj /w where Wadj and w are the adjusted and unadjusted wind speed respectively, is calculated
first. The adjusted latent heat flux, QL, is then obtained by
QL =Q X r
where Q* is the latent heat flux computed from the derived variable u(q, - qa) in the COADS. No
correction is applied to the sensible heat flux since it is less than 10 Wm- 2 in the most regions.
3.3 Heat fluxes over global oceans
3.3.1 Latent heat flux
The annual means of heat fluxes are given in Figure 3.3 and 3.4, together with wind speed and the
difference of specific humidity between air and sea (q, - qa) since the latent heat flux is determined
by them. In the tropics, the annual mean of latent flux is about 120 Wm- 2 over the tropical Indian
Ocean and over the tropical western Pacific and Atlantic oceans. The minimum latent heat flux
occurs along the western coasts of continents. The latent heat flux in the TEP region is 60-80
Wm- 2, about half of that in the TWP region. It is the low value of q, - qa that causes this low
latent heat flux. The q, - qa is about 2-3 g/kg less than that in the TWP; the wind speed there is
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similar to, or even stronger than, that in the TWP. In the eastern tropical Atlantic, the latent heat flux
is about 20 Wm- 2 less than that in its western part. The weak wind speed causes the low latent
heat flux in the tropical eastern Atlantic; the wind speed there is about 1 - 2 ms- 1 weaker than
that in the west. In the tropical Indian Ocean, the latent heat does not show a significant east-west
difference, around 120 Wm- 2 along the equator. In the central equatorial Pacific, the latent heat is
around 140 Wm-2; which is the largest in the tropical oceans. This maximum is the compromise
between the SST (Figure 2.2) and wind speed (Figure 3.4b): The lower SST limits the evaporation
to its east, and the lower wind speed limits the evaporation to its west, resulting in the maximum in
the central equatorial Pacific.
The latent heat flux is usually higher in the subtropical region compared with that in the tropical
region; the annual mean is about 120-140 Wm- 2 . In the northern hemisphere, the maximum flux
of above 140 Wm- 2 occurs to the southwest of subtropical high, where both wind and q, - q" are
favorable to evaporation; in the central part of subtropical high, q, - qa is large, but wind is usually
weak. Along the western coasts of South and North America and southern Africa, the latent heat
flux is 20-40 Wm- 2 lower than that in the open oceans at the same latitude; the cool ocean currents
in these region obviously contribute to these low fluxes.
The latent heat flux usually decreases polewards in the middle and high latitudes except in the
areas of warm current where the global maximum occurs; the annual mean in the Gulf Stream is
160-180 Wm- 2 while the zonal mean is about 100 Wm~ 2. At high latitudes, the latent heat flux is
less than 40 Wm- 2 in the Pacific north of 50 N, but it still exceeds 60 Wm- 2 near Iceland (65 N)
in the Atlantic due to the strong wind and warm SST in the northern North Atlantic. The wind
speed are about 1 ms- stronger and the SST 4 - 5C higher there than that in the Pacific ocean.
In southern middle latitudes, the latent heat flux about is 60-100 Wm-2; but the data coverage there
is poor, and the results are less reliable.
The seasonal variations of latent heat flux are usually less than 20 Wm- 2 in the tropical regions
but quite substantial at middle and high latitudes. The latent heat flux exceeds 240 Wm- 2 in
the Kuroshio and 220 Wm- 2 in the Gulf Stream in January. The detailed information about the
seasonal variations of the latent heat flux is given in Appendix C.
It is worthy of mention that the latent heat flux in the Kuroshio and the Gulf Stream can be
two-three times larger than that in the TEP region but the air temperatures are not closely related to
the SSTs in these places (Newell and Wu, 1992).
The pattern of latent heat flux in Figure 3.3a is similar to that of Esbensen and Kushnir (1981)
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and Hsiung (1986), but the magnitude is 10-20 Wm- 2, lower than Hsiung and slightly higher than
Esbensen and Kushnir. The latent heat flux obtained by Weare et al. (1981) is above 200 Wm-2
in the tropical central Pacific away from the equator, which is 50 Wm- 2 larger than the results in
this study; but the number Reed (1985) obtained is around 125 Wm-2 in this area, which is 15-20
Wm- 2 less than the results in this study.
3.3.2 The other heat fluxes
The sensible heat is only around 10 Wm- 2 (Figure 3.3b) in the global oceans except in the Gulf
Stream and Kuroshio regions where the annual mean can reach 30 - 40 Wm- 2. In the tropical
regions, the sensible heat rarely goes above 10 Wm- 2 . It can be negative in the western Arabian
Sea and the cool-water tongue in the TEP in their summer. Most of the Pacific and Atlantic oceans
north of 40'N also gain the sensible heat in northern summer. In the Gulf Stream and the Kuroshio,
the sensible heat contributes a substantial part to the total heat flux entering the atmosphere; in
winter the sensible heat can exceed 100 Wm- 2, about half of the latent heat flux in these areas. No
compatible counterparts exist in the southern hemisphere.
The net long wave radiation is about 40-50 Wm- 2 (Figure 3.3c). It is slightly higher in the
subtropical high regions. The seasonal variations of this flux are only about 5 Wm- 2 in the tropics
but can exceed 30 Wm- 2 in the Gulf Stream and Kuroshio regions.
The annual mean of the solar radiative flux received by the ocean surface in the tropics ranges
from 160 to 240 Wm- 2 (Figure 3.3d). The flux shows substantial zonal variations due to the same
zonal variations of cloud. It can be lower than 160 Wm- 2 along the coasts of Ecuador and Peru, and
higher than 240 Wm- 2 along the coast of Arabian Peninsula. In the open oceans, the maximum
solar radiation of 200-220 Wm- 2 occurs in the equatorial side to the west of subtropical high.
There is a "trough" of solar radiation along 5 - 10'N in the Pacific and Atlantic oceans; the solar
radiation in the trough is about 160-180 Wm- 2, 20-40 Wm- 2 lower than that to its north or south.
This trough is related to the large cloud amount in the ITCZs (see Figure 6.4). In the warm pool
region, the solar radiation ranges from 180 to 200 Wm- 2, about 40 Wm- 2 less than that in the
central TEP region, but it is 20 Wm- 2 higher than that along the coasts of South America. Outside
of the tropical regions, the distribution of solar radiation is simple. The annual means decreases
polewards from about 180 Wm- 2 along 300 to 80 Wm- 2 along 600; it shows little zonal variations
except along the coasts.
The net heat flux is given in Figure 3.4a. The ocean gains heat in the equatorial Atlantic and
eastern Pacific, most of the tropical western Pacific and Indian Ocean, and along the western coasts
of North and South America and Africa. The net heat flux is also positive (entering the ocean) in
the subtropical Atlantic ocean. The maximum heat surplus exceeds 80 Wm- 2 , occurring in the
TEP region. In the warm pool region, the flux is about 20 Wm- 2 in the Maritime Continent and
close to zero east of New Guinea, where the SSTs are above 29 C. The maximum heat deficit
occurs in the Gulf Stream and Kuroshio areas; the maximum annual mean deficit there exceeds 100
Wm-2. No counterpart occurs in the southern hemisphere. In the high-latitude North Pacific, the
net heat flux is close to zero in most areas, but it is weak positive in the area of cold currents. In the
high-latitude North Atlantic, the area with heat deficit more than 40 Wm- 2 reaches north of 70 N;
the heat deficit is more than 60 Wm- 2 near Iceland.
The seasonal variations of the net heat flux are significant. The oceanic currents of Kuroshio
and Gulf Stream lose more than 250 Wm- 2 in January, but gain about 100 Wm- 2 in July. In
general, the net flux changes signs from summer to winter. But two regions are exceptions: the
equatorial eastern Pacific and Atlantic oceans, where heat surplus exists in the whole year. The cool
water there reduces latent heat loss, which makes it possible for the positive net flux to survive.
Compared with the results of Esbensen and Kushnir (1981) and Hsiung (1986), the net heat
flux in this study is about 10-20 Wm- 2 less in the tropical west Pacific, but is close to their values
elsewhere. However, substantial differences exist between the results in this work and that of Reed
(1985) and Weare (1981). The net heat flux is 70-90 Wm- 2 in the equatorial Pacific region and 50
Wm- 2 in the rest of tropical Pacific lower than what Reed (1985) obtained; Weare's (1981) results
are 30-40 Wm- 2 less than that of Reed, but still 40 Wm- 2 higher than the results in this study in
the equatorial Pacific.
The detailed seasonal variations of the sensible heat, long wave radiation, solar radiation, and
net heat flux are shown in Appendix C.
3.4 Constraints of heat fluxes
3.4.1 Water balance
The uncertainty of heat fluxes is extremely difficult to estimate. All formulae used in the calculations
are empirical. The seven observed variables (Ta, P, q, u, n, SST and Qo) and eight coefficients
(Ce, ch, a, a, b, A1, A2, and A3) are needed by the formulae. For the observed variables the errors
of instruments, observation methods, and inadequate sampling can enter the calculations; for the
coefficients they can not be suitable for all meteorological conditions over the globe, which would
results in error in the calculated fluxes. Hsiung (1986) thought that an error range of 10 - 20% is
reasonable. She gave the number of 20-40 Wm- 2 for latent heat, 24 Wm- 2 for solar radiation,
5-10 Wm- 2 for long wave radiation and 1-2 Wm- 2 for the sensible heat. In their climatic atlases,
Hastenrath and Lamb (1978, 1979) gave an uncertainty of 10-20 Wm- 2 for Qi - Qo because of
the partial cancellation of cloud effects on Q, and Qo, 10% for sensible and latent heat fluxes,
and more than 20 Wm- 2 for QN. Using Beer's formalism, Weare et al. (1981) estimated that the
errors of Qi, Qo, QL and QN would be 15, 7, 20 and 25 Wm-2, respectively. However these error
ranges are not hard numbers.
It seems impossible to give a precise estimate of errors. However, there are some constraints
which can be used to test the validity of these fluxes as a whole although these constraints can not
determine the individual errors. One constraint is the water balance. The difference of evaporation
and precipitation (E - P) over the global oceans should be balanced by the river runoff. The
difference was calculated using the QL in this study and Jaeger's precipitation (Jaeger, 1976). The
results are listed in Table 3.1. The total water deficit of the oceans is 47.3 x 103 km 3 yr'-1. The
UNESCO's (1978) river runoff into three oceans is 41.7 x 103 km 3yr- 1 and underground flow is
2.2 x 103 km 3 yr1. Therefore the latent heat flux calculated in this study is reasonable considering
the fact that due to missing data the E - P south of 40 0S is not all included and the precipitation
there is usually larger than evaporation.
3.4.2 Energy Balance
Another constraint is that the total net heat flux entering the oceans should be close to zero since
the oceanic temperature is stable on the time scale of a decade or so. The global averaged net heat
flux of Esbensen and Kushnir (1981) is 5 Wm- 2 (Reynolds, 1988), which can warm the global
oceans 0.10 C per decade. Hsiung's and Weare's numbers would result in more warming (Reynolds,
1988). The net heat flux from Reed in the tropical Pacific is about 80 Wm- 2 more than Esbensen
and Kushnir's and therefore would lead to a tremendous warming of the oceans. The global mean
net heat flux in this study is given in Table 3.2. The seasonal variations exceeds 20 Wm-2 , but the
annual mean is 1 Wm- 2 , close to zero,
The energy balance in the warm pool region is also a constraint. The net heat flux in this region
should be close to zero (Newell et al., 1978; Newell, 1979, 1986; Godfrey and Landstrom, 1989).
The time series of net heat flux in the TWP and TEP regions are given in Figure 3.5. The 12-month
running mean (dash line) is close to zero in the TWP region, but it is 40-50 Wm- 2 in the TEP
region except during the strong El Nifio in the 1982-83 period, during which the SST in the TEP
was close to the SST limit of 30'C and the net heat flux approached zero.
Both the energy balance and the water balance in the previous section have shown that the heat
fluxes in this study are reasonable.
PAC ATL IND ALL
N S N+S N S N+S N S N+S N S N+S
P 112.2 115.9 228.1 48.4 31.3 79.7 18.6 62.4 81.0 179.2 209.6 388.8
E 115.1 96.8 211.9 61.8 37.7 99.5 19.5 62.6 81.7 196.3 196.7 393.1
E-P 3.4 2.3 5.7 14.8 12.2 27.0 0.9 13.7 14.6 19.1 28.2 47.3
RIV 13.0 1.8 14.8 20.2 0.6 20.8 5.3 0.8 6.1 38.5 3.2 41.7
TOT -9.6 0.5 -9.1 -5.4 11.6 6.2 -4.4 12.9 8.5 -19.4 25.0 5.6
Table 3.1: Water budget of three oceans (unit: 103 km 3). In the table, P is precipitation; E evaporation; RIV river
runoff. TOT equals (E-P)-RIV.
JAN FEB MAR APR MAY JUN JUL AUG SEP OCT NOV DEC YR
-9.3 1.0 12.4 13.2 7.8 1.7 4.8 4.2 9.4 -0.82 -11.1 -15.2 1.0
Table 3.2: Monthly global mean net heat flux (unit: Wm- 2).
3.5 Interannual variations of the heat fluxes
The major heat source for the atmosphere is the heat fluxes from the surface (Peixoto and Oort,
1992); knowing the interannual variability of these fluxes is a prerequisite for understanding the
changes of the air temperature. Table 3.3 lists the mean values of the three heat fluxes entering the
atmosphere (i.e. QL, QH, and Qo) during the El Nifno and La Nifia events and their differences
between the events for the four tropical regions. The SST, the marine air temperature, and the
specific humidity are also included in the table since the three fluxes are closely related to them.
One can find from the table that the latent heat flux in the TEP region is the only one showing
substantial changes between El Nifio and La Nifia events. In this region, the latent heat flux
increased on average by 35 Wm- 2 from La Niia to El Nifio events; in some months, the difference
could reach 70 Wm- 2 or more. The second largest change occurs in the tropical western Indian
Ocean, but the increase of latent heat flux is 5 Wm- 2 , only one seventh of that in the TEP. The
latent heat flux is reduced slightly in the TWP and tropical Atlantic ocean during the El Nifio period.
The largest increase of latent heat flux in the TEP region is consistent with the changes of SST and
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Figure 3-5: The net heat flux in the tropical western and eastern Pacific. Unit is Wm-2
q, - q,. The SST increases by 2.70C and water vapor by 1.3 g(kg)-1 during El Niio events in the
TEP region; both are the largest among the four regions. The sensible heat remains the same in the
tropical Atlantic and western Indian Ocean but increases in the TEP and TWP regions during the
El Nino event. The increase is small; the largest one reaches only 3 Wm-2, occurring in the TEP
region. However the mean value of this flux is around 5 Wm- 2 and therefore the increase is still a
considerable change. The enhanced sensible heat flux during the El Nifio is related to the increase
of sea-air temperature difference. Usually the SST is a few tenths degree higher than the marine air
temperature over the tropical oceans, but in the TEP region the SST is almost same as, or even lower
than, the marine air temperature due to the low SST and the warm outflow from South America.
During the El Nifio event, however, the sea-air temperature difference increases to 0.3'C, close to
the typical number of 0.5 C in the tropical regions, which leads to more sensible heat entering the
atmosphere. The long wave radiation is sightly reduced in the tropical Pacific and Indian Ocean
but enhanced in the tropical Atlantic ocean; the changes reach only 1 - 2 Wm- 2. The reduction
in the TEP is contributed by the increase of water vapor there; the specific humidity increases by
1.8 g(kg)- 1, more than 10% of its climatology.
Table 3.3: The regional means of the heat fluxes entering the atmosphere (latent heat, QL; sensible heat, Qs; and
long wave radiation, Qo) during El Nihlo and La Nifia events and their differences between the events. As a comparison,
the SST, the specific humidity of the air at oceanic surface (q,), the difference of specific humidity between sea and air
(q, - q,), the marine air temperature (Ta), and the sea-air temperature difference (T, - Ta) are also included.
REGION TWP TEP TAT TWI
El La J El La 6 El La 6 El La j
QLH (W/m 2 ) 136 137 -1 110 74 36 112 116 -4 121 116 5
QSH (W/m2) 7 6 1 4 1 3 4 4 0 2 2 0
Qso (W/m) 43 44 -1 47 49 -2 46 47 -1 48 47 1
SST (*C) 29.0 29.1 -0.1 25.9 23.2 2.7 27.3 27.3 0 28.0 27.4 0.6
qa (g/kg) 19.3 19.3 0 16.5 14.7 1.8 17.9 17.6 -0.3 18.4 18.0 0.4
qs - qa (g/kg) 5.7 6.0 -0.3 4.7 3.4 1.3 4.9 5.0 -0.1 5.3 4.8 0.5
T (0 C) 28.2 28.3 -0.1 25.6 23.2 2.4 26.9 26.8 0.1 27.7 27.2 0.5
T, - T ("C) 0.7 0.7 0 0.3 0 0.3 0.4 0.5 -0.1 0.3 0.2 0.1
Note:
* El Niio Includes the periods from August 1982 to August 1983 and from November 1986 to December 1987;
La Nifio includes the periods from January to September 1985 and from May 1988 to January 1989. 6 is the
difference between El Nifno and La Nifia events.
* TWP is tropical west Pacific; TEP tropical east Pacific; TAT tropical Atlantic and TWI tropical west Indian Ocean
It is worthy of note in Table 3.3 and Figure 3.3 that the annual means of latent heat flux in the
four tropical regions are in the same order (around 100 Wm~2) but the changes between the El
Nifho and La Nifia events in the TEP is about 7, 10, and 35 times larger than those in the tropical
western Indian Ocean, tropical Atlantic, and TWP regions, respectively. It is also interesting that
except in the TEP region, the magnitude of the changes of regionally averaged latent heat, sensible
heat and long wave radiation is essentially not different from each other (around 5 Wm- 2) even
though their mean values have the ratio of about 20:10:1 (about 100Wm-2:50Wm-2:5Wm- 2).
In order to understand these interesting features, we examine the time series of these heat fluxes.
The time series of the latent heat anomalies in the four regions are shown in Figure 3.6. The
time series show some discontinuity around 1960, especially in the TWP region. This discontinuity
may be related to the poor sampling before 1960 (see Figure 2.1) and the wind trend discussed in
the previous section. We will pay less attention to the results during this period. The time series of
the TEP region (second panel) stands out from the other regions for its long persistence of the latent
heat anomalies during the El Nifno period. When the latent heat flux increases or decreases in this
region, the change usually goes up or down continuously until reaching its extreme, and then turns
to the opposite direction. The positive or negative anomalies can remain for more than one year.
However in other tropical regions, the anomalies usually change signs within one or two months.
The auto-lag correlation coefficient can reflect the relationship of a variance with its precursors and
therefore can be used to illustrate quantitatively the difference between the TEP and other regions.
This coefficient for the four tropical regions is shown in Figure 3.7. The slope of the coefficients
for the TEP region is much gentler than that for the other regions. It takes six months to reduce the
auto-lag correlation coefficient of the latent heat flux in the TEP region to 0.2, which seems to be
the noise level, while for the other regions the coefficient drops to this level (0.2) in only one month.
In addition to its long persistence, the latent heat anomalies in the TEP region are also relatively
large according to the 12-month running mean (thick dash line in Figure 3.6); the difference between
El Nifno and La Nifia is about 30 Wm-2. The latent heat flux increased in all El Niio events during
the data period. The largest increase occurred in 1982-83, being around 50 Wm- 2 in some months;
the positive anomalies remained for more than one and half years. The positive anomalies remained
even longer in the 1986-87 El Nifno, but the magnitude was about 10 Wm- 2 less than that of
1982-83 El Nifno.
In the TWP region (top panel), the time series exhibits a 20-30 Wm- 2 increasing trend before
1964; this trend may be caused by the data problem. After 1964, the time series oscillate around the
zero line within about +15 Wm- 2 except one spark in January 1983. The 12-month running mean
is very close to zero. The variability of latent heat flux in the tropical western Indian Ocean (third
panel) is fairly large compared with that in the TWP region. The fluctuation of individual month
can reach the size similar to that in the TEP region, about i30 Wm-2, but again the anomalies
with same sign can hardly stay for more than three to four months. In the tropical Atlantic ocean
(bottom panel), the latent heat flux is quite stable during last 40 years. The fluctuation of individual
months is even less than that in the TWP region, within t 15 Wm- 2 during most of the 504-month
period from 1949 to 1990.
The time series in Figure 3.6 show that the amplitude of monthly variations of the latent heat
flux in the TEP is not very different from that in the other three tropical regions. A 20-30 Wm 2
increase or decrease of the flux is quite common in the all tropical regions. The major difference
is the persistence, not the magnitude, of the variations. The long persistence results in much larger
variations in the TEP if integrated over a period (such as over an El Niio event), while in the
other regions the variations are largely canceled during the period of integration due to the weak
persistence, ending up with small residual as shown in Table 3.3.
The time series of sensible heat and long wave radiation (not shown) indicate that their temporal
variations are usually less than 5 Wm- 2 and their 12-month running mean is very close to zero.
These fluxes contribute less than 10% of the total flux changes between a warm and a cool SST year
(Table 3.3).
The geographical distribution of the changes of latent heat flux between El Nifno and La Nifia
events during the 1949-90 period is shown in Figure 3.8. A spatially coherent increase exists only in
the equatorial eastern Pacific from 150'W to the coasts of South America; the maximum increase
reaches 40-50 Wm- 2 around 1 100W on the equator. The latent heat flux also increases near the
coasts of Central America and along the coast of Chile. Elsewhere in the tropics, the changes
between El Nifio and La Nifia events are not substantial. The changes of q, - qa (see Figure 5.18)
are consistent with that of latent heat flux and further confirms the fact that the substantial changes
from La Nifia to El Nifio events happen mainly in the TEP region. The TWP region shows again
the out-of-phase relationship with the TEP region. The q, - q, near New Guinea decreased by
0.5 - 1 g(kg) 1; the latent heat flux also show decreases over the Maritime Continent but in a more
chaotic distribution.
3.6 Summary
The substantial changes of the heat fluxes entering the atmosphere from the oceans are confined
only in the TEP region in warm SST years (Table 3.3). The interannual variations of the latent heat
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Figure 3-6: The latent heat anomalies in four tropical regions.
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Figure 3-7: The auto-correlation coefficient of the latent heat flux over the tropical eastern and western Pacific, Atlantic,
and western Indian Ocean.
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Figure 3-8: The changes of latent heat flux between El Nifno and La Ninia events. Unit is Wm 2 .
flux in the TEP region are the largest although its climatology is the lowest in the whole tropical
oceans. The latent heat flux in the TEP region increased in the all El Nifio years during the 1949-90
period by about 35 Wm- 2 which compares with a climatology of 80-100 Wm- 2 in this region.
This substantial increase is owed to the long persistence and the spatial coherence of latent heat
anomalies in the TEP region; the anomalies there remain positive for a year or longer. No other
oceans showed the similar characteristics in the past 40 years. The second largest increase of latent
heat flux occurs in the tropical western Indian Ocean; but the increase is only 5 Wm- 2 , one seventh
of that in the TEP region. The results of this chapter give rise to a question: How can a localized
increase of the latent heat flux causes a warming of the entire tropical troposphere? This leads to
the model simulation in the next chapter.
Chapter 4
Simulation of the Tropical Strip Using
Gill Model
4.1 Introduction
The analyses of the SST and the heat fluxes in Chapter 2 and 3 have shown that during the El
Nifno period the substantial changes of SST and latent heat flux are confined to a limited area in
the tropical eastern Pacific. However these localized changes which happened in the ocean are
accompanied by the free air temperature changes covering the whole tropical belt. During El
Niio, the whole tropical troposphere warms up by about 0.5 - 1.5'C and the changes of free air
temperature are highly correlated within the tropical strip (Newell and Wu, 1992); that is to say that
the air temperatures rise and fall together. Recent EOF analyses by Hu et al. (1994) also showed
a tropical strip. However the strip structure exists only in the tropics; the air temperatures in the
middle and high latitudes are correlated only locally (Figure 1.5).
It is not clear how a local increase of latent heat flux can cause the warming of the entire
tropical strip. In this chapter, a Gill-type model is constructed to investigate the possible mechanism
responsible for the formation of the tropical strip.
The Gill-type model (Gill, 1980) has been widely used in the studies of air-sea interaction in
the tropics and has succeeded in simulating many important features in the tropics in spite of its
simplicity (e.g. Zebiak, 1982; Neelin, 1988). The similar model has been developed in 1966 by
Matsuno, who has thoroughly studied the properties of the shallow water system in the equatorial
area (Matsuno, 1966). By expanding the model equations and forcing term in the form of parabolic
cylinder functions, Gill found analytical solutions of the model (Gill, 1980). The model circulation
can be well approximated by only a few low order cylinder functions. The zero order function
corresponds to the Kelvin wave propagating eastwards and the first order to the long wave Rossby
wave propagating westwards. The decay rate increases with the order of the function and therefore
the higher modes are damped off quickly away from the forcing area. Using the model similar to
Gill's, Zebiak studied extensively the surface wind response to the SST change in the tropical Pacific
region during the El Nifio period (Zebiak,1982, 1986, 1990; Zebiak and Cane, 1987). Weare (1986)
included the circulation-dependent forcing in his Gill-type model to study the impact of moisture
convergence on the surface circulation. Neelin (1988) compared the results of the Gill model with
that of the GFDL GCM model and found that the Gill model simulates quite well the basic features
of the composite El Nino anomalies. Because of its successes and simplicity, the Gill-type model is
selected to investigate the possible linkage between the air temperature and the surface heat fluxes.
The model construction is discussed in Section 2, and the model results are given in Section 3.
The model sensitivity to the dissipation rate, lateral boundaries, location of the heat source, and
background wind is tested in Section 4. Since the model is solved using the semi-spectrum method,
the contributions from different wave numbers are given in Section 5. In Section 6 the model results
for the multiple heat source is also discussed.
4.2 Model
The model atmosphere is similar to that discussed by Gill (1980). The atmosphere is heated by
water vapor condensation in the lower troposphere, and only the first baroclinic mode is considered.
In this mode the vertical structure follows a cosine function for perturbated pressure and horizontal
wind and sine function for perturbated vertical motion. The model equations for the lower level
are similar to those discussed by Zebiak (1982), Philander et al. (1984) and Weare (1986). The
motions in the upper level are out of phase with lower level motions. The governing equations for
the perturbations of momentum and temperature in the tropical region have the form
I I 
I l
,,-8t' i 1lop'
iu + U - yv - (4.1)Ox po ax
,-Dv' l 1op'fv/ + U± +yu = (4.2)
1 x Po ay
e'20' + 80' +w'S = Q' (4.3)2 x
where u', v', w', p' and 0' are the perturbations of zonal, meridional, vertical wind, pressure and
potential temperature, respectively. c' is the frictional dissipation rate and e' the thermal dissipation
rate. U is the zonal mean wind and is assumed to be constant in the whole domain. po is the
mean density, Q' the heating-rate perturbation related to the anomalous latent heat release. S is the
stability parameter and equals Oo/Oz. Using the Boussinesq approximation in a steady state, the
pressure perturbation (p') can be replaced by the temperature perturbation (0') in the form
l ap _ 0'
P z - = 0g (4.4)
p = -gHpo - (4.5)0
where H is the vertical scale height of the lower troposphere and g is the gravitational acceleration.
The continuity equation can be written
Du' Dv'
H( ± )+w =0. (4.6)
ax ay
Substituting equations 4.5 and 4.6 into equations 4.1-4.3, the model equations become
/ / -±U - v A'
ei a + Ux- #yv = A (4.7)
1 -Dv' DO'
eiv +U +/#yu = A(48Dx Dy(4)
DO:-8' Du' Dv'
C20 +U -B( + ) = Q (4.9)D aX Day
where
A = H (4.10)
0
B H 0  (4.11)H z
Quantity B is a measure of the stability of the atmosphere.
The group of two-dimensional partial differential equations is first reduced to a group of ordinary
differential equations in the y-direction through Fourier transformation. A numerical method is then
used to find the Fourier coefficients for each wave number k. The inverse Fourier transformation is
finally used to get the perturbed motion and temperature fields.
Expanding ut v', '' and Q' in the form
U (x, y)
v (X, y)
W (X, y)
' (x, y)
Q (x, y)
then equations 4.7 - 4.9 become
Eiu - /yv
Eiv + 3yu
Dv
E2 0 - B(iku + -)ay
u(y)
v(y)
w(y)
Q(y)
Q(y)
eikx
= iAkO
-A -
ay
=Q
where
= c1+ikU
62 = + ikU.
Eliminating 0 from equations 4.13 and 4.15, an equation for u and v can be obtained
(6162 + ABk 2 )u = iAkQ + E2#yV + iABk --.Dy
Eliminating u and 9 from equations 4.13, 4.14, and 4.18, a second order differential equation about
v can be deduced
D2v 62132Y2
Dy2 EIAB
R162 k2 Biyk 1 Q
AB 1 B By
Numerical method is used to solve equation 4.19 since the integration of function Q is usually not
easily accomplished. The finite difference equation is
oj+1 - [2 + h2(ai y 2 + a2)]Vj + Vj_1 = -a 3h(Qj+1 - Qj-1) + a 4yh 2Qj2
(4.12)
(4.13)
(4.14)
(4.15)
(4.16)
(4.17)
(4.18)
+ ykQ.
e1B (4.19)
(4.20)
where
E202
61 = 3(4.21)
E 61 AB
a2 = + k2 - i/k (4.22)
AB E1I
1
a3 (4.23)
a4 = B (4.24)61B
and h is the grid distance in the y-direction. After v has been calculated, the following equations
can be used to find u, w and 0
iAkQ + 62/yV + iABk9"
U = (4.25)
6162 + A~k2
9v
w = -B(iku+--) (4.26)By
Q+B(iku+ 42)0 = 9Y(4.27)
62
Finally, equation 4.12 is used to go back to u', v', w', 0'.
In the calculations, the grid size is 50 x 2.50 (longitude by latitude). S is equal to 0.32 0C/lOOm,
corresponding to the Brunt-Vdisila frequency 10- 2 s-1. H is 5.5 km; 00 310 K; U is set to a
easterly of 5 ms- 1. The frictional and thermal dissipation rates are taken as 2.3 x 10- 6sec- 1 and
7.7 x 10- 7sec-I (corresponding to damping time of 5 and 15 days respectively), the same as those
used by Philander (1984). The forcing term Q' has the form
_ > cos-(Af 1)cos( 0 ) for IA - Ao| DA and # - 0| D (42)
0 otherwise.
In most calculations, Qo is equal to 40 W/m 2 . Ap equals 450 hPa; C, 1005 J(kgK); Ao 120W;
0 00. DA and Dp are equal to 400 and 150, respectively. These choices are close to the mean
values of El Nifio years. The form of the heat source is given in Figure 4.1; it peaks on the equator,
and gradually reduces to zero at latitudes of 15' and longitudes of 160 W and 80 W.
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Figure 4-1: Regional distribution of the heating function used in the model. The unit is 10- 7 Ks-.
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Figure 4-2 Anomalous temperature (a top) wind (b: middle), and vertical motion (c bottom). The unit is 10- 20
for the temperature and 102 cms- for the vertical motion.
4.3 Model Results
The fields of anomalous temperature, wind and vertical motion of the model atmosphere are given
in Figure 4.2. The anomalous temperature field (Figure 4.2a) shows clearly a tropical strip. Within
the strip the gradients of temperatures are flat. The peak anomaly is 0.61C, located in the heat
source region. The averaged anomalous temperature over the strip is about 0.50C, which is close
to the observed MSU data in 1983 and 1991. On the edges of the strip, the anomalous temperatures
decrease polewards with much stronger gradients than that in the strip. This feature is very similar
to that found by Newell and Wu (1992; see their Figures 2b, 4b, 4c and 6a). Both observations
and model results show that the entire tropical band will respond to a local heat source near the
equator. The anomalous temperatures are not longitudinally symmetric about the heat source. The
temperatures east of the heat source center peak on the equator, and decrease toward higher latitudes;
but the temperatures west of the center show a dipole structure, that is, the contour lines on the
equator are pushed eastward, forming two peaks at about 10 N and 10 S. Such dipole structure
was observed in the MSU data in 1983 and 1991 (see Figure 7c of Newell and Wu, 1992).
The horizontal anomalous wind field in the low level (Figure 4.2b) has two nodes on the
equator. One is located near the center of the heat source, at 1 10'W, and the other in the Maritime
Continent, at 90'E. The anomalous wind is westerly from the heating center westward to the
node in the Maritime Continent, and easterly from the heating center eastward to the node in the
Maritime Continent; the ratio of the longitudinal span of westerlies to that of easterlies near the
equator in Figure 4.2b is about 1:2, which is very close to the observed wind anomalies (see Figure
4.5 later). But the ratio is 1:3 in Gill's original model (Gill, 1980). This ratio is determined by
the different dissipation rates of Kelvin wave and Rossby waves. The dissipation rate of the n=1
Rossby wave in Gill's model (1980) is three times larger than that of Kelvin wave. Because there
is no eastern or western boundaries and the dissipation rates used in this study are smaller than
that in Gill's, the anomalous easterlies and westerlies could interact with each other, modifying
the ratio. There is strong wind convergence at the node in the heat center. Compared with this
convergence, the magnitude of the divergence at the node in the Maritime Continent is relatively
weak, but the divergence covers a larger area. There is strong wind shear along about the latitudes of
10' between two nodes over the Pacific; two narrow troughs are formed there. The dipole structure
of the anomalous temperatures is developed in these troughs.
The vertical motion of the model atmosphere in the low level is given in Figure 4.2c. Rising
motion peaks in the center of heat source, and gradually decreases to zero at the edge of heat source.
Outside the heat source region, sinking motions exist everywhere in the tropics. The sinking motions
are the strongest on the equator, and decline toward higher latitudes. On the equator, the sinking
motion to the west of the heat source is weaker than that to the east of the heat source. This relatively
weak sinking motion is caused by the v-wind convergence around the equator to the west of the heat
source region (Figure 4.2b): Since the vertical motion is determined by the divergence of horizontal
wind according to equation 4.6, the apparent v-wind convergence to the west of the heat source
would induce rising motion, that is, to reduce the large scale sinking motion.
Comparing Figure 4.2c with Figure 4.2a, one can find that the regional distribution of anomalous
temperatures outside of the heat source is determined by the anomalous vertical motions; the
warming there is induced by adiabatic subsidence. Inside the heat source, anomalous temperatures
are also positive; the latent heat release there exceeds the adiabatic cooling induced by rising motion.
4.4 Model sensitivity
The model results in the above section show that a local heat source can produce the strip structure
in the tropics, but it is not clear how the model results can be affected by the model parameters,
lateral boundaries, and the location of the heat source. Therefore the model sensitivity to these
model settings needs to be examined.
4.4.1 Sensitivity to the dissipation rates
Since the values of frictional and thermal dissipation rate in the tropics are not well established,
the sensitivity of the model results to these parameters needs to be tested. Figure 4.3 shows the
changes of the anomalous temperature averaged between 100S and 10N with different frictional
and thermal dissipation rates. The anomalous temperature is sensitive to the thermal dissipation
rate; it decreases by about 0.40C when the thermal dissipation rate increases from 0.07 x 10-5sec-1
to 0.25 x 10- 5sec-I (corresponding to the decay time from about 17 days to 5 days). However the
anomalous temperature is not sensitive to the frictional dissipation rate; the anomalous temperature
decreases by only about 0.14C when the frictional dissipation rate increases from 0.1 x 10-5sec-1
to 1.0 x 10- 5sec- 1 ( about 11 days to 1 day).
Although the anomalous temperatures are sensitive to the thermal dissipation rate, their geo-
graphical distribution is not. When the thermal dissipation rate increases to 5.7 x 10- 6sec-1, about
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Figure 4-3: Model sensitivity to the thermal (solid) and frictional (dash) dissipation rates.
10 times larger than that used in Figure 4.2a, the pattern of anomalous temperatures (Figure 4.4a)
is almost unchanged although the peak of anomalous temperatures is reduced to one third of its
original value. However, the geographical distribution is sensitive to the frictional dissipation rate.
When the frictional dissipation rate increases to 1.1 x 10- 5 sec-1, about 5 times of that used in
Figure 4.2a, the pattern is changed considerably (Figure 4.4b). The large meridional temperature
gradients no longer exist; The tropical strip in Figure 4.2a is replaced by the circular structures
around the heat source although the anomalous temperature averaged over the tropics does not
change much.
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Figure 4-4: The effects of thermal (a, top) and frictional (b, bottom) dissipation rates on the distribution of anomalous
temperatures. The unit is 10 2 *C.
To estimate the thermal dissipation rate in the real atmosphere, the changes of radiative cooling
rate at the radiosounding station Atuona (9048'S, 139002' W) are listed in Table 4.1 for January
1982 and 1983; these two months are typical for the cool and warm SST years. The radiation code
used in the calculation is from Hoffman (1981). The cooling rate increased by 0.07 K/day from
1982 to 1983 in the lower half of the troposphere; the corresponding thermal dissipation rate is
8.1 x 10 7 sec-1, close to the values of 7.7 x 10- 7sec-1 used in the model. The thermal dissipation
rate of the entire tropical troposphere can be estimated by calculating the cooling changes between
a warm and a cool SST year, which is presented in Chapter 7.
Table 4.1: Changes of radiative cooling rate between January 1982 and January 1983 at the radiosounding station
Atuona (9*48'S, 13902' W).
JAN 1982 JAN 1983 A R
K/day K/day K/day
1000 - 500 hPa 1.49 1.56 0.07
1000 - 300 hPa 1.54 1.51 0.11
1000 - 100 hPa 1.32 1.48 0.16
There is no measured quantity which can be used directly to estimate the frictional dissipation
rate in the atmosphere. Comparing the simulated wind field with the observed wind field is the
common method to seek the reasonable numbers for this model parameter; the surface wind stress is
also used to estimate the dissipation rate. The frictional damping time used in the Gill-type models
by several authors is listed in Table 4.2. It varies from 1 to 5 days. No justification was given for the
damping time of 2 days in Gill's original model. Zebiak (1982) justified the damping time of 1 day
by obtaining the best model surface wind anomalies related to the El Niho events. Neelin (1988)
found that the damping time of 2 days is the most suitable values for the Gill-type model to simulate
the GCM El Ninio anomalous wind. Lindzen and Nigam (1987) related the frictional damping in the
atmosphere to the surface wind stress and found that the damping time of 2.5 days corresponds to
a reasonable surface drag coefficient. Following Lindzen and Nigam and considering the fact that
over the tropical oceans the surface drag coefficient is about 1.3 x 10- (Isemer and Hasse, 1987)
and the wind speed about 6 ms- 1 (Figure 3.4b), the corresponding damping time is about 8 days for
the model layer of 5.5 km. This number is three days longer than that used in the model; however,
since the drag coefficient over the land is much larger than that over the ocean, the damping time of
5 days used in the model is still a reasonable number.
The model-wind anomalies in Figure 4.2 indicate that the wind field in the entire tropics has
responded to a local heat source. It is interesting to find out whether it has happened in the real
atmosphere. For this purpose, the composite wind anomalies for the El Nifno and La Nina years
during the 1979-93 period from the National Meteorological Center (NMC) analysis data are shown
Table 4.2: Frictional damping time used in the Gill-type models by several authors.
in Figure 4.5. The anomalous wind field is in general consistent with the model results shown in
Figure 4.2b near the equator (about t 100) although the surface topography may affect the wind
anomalies over South America and central Africa at 850 hPa. The NMC wind shows that there are
two nodes at both 850 hPa (upper two panels) and 200 hPa (bottom two panels), one in the coast
area over the TEP and the other over the Maritime Continent. In El Nifno years at 850 hPa, the
anomalous westerlies cover the area from the node over the Maritime Continent eastward to the
node over the coast area in the TEP, and the anomalous easterlies cover the rest of tropical strip.
The ratio of the longitudinal spans between the westerlies and the easterlies is about 1:2, which is
very close to the model wind shown in Figure 4.2. The direction of anomalous wind is reversed
from El Niio to La Nifia between the nodes. At 200 hPa the anomalous wind shows an out-phase
relationship with that at 850 hPa, as expected. Generally speaking, the influence of the El Nifio and
La Nifia on the wind field covers the entire tropical band, which is shown clearer at 200 hPa. The
anomalous wind in the subtropical region is not consistent with the model wind; the wind there may
be affected by the circulation in the middle latitudes.
The tests of model sensitivity to the dissipation rates indicate that a certain range of dissipation
rates is required in order to produce the observed tropical strip; such a requirement sets a constraint
for the choices of dissipation rates. Further study can be done when the amplitude and geographical
location of anomalous rainfall become available.
4.4.2 Lateral Boundary effect
In the calculations discussed above, the southern and northern boundaries are set at latitudes of
+30' and the v-component is set to zero at these boundaries. It is possible that the temperature
strip in the tropics and the strong gradients at the edges of the strip are caused by the boundary
conditions. In order to examine this possibility, the boundaries are moved to the latitudes of 600. The
Author(s) damping time (days)
Gill (1980) 2
Zebiak (1982,86,90) 1
Philander et al (1984) 5
Weare (1986) 2
Lindzen and Nigam (1987) 2.5
Neelin (1988) 2-5
This study 5
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Figure 4-5: The composite anomalous-wind field for the El Nifno and La Nifia events during the 1979-93 period. The
top panel is the anomalous wind at 850 hPa during the El Nifno event and the second panel during the La Nifna event. The
third panel is same as the top panel but for 200 hPa and the bottom one same as the second panel but for 200 hPa. The
composite El Nifno during the 1979-93 includes 8/82-8/83, 11/86-12/87, and 5/91-5/92; the composite La Nifia includes
1/85-9/85 and 5/88-1/89.
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regional distribution of anomalous temperatures is shown in Figure 4.6. The pattern of anomalous
temperatures is almost identical to that in Figure 4.2. The anomalous temperatures decrease slightly
in the tropical region, which is expected since a small part of the energy from the heat source is
transported to the middle latitudes. Generally speaking, the locations of the southern and northern
boundaries do not have significant effects on the model results.
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Figure 4-6: The effect of northern and southern boundaries on the anomalous temperatures. The unit is 10-20C.
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Figure 4-7: The effect of the location of a heat source on the anomalous temperatures (a: top), wind (b: middle), and
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30N
20N
ION
0
30S
20S
30S
30N
20N
ION
0
10S
20S
30S
30N
20N
iON
0
l0S
20S
30S
30N
20N
iON
0
108
20S
30S
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0
- - -- . - -- -
-
-- ...- 
- - ......-..
.9 1
--- ------------------ 0E----- -- - -- -- -- -- - 6- 40 -----
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100OW 80W 60W 40W 20W 0
4.4.3 Effect of the heat source location
Although the change of the model's southern and northern boundaries has little effect on the tropical
strip, the latitudinal position of the heat source is crucial to the tropical strip. When the heat source
moves away from the equator, the strip degenerates. Figure 4.7a is the anomalous temperature field
when the heat source is centered at 100N and 120 0W. The tropical strip is hardly recognized. The
warming is more localized; the anomalous temperatures at the warming center increases by about
15%. The warming center moves to the northwest of the heating center, the place which corresponds
to the northern part of the dipole structure when the heat source is centered on the equator. The
anomalous wind field (Figure 4.7b) shows that compared with Figure 4.2a, the northern trough
in the heat source region is enhanced due to the increase of Coriolis force; the increase of wind
curvature reduces the convergence in the heat source region and the divergence elsewhere, which
is indicated by the change of vertical motion (Figure 4.7c). The maximum speed of rising motion
is less than 0.2 cm -sec- 1 in Figure 4.7c, but it is above this value in Figure 4.2c. Outside of the
heat source region, the sinking motion is reduced. As a result, the anomalous temperatures increase
within the heat source region but decrease outside the heat region decrease. These changes of the
anomalous temperature imply that when a heat source is far away enough from the equator, the
strong cyclonic circulation induced by the heat source would keep the influence of the heat source
from going too far, as shown in Figure 1.5. As a result, the local temperature goes up until the
thermal damping balances the heat source. The result suggests that it is the large scale vertical
motion in the low latitudes but the thermal dissipation in the high latitudes that plays a dominant
role in the re-establishment of heat balance in the atmosphere when a heat source exists.
The effect of heat source location on model results suggests that the tropical strip of temperature
anomalies be produced only by a heat source on or near (- ± 100) the equator. When a heat source
moves to high latitudes, its warming effect would be limited to areas near the heat source.
4.4.4 Sensitivity to the background wind
The background zonal wind U in the model is set to a constant easterly of 5 ms 1 . Using different
U would affect the advection terms in the model equations. The model sensitivity to the background
wind is shown in Figure 4.8. In the figure, the regional distribution of anomalous temperatures is
obtained by setting background wind to zero but keeping the other parameters same as those used in
Figure 4.2. Comparing Figure 4.8 with Figure 4.2a, one can find that the easterly background wind
flattens the temperature trough on the equator; the warming center shifts slightly eastward because
the background wind changes the location of convergence. In spite of these changes, the general
pattern and amplitude of anomalous temperatures remain almost the same.
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Figure 4-8: The effect of background wind on the anomalous temperatures. The unit is 10-2C.
4.5 Contributions of different wave numbers to model results
Since the model is a semi-spectrum model, it is easy to examine the contributions of different wave
numbers. Figure 4.9 shows the contribution of wave number 0 (zonal mean) to the anomalous
temperature and wind fields. This wave number contributes more than 80% to the total warming
near the equator and 90% away from the equator. The anomalous temperatures are nearly uniform
within 10' of the equator, and decline to higher latitudes (Figure 4.9a). The temperature changes
indicate that when there is a local heat source near the equator, the entire tropics would "feel" it.
The anomalous wind (Figure 4.9b) is very weak near the equator; it peaks around the latitudes
of 150 and dominates the total anomalous wind there. The wind field shows a weak convergence
toward the equator; vertical motion (not shown) is upward between the latitudes of ± 100; outside
this region, the vertical motion is downward and dominates the total vertical motion.
Wave number 1 contributes about 10% to the total anomalous temperatures (Figure 4.10a).
Along the equator, positive anomalous temperatures cover longitudes from 0* to 180* through South
America, and negative ones cover the rest. The positive and negative anomalous temperatures are
not symmetrical about the heat center but biased toward the east of the heat source; their coverages
shift westward with the increase of latitude. The dipole structure shown in Figure 4.2a is mainly
caused by this wave. The anomalous wind of this wave (Figure 4.1Ob) dominates the total wind
field within 10' latitude of the equator; the two nodes in the total wind field (Figure 4.2b) are caused
by this wave. Westerlies cover the area from the node in the Maritime Continent eastward to the
heat source region, and easterlies cover the rest. The area of the westerlies is narrowed when the
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Figure 4-9: The contribution from wave number zero to the total anomalous temperatures (a: top) and wind (b: bottom).
The unit is 102"0 for temperature
westerlies approach from the Maritime Continent to the heat source region in the eastern Pacific, but
the easterlies do the opposite; and therefore the boundary between the westerlies and the easterlies
shifts toward the west from the equator to higher latitudes.
The contribution from wave number 2 is small, less than 3% of the total temperature changes.
The regional distribution of anomalous temperatures and wind resemble that of wave 1 but with
another two nodes (Figure 4.11). The waves after number 2 contribute little to the total fields.
4.6 Model results for other than one heat source
There are three major deep convective areas in the tropics: the Maritime Continent, northern South
America, and central Africa. More than one anomalous heat source or sink can exist simultaneously.
Since the model is linear, the effects of individual sources can be added together. If all sources are
of same sign, the tropical strip would be more pronounced, such as that shown in Figure 4.12, in
which the temperature changes are induced by two heat sources 1800 apart on the equator with the
same amplitude as used in Figure 4.2. The temperature changes are doubled, so are their gradients.
When sources are of opposite signs, the changes of temperature and wind field become com-
plicated. The resulting fields are determined by the amplitudes and geographical locations of the
sources. If a heat source and a heat sink have same amplitude and are 1800 apart, there would be
no tropical strip, as shown in Figure 4.13. The components of their wave 0 offset each other, but
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Figure 4-10: The contribution from wave number 1 to the total anomalous temperatures (a: top) and wind (b: bottom).
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Figure 4-13: The anomalous temperatures resulted from one heat source and one heat sink with the same magnitude
as the one shown in Figure 4.1 but 180* apart. The unit is 10-20C for temperature.
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their wave 1 components are reinforced. As a result, half of the tropical belt is covered by positive
anomalous temperatures, and the other half by negative ones. Therefore, it is still possible that
the tropical temperatures vary in different signs, but in this case, the temperature changes would
be relatively small since their major components (wave number 0) have canceled each other; the
anomalous temperatures in Figure 4.13 are only 20% of that in Figure 4.2a.
It is also possible to have a sink in the tropics as in a La Nifia year, during which the atmosphere
over the TEP region loses more heat due to the enhanced atmospheric radiation in relatively cloud-
free sky. If there is a heat sink instead of a heat source in the equatorial region, the features of
anomalous temperatures, wind and vertical motion are the same as that for a heat source except the
reversal of sign. Figure 4.14 shows the anomalous temperature and wind fields for a heat sink of
40W/M 2 at the place same as in Figure 4.1. Temperatures are reduced in the entire tropics. The
anomalous wind in the low model level diverges in the heat sink region and converges over the
Maritime Continent; westerlies cover the regions 100 of latitude away from the equator.
4.7 Summary
A Gill-type model forced by the condensation heating similar to the observed anomalous latent
heat can reproduce the tropical strip of anomalous temperatures which is similar to the results
obtained by Newell and Wu (1992) and Hu et al. (1994). The release of latent heat warms the
local atmosphere and induces rising motion; the rising motion produces forced sinking motion in
other tropical regions; adiabatic compression associated with sinking motion warms the atmosphere
outside the region of latent heat release; as a result, the entire tropical region warms up. It is the
forced sinking motion that communicates the influence of a local heat source to the entire tropics.
Through the above process, the tropics keeps its temperature gradients flat. The model results
indicate that the anomalous heat source from the enhanced deep convection in the central equatorial
Pacific in El Nifno years is capable of warming the entire tropical strip.
The strip structure can be produced only by a heat source on or near the equator (~ 10'); the
heat source can affect the wind field over the entire tropics because of the weak Coriolis force near
the equator; through the wind field the influence of the heat source is conveyed to the entire tropics.
When the heat source moves to high latitudes, the large Coriolis force would strengthen the cyclonic
circulation and keeps the influence of the heat source in a limited area near the heat source.
The model results are affected by the dissipation rates. Increasing thermal dissipation rate
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reduces the amplitude of the anomalous temperatures in the strip considerably, but does not change
the shape of the strip. Increasing frictional dissipation rate changes the shape of the strip significantly,
but only slightly reduce the amplitude of anomalous temperatures. To produce the observed tropical
strip requires the dissipation rates within certain ranges, which adds a restriction on the selection of
dissipation rates.
The anomalous wind field supports the model results. The changes of observed wind anomalies
from La Niia to El Nifno occur in the whole tropical strip. In El Ninio years anomalous westerlies
cover the area from the Maritime Continent to the coast of South America and anomalous easterlies
cover the rest of the tropics at 850 hPa; the anomalous wind reverses the direction at 200 hPa. In
La Nifia years the wind field does the opposite at both 850 hPa and 200 hPa.
The thermal dissipation process with a damping time of 15 days is a fast process compared
with the warming up process of the entire tropical troposphere which is about 1-2 months (Newell
and Wu, 1992; Hu et al., 1994). Therefore continuous heating is needed for maintaining the
positive MSU anomalies like those observed in 1982-83; the SST or latent heat anomalies with
weak persistence, even located near the equator, would not be useful for warming the entire tropical
troposphere.
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Chapter 5
Water Vapor Distribution in the Tropics
5.1 Introduction
Chapter 2 and 3 have shown that in the tropical oceans the changes between a warm and a cool SST
year are confined in the TEP region. The model results in Chapter 4 have indicated that a localized
heat source near the equator is capable of modifying the vertical motion and temperature fields in
the entire tropical strip. In the model, the establishment of heat balance in the model atmosphere is
accomplished through the parameter of thermal dissipation rate. What this thermal dissipation rate
means in the real atmosphere is still a vague concept; the physical processes behind this parameter
needs to be clarified. Therefore the next three chapters will turn to the changes occurring in the
atmosphere, including those of water vapor, cloud, and radiative property of the atmosphere, to find
out how the real atmosphere responds to the changes in the oceans and whether the model results
are consistent with what happens in the atmosphere. The changes of water vapor in the atmosphere
will be analyzed first since the immediate response in the atmosphere would be the increase of water
vapor when the ocean temperature rises.
Water vapor is a major medium for the communication between air and sea. Through it the solar
energy absorbed by the ocean is transferred to the atmosphere. After it enters the atmosphere, water
vapor and its condensed form, cloud, will affect the radiative property of the atmosphere in a very
complicated way to further influence the air-sea interaction. Our knowledge about the water vapor
in the atmosphere is mainly based on the observations from land stations; it is especially imperfect
in the tropics since the oceans cover 75% of the region. It is not clear how water vapor changes
from La Nifia to El Niflo in the tropics, and therefore it is also not clear how the new heat-balance
is established in the atmosphere when the additional latent heat enters the atmosphere.
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Water vapor is linked with temperature by the Clausius-Clapeyron equation (Haltiner and Martin,
1957)
de* (T) Ly (5.1)
e*(T) RvT 2
where e* is the saturation water vapor pressure in hPa and T the temperature in K. Ly and Ry
are the latent heat of evaporation and the gas constant of water vapor respectively. Ignoring the
temperature dependence of Ly, we have the integrated form of the above equation
e*(T) = e*exp[ Ly 1 - ) (5.2)0 Ry To T
where e* is the saturation water vapor pressure at a reference temperature To. Equation 5.2 states that
the water vapor pressure increases exponentially with the temperature (Peixoto and Oort, 1993).
Including the temperature dependence of Ly complicates the integration of equation 5.1; semi-
empirical equations are usually used in this case (Emanuel, 1994). Since the atmosphere is usually
not saturated, the actual water vapor depends on the relative humidity, which is further related to
how well the boundary layer is ventilated. No analysis has been shown in the literature about how
the relative humidity changes over the oceans between La Niia and El Nifno years.
In this chapter, a water vapor climatology at the surface will be constructed using the ship and
land observations. This climatology can provide us more reliable water vapor variations than that
obtained using the data from surface stations, especially over the oceans. EOF analysis is then used
to find the major modes of water vapor variations. Water vapor changes between a warm and a cool
SST year are compared. After the analyses, we try to find how water vapor varies with the SST.
The vertical distribution of water vapor is needed for the calculations of radiative fluxes in Chapter
7, and therefore will be also constructed in this chapter.
5.2 Data
Ship measurements from COADS are the major data set for the water vapor at the oceanic surface.
Over land, the surface observations from the World Monthly Surface Station Climatology (Spangler
and Jenne, 1990) are used. There are 1254 stations included in the data set for the tropical regions
(30 S - 30 N); the geographical distribution of the stations is given in Figure 5.1 a. Radiosounding
observations from "Monthly Rawinsonde Data: Climate Reports" (Jenne and Crutcher, 1976) are
used to construct the vertical profile of water vapor. There are 343 radiosounding stations in the
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tropics; their geographical distribution is given in Figure 5.1b. Specific humidity (q) larger than
saturation or four times of its standard deviation is removed. At the surface, the water vapor data
from COADS are combined with that from station observations; linear interpolation is used to fill
the data gaps.
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Figure 5-1: Distribution of surface (a, top) and radiosounding (b, bottom) stations in the tropics.
Much more efforts are needed to obtain the vertical distribution of q since interpolation would
not give reasonable results for such sparse radiosounding stations in the tropics (Figure 5.1b). The
empirical Smith equation (Smith, 1966) will be used to construct the vertical profile of q in the
areas of without radiosounding data. The Smith equation has been used by several authors (e.g.,
Stephens, 1990; Liu, 1991); a similar equation has been used by Manabe and Wetherald (1967). Liu
(1991) found that for the time scale longer than two weeks, the Smith equation adequately describes
the water vapor changes with altitude. The vertical profile of water vapor in the Smith equation is
expressed by
q = q8(L)A (5.3)
Ps
where q and q, are the specific humidities at pressure level p and p, (surface), and A is a scale factor
which depends on latitude and season (Smith, 1966). Radiosounding observations were used to
determine the scale factor A; the results are given in Figure 5.2 for annual mean. The A over the
oceans varies from 3.0 over the warm pool region to 3.8 over the South Atlantic. Seasonal change is
not large over the oceans, about 0.2. Stephens (1990) found A equal to 3.5, close to the values over
the central oceans in this study. A is then used to reconstruct the vertical profiles using the surface
water vapor data in the area where no sounding observation is available. The reconstructed profiles
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at sixteen stations are shown in Figure 5.3 together with the observations. The reconstructed profiles
fit with the observed ones reasonably well at ten stations. The Smith equation works satisfactorily at
some stations, such as Yap (9.5*N, 138.1*E; WMO number 91413) and Honiara (9.4'S, 160.0'E;
91517); the reconstructed profiles are almost identical to the observed ones. Projecting the ten
stations on the map of deep convection frequency (Figure 6.4), one can find that all these stations
are located in the area where the annual mean frequency is above 5%. The Smith equation does
not give satisfying results at the other six stations. At station Hilo in Hawaii (19.7*N, 155. 1W;
91285), the reconstructed q is higher between 750 and 500 hPa but lower below 750 hPa than the
observed one. The level of 750 hPa is about the cloud top in this area (see Figure 6.9). A similar
situation also exists at Atuona (9.8'S, 139*W; 91925) and Johnston Island (17.3*N, 169.5 0W;
91275); these stations are usually under the control of subsidence. The stations Kwajalein (8.7 0N,
167.7'E; 91366), Tarawa (1.4'N, 172.9*E, 91610), and Nandi (17.8'S, 177.5 0E; 91680) are at
the border area of deep convection. At these three stations, the Smith equation underestimates the q
in most of the troposphere. In general, the Smith equation works well in the deep convective area,
but underestimates the q in the lower troposphere and overestimates the q in the middle troposphere.
The equation is not suitable for the daily observations. The vertical profiles of individual sounding
show plenty of fine-layer structures: The water vapor-rich layer is often intervened by the water
vapor-poor layer with the vertical length scale of about 400 m in the atmosphere (Newell et al, JGR,
in press).
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Figure 5-2: The vertical structure coefficient of water vapor (A) determined from radiosounding observations.
5.3 Water vapor distributions
The regional distribution of specific humidity at the surface is shown in Figure 5.4a. The pattern
of q follows closely that of the SST (Figure 2.2), which is the results of the Clausius-Clapeyron
equation and the near-constant relative humidity at the oceanic surface. Over the tropical oceans
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the relative humidity is about 80% in all months although the SST can change several degrees from
winter to summer (see Appendix D). The annual mean q at the surface reaches its peak amount of
about 17 - 19 g(kg)-' on the equator, decreases to 13 - 15 g(kg)- 1 at the latitudes of 300. The
maximum q of 19 g(kg)-' occurs over the ocean east of Philippines and New Guinea and over the
limited area near Sri Lanka. Annual mean q is above 18 g(kg) -1 over the tropical Indian Ocean and
western Pacific between 10 S and 15'N; it is also above 18 g(kg)- 1 over the oceans near Central
America and the Mouth of the Amazon. Over the TEP region, the annual mean is 3 - 5 g(kg)-I
less than that over the TWP at same latitude. Compared with the results of Newell et al. (1972),
the inclusion of ship observations increases the surface specific humidity by 0.5 - 1 g(kg)-1 over
the tropical oceans.
The water vapor distribution at 850 hPa is given in Figure 5.4b. Its pattern follows that of the
q at the surface. Maximum water vapor occurs over the deep convective regions in the warm pool,
Central and South America, and central Africa. Maximum annual mean q is 11 g(kg)-1 over the
warm pool and 10 g(kg)-1 over the other two deep convective regions (top panel). Over the cool
water in the eastern parts of oceans, q is about 7 - 9 g(kg)-1. Over the Sahara region q is very
low, less than 4 g(kg)-1. At 500 hPa, q drops to 1 - 2 g(kg)-1 (Figure 5.4c). Moist area (q >
2 g(kg)-') generally corresponds to deep convective regions. South Asia is included in the moist
area because of the high q in northern summer, which leads to the bias of the maximum water vapor
area toward the northern subtropics in the Pacific-Indian Ocean section. Such a bias is even clearer
at 300 hPa (Figure 5.4d); water vapor reaches 0.4 g(kg) -1 and above over the Bay of Bengal and the
South China Sea; which is the second highest value in the tropics. The strong Indian and Southeast
Asian monsoon contributes to the high water vapor content at upper levels in these regions. The
maximum water vapor of 0.4 - 0.5 g(kg)-1 at 300 hPa occurs east of New Guinea. Elsewhere in
the tropics water vapor is about 0.2 - 0.3 g(kg)-1.
Water vapor at both the surface and in the free atmosphere shows considerable seasonal varia-
tions, especially over Southeast Asia. The specific humidity at four representative months (January,
April, July, and October) is given in Appendix D.
5.4 Water vapor variations
The change of the surface water vapor is right at the beginning in a chain of the air-sea interaction
when the SST becomes warm. It would be followed by the modifications of cloud, wind field
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Figure 5-4: Annual mean specific humidity (g(kg) 1 ') at the surface, 850 hPa, 500 hPa, and 300 hPa.
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(including vertical component), precipitation, and the radiation in the atmosphere. The spatial
pattern and temporal behavior of the water vapor variations can inform us whether the water vapor
field can reflect the changes in the oceans and what is the feedback of modified circulation on the
water vapor in the atmosphere.
The spatial pattern of the water vapor changes can be described by EOF analysis. EOF analysis,
the same as that used in Chapter 2, has been applied to the land and ocean combined data set and
the oceanic data set only. The results show that the first two seasonal modes are almost identical,
but the higher modes are different. The inclusion of land data overwhelms the features over the
oceans. The variability of the water vapor over Saudi Arabia, South of Himalayas, and southern
Africa are two-three times larger than that over the oceans (Figure 5.5). The higher EOF modes
show these areas as their key regions, which covers the features over the oceans. Verstraete (1978)
has shown that EOF is sensitive to individual data points with large anomalies; the pattern of EOF
can be greatly distorted by a few such points. For this reason, the results of the EOF analysis from
the oceanic data (COADS) will be discussed below, and those from the combined set will be given
as a reference.
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Figure 5-5: Standard deviations of specific humidity at the surface. Unit is in g(kg) 1 .
5.4.1 Seasonal modes
The variances explained by the first two modes are listed in Table 5.1. Some higher modes are
still distinguishable from each other, but they either reflect the interannual variations and are better
discussed in that part, or they explain variances less than 3% and are not linked with a clear physics.
The first seasonal EOF mode explains 64±5% of total variance and is not overlapped with the
second mode. Its time series and regional distribution are given in Figure 5.6a-b. As a comparison,
the regional distribution from the land and ocean combined data is shown in Figure 5.6c, which is
almost identical to Figure 5.6b over the oceans. The mode reaches its minimum in January-February
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and maximum in July-August. This mode shows a basically zonal structure. It is nearly symmetric
about the equator. The influence of the cool water in the eastern Pacific and Atlantic oceans is
reflected by the northward bending of contour lines, which destroys the zonal distribution of the
mode in these regions. It is obvious that this mode is controlled by the solar radiation.
Mode seasonal mode interannual modes
variance (%) error (%) variance (%) error (%)
1 64 5 10 1
2 9 1 3 0.3
3 2 0.2 2.6 0.2
Table 5.1: Variances explained by the first two seasonal and interannual water vapor EOF modes and possible errors.
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Figure 5-6: Time series (a, top) and regional distribution (b, middle) of the first seasonal water vapor EOF mode from
the COADS. As a comparison, the regional distribution of EOF mode 1 including the water vapor over land is given in
the bottom panel (c).
Mode 2 explains 9+1% of total variance and is distinguishable from modes 1 and 3 (Table
5.1). Its time series and regional distribution are given in Figure 5.7; including land data does not
affect much the time series and the distribution. This mode, same as mode 1, also shows an annual
cycle, but it reaches its extremes in April-May and November-December; about two months ahead
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Figure 5-7: Time series (top) and regional distribution (bottom) of the second seasonal water vapor EOF mode; the
results were obtained using the water vapor from the COADS.
of that of mode 1. This mode reflects the in-phase changes between the cool water regions in the
southeastern Pacific and Atlantic and the oceanic region near South Asia. There are four months
delay between the maximum SST and the maximum solar radiation in the cool water regions; but
the SSTs in the northern Indian Ocean reach their maximum in April-May (Figure 2.2), about two
months before the maximum solar radiation at these latitudes. Mode 2 is apparently related to the
maximum SST delay or leading relative to the regular seasonal variations.
5.4.2 Interannual modes
The variances explained by first two interannual modes are listed also in Table 5.1. The modes after
mode 2 can not be separated from their neighbors. The first mode explains 10±1% of total variance.
Its time series and regional distribution are shown in Figure 5.8. For the reason as pointed out by
Verstraete (1978), including land data from some stations in southwestern Asia and southern Africa
greatly distorts the interannual EOF modes; such results do not reflect properly the large scale water
vapor changes in the tropics and therefore are not given. Figure 5.8 shows that this mode, like the
same mode of SST (Figure 2.7), is closely related to El Nifto events. The time series shows peaks
in 1963, 65, 69, and 72-73, all El Nifio years. After 1976, the peaks are less prominent, but the
1982-83 and 1987 El Nifio events are still well defined. The geographical distribution indicates that
the key area of this mode is in the TEP region and that its center is in the El Nifio-3 and El Nifio-4
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regions defined in the Climate Diagnostics Bulletin (Kousky, 1989). In this mode, the increase of
water over the TEP region is accompanied by a smaller increase over the Atlantic and Indian Ocean
and by a decrease over the southwestern Pacific and central North Pacific. There is an apparent
mode change around 1976 in this mode; the mode remains in a higher state after 1976. This mode
change confirms the similar mode change of SST which has been discussed in detail in Chapter 2.
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Figure 5-8: Time series (top) and regional distribution (middle) of the first interannual water vapor EOF mode; the
results were obtained using the water vapor from the COADS.
The second mode explains only 3t0.3% of total variance (Table 5. 1), but is still distinguishable
with mode 1 and mode 3. Its time series and geographical distribution indicate that this mode has
connection with some, but not all, El Nifio events (Figure 5.9). This mode shows peaks in 1963, 72,
76, and 82, but not in other El Niio years (top panel). The pattern of this mode (bottom panel) is
a narrow positive area in the TEP region accompanied with negative areas elsewhere in the tropics.
The positive region is close to the El Nifio-1 and El Niio-2 regions along the coasts and the El
Ni0io-4 in the central equatorial Pacific. When water vapor increases around the equator in the TEP
region, it would decrease in other tropical regions with relative large magnitude over the TWP and
the Atlantic.
The first two water-vapor EOF modes in Figure 5.8-5.9 closely resemble the first two SST EOF
modes shown in Figure 2.7-2.9. The key areas of these EOF modes are in the TEP region. The time
series of both water vapor and the SST modes I show an apparent mode change around 1976. There
are some differences between the water vapor and SST modes: the maximum weight of the water
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Figure 5-9: Time series (top) and regional distribution (middle) of the second interannual water vapor EOF mode; the
results were obtained using the water vapor from the COADS.
vapor modes are located further west compared with that of SST modes in the TEP region, which
is caused by the SST gradient in this region (Figure 2.2) and the exponential relationship between
water vapor and temperature.
5.4.3 Time series of variations of water vapor
The long term variations of water vapor are given in Figure 5. 1Oa for the same four tropical regions
as those in Figure 3.11. In the TWP region, q is about 19 g(kg)- 1 over all the data period, showing
virtually no seasonal variations; there are small-amplitude (-I g(kg)- 1 ) fluctuations on the time
series, but these fluctuations are of high frequency and show nothing to do with seasons. The q in
the TEP region, however, shows substantial seasonal changes; it reaches a minimum of 13 g(kg)-1
in northern fall and a maximum of 18 g(kg) 1 around February; the annual variation is about
5 g(kg)- 1. In the tropical western Indian Ocean and the tropical Atlantic, q is about 18 g(kg)- 1;
the time series are dominated by high frequency fluctuations with an amplitude of about 2 g(kg)-1;
seasonal variations are hardly determined. The anomalies of q are shown in Figure 5.10b. The
interannual variations of q in the TWP region are small, usually within ~0.5 g(kg)- 1 except in the
period of 1949-53, during which the ratio of observations (second panel of Figure 2.1) is only about
20%. In the TEP region, the time series shows considerable interannual variations. q increases and
remains higher in all El Ninio years during the data period; the change of q between El Ninio and La
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Nifia is about 2 g(kg) -1. The time evolution of the q anomalies follows that of SST closely (Figure
2.12). The q anomalies over the tropical western Indian Ocean and the tropical Atlantic are usually
within ± 1 g(kg)~ 1 and show much weaker persistence compared with that in the TEP region.
The difference of the specific humidity (qd) between air and sea at the oceanic surface is
shown in Figure 5.11 a. In the TWP region, qd is about 6 g(kg)- 1 and the time series shows little
seasonal variations after 1966. Before that the time series shows some unusual increasing trend and
fluctuation which may be related to the poor sampling during the early data period (Figure 2.1). The
qd over the TEP is about half of that over the TWP; it fluctuates around the mean of 3.5 g(kg)-1.
qd reaches the maximum around March and the minimum near the end of year; the amplitude of
seasonal variations is about 2 g(kg) -1. The seasonal variations of qd over the tropical western
Indian Ocean are the largest among the four regions, and even larger than the variations of q (Figure
5. 1Oa). The amplitude of the variations is about 4 g(kg) -1, close to the long term mean of qd in this
region (5 g(kg)- 1) and two to three times larger than that in the other three region. The time series
of qd shows a double-peak structure; qd reaches the first peak (-6.5 g (kg)-1) around February and
the second peak (~5.5 g(kg)-1) around November. The minimum of about 3.5 g(kg)- occurs
around July. Comparison with the SST maps in Figure 2.2, one can find that such large seasonal
variations are mainly caused by the SST changes in this region; the SSTs there are 29 - 29.5 C
in April, but are less than 260C in most of the region in July. The relative humidity (not shown)
increases by 5% from April to July, which also contribute to the large seasonal qd variations. In
the tropical Atlantic, qd is 5 g(kg)-', showing the smallest seasonal variations among the four
regions. The anomalies of qd are shown in Figure 5.1 1b. In the TWP region, the anomalies show
little interannual variations except the period before 1966. The unusual variations before 1966, as
mentioned before, may be caused by the poor sampling in this region. The persistent change of qd
occurs only in the TEP region. qd increases in the El Nih-o years and does the opposite in the La
Niia years; the change of qd between the El Nifno and the La Nifia is about 2 g(kg)-. During the
El Niio events, the positive qd anomalies can remain for a year or so. The anomalies of qd over the
tropical western Indian Ocean show less interannual variations than that over the TEP although the
seasonal variability in this region is twice as large as that over the TEP. The interannual variations
over the tropical Atlantic are close to zero.
The geographical distribution of the q differences between El Nifio and La Nifia events is shown
in Figure 5.12, which is consistent with the EOF results in Figure 5.8-5.9. The largest water
vapor changes between warm and cool years occur over the TEP region. q increases by more than
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Figure 5-10: Specific humidity (left) and its anomalies (right) over the tropical oceans
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1 g(kg)- in the area from the date line to the western coasts of South America around the equator;
the increase maximizes along the coasts of Ecuador and Peru. To the north and south of this area,
q decreases by 0.5 - 1 g(kg)-1. Over the TWP region, q is also reduced slightly. Elsewhere in the
tropics, there is little evidence of water vapor changes between El Niio and La Nifia events.
The changes of water vapor between 1987 and 1985 are shown in Figure 5.13. The selection
of these two years is because they are covered by the ISCCP cloud data and the radiative effects of
cloud and water vapor can be compared. The water vapor changes over the Pacific is similar to that
shown in Figure 5.12; spatially coherent increases in 1987 are shown over the TEP region along the
equator. The maximum increase is 1 - 1.5 g(kg) -1, a little lower than the average in Figure 5.12;
but it is reasonable considering the fact that 1987 is a mild El Nino year and 1985 a mild La Niiia
year. The water vapor over the Atlantic and Indian Ocean also increased in 1987, but the increase
is usually less than half of the change over the TEP region. Over land, the change of water vapor is
more regionally dependent.
The difference of specific humidity between air and sea (q) is also crucial for the air-sea
interaction. The regional distribution of the changes of qd between the El Nifio and La Nifia events
is given in Figure 5.14. The pattern of the changes is in general similar to that of water vapor changes
shown in Figures 5.12 and 5.13. During the El Ninio period qd increases by 0.5 - 1.5 g(kg)-' over
the TEP region but decreases by around 0.5 g(kg)-1 over the TWP region. The maximum increase
is not located along the coast, as the SST changes did in Figure 2.11, but shifted to 100 - 120'W
along the equator. The increase of qd may be caused by the decrease of the relative humidity (RH)
over the ocean during the El Niio period since the stability should be reduced and the ventilation of
the boundary layer enhanced due to the warm SST. But the RH changes show that this possibility
may exist but at least does not play a major role in the changes of qd (Figure 5.15). In the Figure the
changes of RH are very noisy south of 40'S and north of 60'N due to the sampling problem (Figure
2.1), but they are coherent elsewhere over the oceans. The RH shows a slight decrease (~ 1%) over
most of the tropical oceans from the La Nifia to the El Nifio event. The pattern of the RH changes
does not fit with the that of water vapor changes. This decrease of RH in the TEP region can explain
at most a qd change of 0.1 - 0.2 g(kg) 1 , 10% or less of the qd change there. The calculation
according to the Clausius-Clapeyron equation can show that the change of qd shown in Figure 5.14
is mainly the result of exponential relationship between the water vapor pressure and temperature.
The large circulation changes between the El Niio and La Nifia events do not have much influence
on the RH at the oceanic surface; the adjustment of the evaporation over the oceans is fast enough
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to keep the RH almost constant during the events.
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Figure 5-12: Changes of water vapor ( g(kg) 1 ) between El Niflo and La Nifia events.
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Figure 514: The changes of specific humidity difference between sea and air from La Ni a to El Niio. Zero contour
has been omitted for clarity. The unit is gkg'.
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Figure 5-15: The changes of relative humidity from La Nina to El Nifio. The contour interval is 2, and zero contour
has been omitted for clarity. The unit is percentage.
5.4.4 Water vapor changes in the free atmosphere
Since the Smith equation (Eqn. 5.3) has been applied to obtain the water vapor in the free atmosphere
where no radiosonde observations are available, the variations of water vapor in the free atmosphere
obtained in this work are similar to that at the surface. A better way to examine these variations
is to use the observations from radiosounding stations. The water vapor changes at 500 hPa and
300 hPa between the El Niio and La Nifia events during the 1961-90 period from 122 stations are
given in Figure 5.16. Although there are large gaps in the figure, it still shows that the changes
of water vapor bear some consistent features with the water vapor changes at the surface shown in
Figure 5.12. At 500 hPa, the specific humidity (q) in El Nifio years increased over the southeastern
South Pacific but decreased over the southwestern South Pacific and the northwestern North Pacific.
Water vapor also decreased in El Niiio years over the Maritime Continent and South Asia and the
Amazon Mouth area in South America. The pattern of q changes at 500 hPa is similar to that of q
changes at the surface in the tropical Pacific in Figure 5.12 and to that of cloud changes between El
Niio and La Niia years shown in Figure 6.11. The changes of q over the Caribbean Sea are not
coherent; both the increases and decreases of q occurred in the stations very close to each other.
The water changes at 300 hPa in general still show the similar pattern as that at 500 hPa, but the
area of increasing water vapor at this level over the Pacific expanded more westwards than at 500
hPa. The q over the Caribbean Sea showed more coherent increases at 300 hPa.
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As a comparison, the water vapor changes between El Nino and La Nifia years at the surface from
the same radiosounding stations are given in the bottom panel of Figure 5.16. The changes from
the surface stations have also been calculated; they show the same basic features. For consistency,
only the results from radiosounding stations are given in this figure. It is interesting to note that the
changes of water vapor in the middle troposphere are usually in phase with those at the surface over
the oceans but may be out phase over land. From La Niia to El Niio, water vapor increases over the
southeastern tropical South Pacific from the surface to 300 hPa but decreases over the southwestern
and northwestern tropical Pacific. However over the deep convection areas over South America, the
Maritime Continent and Africa (three chimney regions), water vapor usually increases at the surface
but decreases at 500 hPa and 300 hPa from La Niia to El Nifio. Above 300 hPa, radiosounding
observations can not give reliable values for water vapor (Elliott and Gaffen, 1991), but the satellite
observations of the SAGE II show a substantial increase of very high level circus (above 10 km)
over the three chimney regions in the tropics (Kent et al., 1995). Combination of radiosounding
observations with the SAGE II results indicates that water vapor increases at the surface and near
the tropopause but decreases in the middle troposphere from La Niia to El Niio over the three
chimney regions. One possible explanation for such vertical water vapor changes is that during
an El Nifio year, the anomalous subsidence over the land chimney regions depresses the deep
convections there, which leads to the accumulation of CAPE in the troposphere. Meanwhile the
higher boundary layer temperature and water vapor (Figure 5.16) raise the boundary layer 0, and
therefore increase the instability of the atmosphere. As a reslut convections become deeper when
they happen; these deep convection plumes can bring water vapor to the region near the tropopause
while the anomalous sinking motion dries the middle troposphere. More data analyses are needed
to verify this explanation.
The northern part of Indian Subcontinent shows a systematic decrease of water vapor from
surface to 300 hPa during warm SST years. This decrease is consistent with Walker's Southern
Oscillation frame (Walker, 1923). The rainfall of the Indian Peninsula from June to September is
one of the components of his oscillation. Walker found a significant correlation coefficient (-0.62)
between the rainfall in the Indian Peninsula and the pressure in southeastern Australia. Ropelewski
and Halpert's (1987) precipitation index also shows that drought are dominant in El Nino years in
India although they can also occur in other years. Unfortunately, the station coverage is very poor
in the tropical oceans, especially in the TEP region-an key area of water vapor changes according
to the ship observations (Figure 5.12); the variations obtained from the radiosounding stations can
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not give us a complete fact of the water vapor changes with SSTs.
5.5 Summary
The interannual variations of the water vapor at the surface in the tropical regions are dominated
by the variations in the tropical eastern Pacific. The first mode of interannual variations is a typical
El Nifio mode, and the second is partly related to the El Nifio. The water vapor increases by
1 - 1.5 g(kg)-' from cool to warm SST years in the tropical eastern Pacific, and the increase is
spatially coherent; there are no similar increases observed in the other tropical regions. Meanwhile,
the difference of specific humidity between air and sea also increases by about 0.5 - 1.5 g(kg)-I
in the tropical eastern Pacific, but not in the other regions, from cool to warm years. The changes
occurring in the tropical eastern Pacific are persistent; they can remain for a year or so. The changes
with comparable magnitude can also occur in other tropical regions in individual months, but they
are much less persistent. The changes of surface water vapor and the water vapor difference between
air and sea indicate again that the TEP region is a major area where substantial influences of the
oceans can be passed to the atmosphere.
The relative humidity over the oceans remains almost constant during both El Niio and La Niia
events, about 80 - 85%. The changes of the specific humidity and the specific humidity difference
between air and sea are mainly caused by the exponential relationship between the water vapor
pressure and temperature.
The seasonal variations of tropical water vapor follows the changes of solar radiation in general;
the first EOF mode of water vapor reaches its extremes around January and July. However the
underneath SSTs can affect the seasonal variations of water vapor considerably in the eastern part
of the tropical Pacific and Atlantic ocean; the cool SSTs in the eastern parts of the tropical Pacific
and Atlantic destroy the zonal distribution of the water vapor over these regions. The discrepancy
between the maximum SSTs in the cool water regions and in the northern Indian Ocean and the
seasonal movement of the sun can also modify the seasonal variations of water vapor, which leads
to the second EOF mode to peak around April-May.
The specific humidity obtained from ship measurements is about 0.5 - 1 g(kg)-I higher than
that obtained from island stations. The maximum annual mean water vapor is about 19 g(kg)-1,
occurring over the oceans east of the Philippines and New Guinea. In northern summer, the water
vapor over South Asia and its adjacent oceans is much higher than that in other regions; q exceeds
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Figure 5-16: Water vapor changes (10-2 g(kg)-) between El Niino and La Niia events from radiosounding stations
at 300 hPa (top), 500 hPa (middle), and the surface (bottom).
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20 g(kg)-1 over the South China Sea and the Philippine Sea and over the Bay of Bengal. Vigorous
convection also makes the water vapor in the upper levels much higher in this region than that over
other regions in north summer.
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Chapter 6
Cloud Variations in the Tropics
6.1 Introduction
In the previous chapters, we have shown that in warm SST years, significant increases of SST,
latent heat flux, and water vapor have occurred only in the tropical eastern Pacific Ocean. When
condensation occurs, this additional water vapor would deliver the latent heat it carries to the
troposphere, which would warm the troposphere. But the total effect of this additional water vapor
on the atmosphere is more than that. When the additional latent heat is released, the horizontal and
vertical motions in the atmosphere will be affected. The model results in Chapter 4 show that the
latent heat release in a limited area can result in local rising motion and large scale sinking motion.
But it is not clear whether such motions occur in the real atmosphere, and if they do, what their
geographical distributions are. Since clouds are closely related to vertical motion, their changes can
be used to verify the model results.
The cloud change has a fundamental effect on the radiation in the atmosphere (see Chapter
7). The cloud amount, top level, and optical depth can all affect the near infrared absorption
and infrared radiation of the atmosphere, which would directly modify the heat balance in the
atmosphere. Clouds can also affect the radiation at the surface, which would indirectly affect the
energy balance in the atmosphere. With such close interrelationships between cloud and the energy
balance in the troposphere, it is necessary to know the distribution and time variations of clouds in
order to understand how the tropospheric temperature is affected by SSTs. The results of radiative
calculations in Chapter 7 indicate that both the cloud amount and the cloud top level are crucial
to the cloud effect in the atmosphere; therefore both of these quantities will be discussed in this
chapter.
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Although cloudiness is a key element in our climate system, it is the one known least, especially
over the oceanic areas, because of its high variability. Different cloud data sets usually do not
agree, even for observations from satellites (Hughes, 1984). Hahn et al. (1982, 1984) and Warren
et al. (1986, 1988) compiled four volumes of a cloud atlas as background material for cloud remote
sensing. This atlas is the most detailed data set from surface observations. The observations from
ships were incorporated into the atlas, which greatly improves the data coverage over the oceans.
However sampling problems are inevitable for the surface observations: Not many ships go to the
oceans south of 40 'S in southern winters; even in low latitudes, cloud observations are usually made
along ship tracks several days apart, which makes observations less reliable in representing a broad
area on a time scale of a few days because of the large spatial and temporal variability of clouds.
Subjective determinations of cloud amount add more uncertainty to the cloud observations from
the surface: Cloud amount is estimated and therefore depends on the experience of the observer;
night observations are often little more than guesses no matter how experienced the observer. Cloud
observation from space can overcome the problems of surface observation; but such data are only
available in recent years, and the technology of the retrieval of cloud information is still in a
developing stage. Because of these limitations, the cloud response to changes in SST is still a
controversial topic. Some authors found no close relationship between cloud and SST when SST
is above a certain threshold (e.g., Graham and Barnett, 1987; Waliser et al., 1993), while others
argued that deep convective cloud would increase smoothly with increasing SST if there is no other
unfavorable condition for convection (e.g. surface wind divergence), which implies that there is no
threshold temperature at all (e.g., Fu et al., 1990; Zhang, 1993).
In this chapter, the ISCCP cloud data set is used to construct a more reliable cloud climatology
in the tropics; the pattern of cloud distribution is analyzed. The interannual variations of cloud
are discussed and compared with the model results in Chapter 4. Finally, the relationship between
cloud and SST is examined. Through the analyses, we hope to find out how clouds respond to the
SST changes in the TEP and whether the cloud changes support the model results. The results in
this chapter will be further used in the next chapter to investigate the cloud effect on the radiation
in the atmosphere.
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6.2 Data
The data set from the International Satellite Cloud Climatology Project (ISCCP, Rossow and Schiffer,
1991) is used in this work. The ISCCP provides the most comprehensive cloud information as a
whole. The data set includes not only the conventional cloud amount but also the cloud top level
and the cloud optical property, which makes it possible to investigate the radiative effect of clouds.
The spatial coverage is near global, and sampling frequency up to 48 times a day (Schiffer and
Rossow, 1985).
The ISCCP is part of the World Climate Research Program (WCRP); its main goals are to
establish a reliable global cloud climatology and to improve our knowledge of the radiative processes
in the climate system. The project started in July 1983. Up to 1990, twelve satellites from different
regions have contributed to the data set (Table 6.1). The Project involves three data processing
stages. At stage A, the visible (- 0.6p) and infrared (- 1 1p) radiances measured from satellites
are collected and calibrated; their resolutions are reduced to three hours in time and ~ 10 km in
space; overlapping data are deleted. The output data of stage A are normalized to a single standard
radiometer and their spatial resolution is further reduced to ~ 30 km at stage B. The radiance data
from stage B are then used to retrieve cloud amount, height, top temperature, and optical depth at
stage C. The retrieval includes three steps: cloud detection, radiative model analysis, and statistical
analysis (Rossow and Schiffer, 1991). The output of the retrieval is C1 and C2 data: Cl data are
daily values and C2 data monthly values, both in the temporal resolution of three hours and the
spatial resolution of ~ 280 km. The C2 data from July 1983 to December 1990 are used in this
work. The data precision for 30-day average is 3% for the total cloud amount, 5% for the individual
cloud amount, 1 km for the middle and high cloud top heights, and 0.5 km for the low cloud top
height (Schiffer and Rossow, 1985). The details of data processing can be found in Schiffer and
Rossow (1985) and Rossow and Schiffer (1991).
The cloud properties in ISCCP are determined by the satellite-measured upwelling radiance;
therefore satellites can "see" only those clouds whose radiances can be distinguished with their
background radiances. As a consequence, high, optically thin cirrus cloud is very difficult to be
detected by nadir viewing satellites (Wang et al, 1994). Liao et al. (1995a) found that one third
of high-level cloud with very low optical depth (< 0.1) observed by the Stratospheric Aerosol and
Gas Experiment II (SAGE II) are missed in the ISCCP and that the two data sets agree very well
if the cloud with very thin optical depth (<0.008 km-) is removed. Due to the same reason, the
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Table 6.1: Satellites contributing to the ISCCP data set up to 1990.
cloud-top level determined by the ISCCP is the level which emits the observed radiance; this level is
50 - 100 hPa lower than the physical cloud-top because of the existence of diffuse cloud top. (Liao
et al., 1995b). These defects of ISCCP data need to be kept in the mind when we analyze the data.
Fortunately the missed cloud in the ISCCP is optically very thin, hence its effect on the radiation in
the atmosphere is expected to be small.
Clouds in ISCCP are classified into ten types according to cloud top pressure and optical
depth (Figure 6.1), but the analyses will be concentrated on total cloud and deep convective cloud.
Total cloud represents the general features of cloud distribution and variations. Deep convective
cloud plays a major role in the heat balance of the atmosphere since the troposphere is in the
radiative-convective equilibrium in the tropics (Emanuel,1994). The influence of the oceans on the
atmosphere is fulfilled mainly through deep convective cloud in the tropics: The latent heat release
happens mainly within convective cloud and the resulting large scale motion can affect a much more
extensive area in the tropics than that in the middle and high latitudes. Therefore the changes of
deep convective cloud can provide useful information about how the atmosphere is affected by the
ocean. High, middle, and low clouds are briefly discussed since the vertical distribution of clouds
can also reflect the vertical motion in the atmosphere.
6.3 Cloud frequency
6.3.1 Frequency of total cloud
Cloud amount is represented by the frequency of pixels containing cloud with the pixel spatial
resolution of 1-12 km (Schiffer and Rossow, 1985); cloud frequency and cloud amount hold the
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satellite coverage type
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Figure 6-1: ISCCP cloud classification. From Rossow and Schiffer (1991).
same meaning in subsequent text. The distribution of the annual mean frequency of total cloud is
given in Figure 6.2. The frequency varies from about 20% over the Sahara desert area to about 80%
over the eastern tropical Indian Ocean. The maximum cloud frequency occurs west of Sumatra; the
annual mean frequency there is 85%. It is worth noting that this maximum frequency is 10% higher
than that over the ocean near New Guinea although the SST near Sumatra is 0.5'C lower than that
near New Guinea. One more observation is worthy of notice: There is an area of reduced cloud
amount between Sumatra and New Guinea. The frequency between Borneo and New Guinea is
about 65%, which is about 20% less than that to its west and 10% less than that to its east; however,
the SST field does not show similar structure (Figure 2.2). The minimum frequency over the oceans
is 30% and occurs over the TEP region away from coasts. Cloud frequency is also relatively low,
less than 60%, over most of the subtropical Pacific. Over the Atlantic region, there is usually more
cloud in its east than that in its west; the frequency is less than 50% over the southwestern equatorial
Atlantic and the Caribbean Sea, but 60 - 70% over the eastern Atlantic. The frequency of total
cloud is around 70% over the regions of deep convection in northern South America, the ITCZ, and
the SPCZ, but it is only about 60% over the area of deep convection in central Africa.
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Figure 6-2: Annual mean frequency (%) of total cloud.
6.3.2 Frequencies of high, middle, and low clouds
Cloud top level can have significant effect on the radiation in the atmosphere. The cloud with
high top level can trap more long wave radiation in the atmosphere and hence causes warming
the atmosphere, but the cloud with low top level blocks the long wave radiation from the surface
and results in cooling the atmosphere (see Chapter 7 for details). But total cloud discussed in the
previous section does not give any information about the cloud top level. Therefore total cloud
is separated into high, middle, and low clouds according to Figure 6.1 to examine the vertical
distribution of clouds.
The regional distributions of high, middle, and low clouds are given in Figure 6.3 for annual
means. The high-cloud (above 6800 m) amount (top panel) reaches its maximum over three deep
convection regions: the eastern Indian Ocean and western Pacific region, northern South America,
and central Africa (sometimes simply referred to as the "chimney" region in later text). Over
these regions, the frequency of high cloud ranges from 30% to 40%, which is about a half of their
total cloud frequency. For the annual mean, the high cloud is most abundant over Sumatra; but in
individual months, the high-cloud amounts over South America and South Asia can exceed 50%,
10% higher than that over Sumatra. Although strong convergence is expected in the ITCZ and the
South Pacific Convergence Zone (SPCZ), high-cloud amount is 10 - 20% less than that over the
three chimney regions; the high-cloud amount there is one third of their total cloud amount. Over
the regions of subtropical highs, which cover most of the eastern tropical oceans, the frequency of
high-cloud is less than 10% although the frequency of total cloud is 60 - 80% along the western
coasts of continents in the tropics. Later we can find that the low cloud amount dominates the total
cloud amount.
The frequency of middle cloud (3400 - 6800 m) is about 10 - 15% over most of the tropics; it
is a little higher over the three chimney regions, exceeding 20% in some limited areas, and lower
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in the regions of subtropical high, less than 10%. The middle cloud usually accounts for less than
20% the of total cloud; the middle troposphere (- 3400 - 6800 m) is a relatively cloud-free layer.
Low cloud (< 4000 m) exhibits a pattern very different from that of the high and middle
clouds. The amount of low cloud exceeds 40% over the oceans along the western coasts of South
America, southern Africa, Baja California, and Australia. The low cloud in these regions accounts
for 60 - 70% of the total cloud. Away from the coastal region, the low-cloud amount drops to about
30%, which is about a half of total cloud amount. The low cloud amount over the Maritime Continent
is the lowest over the oceans, about 10 - 20% less than that over the open oceans. This minimum
may be related to the local subsidence associated with deep convection in this area. Over the land
the low-cloud amount is below 10% almost everywhere except along coastal areas, even over the
chimney regions. Such a low frequency may not be all real. The low-cloud amount from surface
observations (Warren et al., 1986) is 10 - 30% higher than that obtained in this study over central
South America. The discrepancy reflects the limitation of satellite observation. Nadir viewing from
a satellite may not "see" lower clouds which occur simultaneously with higher clouds, and therefore
underestimate the frequencies of middle and low clouds. But actual low-cloud frequency should
be between the surface and satellite observations because the surface observers likely overestimate
cloud amount by seeing both cloud bases and sides (Hughes, 1984).
6.3.3 Frequencies of deep convective cloud
Deep convective cloud is important for the temperature change in the troposphere in two ways. First,
it can significantly affect the NIR absorption and IR radiation in the troposphere due to its large
optical thickness; the change of NIR absorption and IR radiation would directly cause temperature
change. Second, the effect of deep convection in the tropical region can reach a much wider area
than that in the middle and high latitudes (see the Gill-model results in Chapter 4). Vigorous
convection in the tropical region is accompanied by local rising as well as remote sinking motions,
which would induce adiabatic heating for the sinking motion and adiabatic cooling for the rising
motion; therefore indirectly affect the temperature change. For these reasons, deep convective cloud
is discussed separately.
The annual mean frequency of deep convective cloud is given in Figure 6.4. As a whole, deep
convective cloud occurs mainly in limited areas; the majority of the oceanic regions is almost free
of deep convective cloud (< 5%, top panel). The frequency of deep convective cloud is about
5 - 10% over the three chimney regions, the ITCZs in the Pacific and Atlantic, and the SPCZ. The
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deep convective cloud over South America or central Africa is concentrated in one area, but over the
Maritime Continent, it is concentrated in three areas, one near New Guinea, one over Borneo, and
one close to Sumatra. In the ITCZs, there is more deep convective cloud in their eastern parts than
that in the western parts due to relative warm SSTs there. The amount of deep convective cloud
exceeds 10% near Clipperton island (10*N, 1 10'W) in the Pacific and near the coast of Liberia in
the Atlantic. The frequency of deep convective cloud in the ITCZ is usually lower than that in the
chimney regions; the difference between them can reach 5 - 10% in some months. If the contour
line of 5% is used as a boundary of ITCZ, the annual mean ITCZ in the Pacific covers about 80 of
latitude and its mean position is at about 10 N; the ITCZ over the Atlantic is slightly wider than
that over the Pacific, and its mean position is about 50 further south.
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Figure 6-4: Annual mean frequency (%) of deep convective cloud.
6.3.4 Variability of cloud frequency
Cloud frequecy exhibits considerable seasonal variations, especially for the deep convective cloud.
The regionally averaged variations for nine regions are summarized in Table 6.2; the coordinates of
these regions are given in Table 6.3. The regional distribution of the variations is discussed in detail
in Appendix E. The first region is the zonal mean and the rest represents the key areas of cloud
changes. Table 6.2 lists the long term mean (July 1983 - December 1990) frequencies of total cloud
and deep convective cloud; the standard deviations are listed in the last column of the table. The
annual mean of the total cloud frequency averaged within 100 latitude of the equator is 65% (top part
of Table 6.2; rounded up to the nearest 5% for the total cloud frequency, but not for the frequency
of deep convective cloud and the change of frequency). In the other eight regions, the total cloud
frequency varies from 55% over the TEP region (Region 6) to 65% over the Maritime Continent
and the SPCZ. The seasonal variations are largest in South Asia; the total cloud amount is 35% in
December-February, but reaches 85% in July-August; the amplitude of annual variations is close to
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its long term mean value of 60%. The zonally averaged annual mean frequency of deep convection
is 7% (bottom part of Table 6.2). In the deep convective regions (Region 2-4 and 7-9), the annual
mean frequencies are 8% in all these regions; the largest seasonal variations is 16%, occurring over
South Asia again. The frequency of deep convective cloud is 5% in the equatorial central Pacific
(Region 5). Over the TEP region (Region 6), deep convection occurs only from February to April.
TOTAL CLOUD
M/R J F M A M J J A S 0 N D Y STD
1 64 62 64 64 63 62 62 63 63 64 64 65 63 1.7
2 76 71 69 62 63 65 63 63 63 66 69 72 67 5.5
3 35 34 39 49 65 82 83 83 76 63 53 36 59 4.9
4 72 77 75 69 65 64 65 60 61 59 65 72 67 4.6
5 68 65 69 66 63 62 62 59 59 60 65 67 64 9.3
6 42 48 53 52 46 50 56 59 60 57 55 51 53 3.9
7 51 48 48 57 68 76 76 75 76 73 67 59 65 3.0
8 77 78 78 69 58 48 40 43 53 67 72 77 63 4.2
9 53 59 66 67 59 51 56 61 64 66 61 55 60 3.5
DEEP CONVECTIVE CLOUD
M/R J F M A M J J A S O N D Y STD
1 7 7 7 7 7 6 6 6 6 7 7 7 7 1.0
2 12 10 10 7 7 7 8 7 8 8 9 10 8 2.3
3 1 1 1 4 8 16 17 17 12 7 5 1 8 2.3
4 10 12 11 9 7 5 5 4 5 6 7 11 8 1.9
5 6 5 6 6 5 5 5 5 5 5 5 5 5 2.3
6 0 1 2 2 0 0 0 0 0 0 0 0 0 0.4
7 3 3 3 6 10 12 12 12 12 10 6 4 8 2.2
8 13 13 11 9 5 3 2 3 5 9 11 12 8 2.0
9 7 8 9 9 7 5 6 7 9 10 9 8 8 1.1
Table 6.2: Regional mean frequencies (%) of the total cloud and deep convective cloud and their standard deviations.
Table 6.3: Coordinates for the nine regions in Table 6.2.
The time series of total cloud anomalies are shown in Figure 6.5. The anomalies of zonal mean
are very close to zero; the standard deviation is only 2% (Table 6.2), less than 1/30 of its long term
mean. The total cloud increased by 3 - 5% in the later 1986 and early 1987, which is significant
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region latitiude longitude
T tropical band 10S - ION 0- 360
2 Maritime Continent 15S - ION 90 - 140E
3 Southeast Asia 10 - 25N 80 - 110E
4 SPCZ 20-5S 140E - 170W
5 cent. equ. Pacific 10S - ION 180 - 150W
6 east. trop. Pacific 20S - 0 120 - 90W
7 Central America 0- 15N 110 - 60W
8 South America 20S - 0 80 - 40W
9 cent. Africa 10S - 1ON 5 - 40E
at the 95% level. This increase is mainly caused by the total cloud change in the central equatorial
Pacific (Region 5). The total cloud anomalies there remained positive from May 1986 to December
1987, and the largest increase exceeded 20%, which is also above the 95% significance level.
Although most of these positive anomalies do not pass the 95% significance level, such persistent
positive anomalies can not be the result of any random processes. Over the Maritime Continent, the
anomalies remained negative in the most of 1987; the total cloud was reduced by about 5%. Over
other regions, the changes of cloud amount are not very obvious; total cloud slightly increased over
the TEP region and decreased over the South Asia and South America in the 1987 warm SST year.
The anomalies of deep convective cloud are shown in Figure 6.6. The zonally averaged frequency
shows a decreasing trend, which obscures the real change of deep convective cloud during the data
period. the anomalies are very close to zero over the period of 1985-88, but show step-function
changes before and after. There were satellite failures and replacements in 1984 and 1989 (Rossow
and Schiffer, 1991), which may cause the trend. Apart from the trend, the zonal mean frequency is
stable over the data period. Careful examination of the time series reveals a slight increase in 1987.
The regional means in the central equatorial region show persistent increases of deep convective
cloud from December 1986 to the end of 1987; the increase is about 3% if averaged over 1987,
but in the individual months it can exceed 5%. Since the long term mean is 5% and the standard
deviation 2% (Table 6.2), the increases are substantial. The anomalies in the Maritime Continent
remained below zero during the most of 1987, and deep convective cloud was reduced by 1 - 2%,
which is about 10% of its climatology. The time series also show a discontinuity before 1985 and
after 1989, as discussed above.
6.3.5 Interrelationship between cloud changes in different regions
Cloud is the product of vertical motion and moisture; its change in one region is connected with
changes in other regions. When SSTs cause a cloud change in one area, the influence of SSTs is not
limited to this area. Therefore, how cloud changes in one region are related to the cloud changes
in other regions is useful information for exploring the effect of SSTs on the whole tropics. Such
information can not be extracted from the previous section. The EOF analysis used in Chapter
2 is employed again to investigate the interrelationship between the cloud changes over different
regions. The previous section has shown that the changes of total cloud and deep convective cloud
in a warm SST year are substantial in the central equatorial Pacific (CEP) but quite small elsewhere.
EOF can separate the total variance into different modes and therefore it is capable of picking up
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Figure 6-5: Time series of the frequency anomalies of total cloud.
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Figure 6-6: Time series of the frequency anomalies of deep convective cloud.
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some useful but weak signals from raw data, which is suitable for the present investigation.
The first interannual mode of the total cloud and the first two interannual modes of deep
convective cloud are closely related to the oceans. The variances explained by these eigenmodes are
listed in Table 6.4. The first mode of the total cloud is shown in Figure 6.7. Its time series (Figure
6.7a) and regional distribution (Figure 6.7b) indicate that this mode is related to the El Nifno events.
This mode explains 13 ± 2% of total variance and is distinguishable from the second mode. The
mode peaks in the 1986-87 El Nifio period. The maximum weight is given to the CEP region and the
Maritime Continent. In this mode, the increase of total cloud over the CEP region is accompanied
by a decrease of total cloud over the Maritime Continent and the eastern tropical Indian Ocean. The
area of reduced cloud amount extends from the Maritime Continent northeasterly and southeasterly
to middle latitudes in the Pacific. The cloud changes over the areas east of the CEP region do not
show spatially coherent patterns, and their contribution to the mode is only 10 - 20% of that of the
CEP region.
Mode total cloud deep convective cloud
variance (%) error (%) variance (%) error (%)
1 13(*) 2 13(*) 2
2 - - 9(*) 1
Table 6.4: Variances explained by the first interannual total cloud EOF mode and the first two interannual deep
convective cloud modes and their possible errors. "*" represents the mode being different from its neighbors.
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Figure 6-8: Time series (a and b, first two panels) and regional distributions (c and d, third and fourth panels) of the
first and second interannual EOF modes of deep convective cloud
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The first two interannual modes of deep convective cloud are both related to cloud changes over
the CEP region. They explain 13 ± 2% and 9 ± 1% of total variance respectively (Table 6.4), and
both are significantly different from their neighbors. Mode 1 reaches its maximum in 1984 and 1988
and its minimum in 1986-87 and 1990 (Figure 6.8a). In this mode, the decrease of deep convective
cloud over the CEP region is accompanied by an increase of deep convective cloud over the Maritime
Continent and the eastern tropical Indian Ocean and over South America (Figure 6.8c). This mode
represents the cloud variations in the La Niia years; the cloud variations are consistent with the
rainfall in the Amazon River Basin (Eagleson, 1994) and in the India and Australia (Ropelewski
and Halpert, 1987). Mode 2 is obviously related to the El Nifio event. This mode peaks in 1986-87
(Figure 6.8b). The weight in the CEP region can be five times larger than that in other regions
(Figure 6.8d). In this mode, the increase of deep convection over the CEP region is accompanied by
a decrease of deep convection to its west, south, and north in the Pacific; the largest decrease occurs
over the Maritime Continent and the SPCZ. But deep convection is strengthened over the ITCZ in
the eastern Pacific, Central America and northwestern South America, and the southwestern edge
of the subtropical high in the South Pacific. These two modes indicate that the El Niio and La Nifia
events are not symmetrical; the coverage and magnitude of deep convection changes in these two
modes are very different.
6.4 Cloud top level
Cloud top and bottom levels can have significant effect on the vertical distribution of radiative
fluxes (see Chapter 7). The large scale distribution of cloud top level is also a good proxy for large
scale vertical motion: Depressed cloud top represents a large scale sinking and therefore adiabatic
warming of the atmosphere; elevated cloud top indicates the opposite. Cloud vertical position, same
as cloud amount, is also critical for the energy balance in the atmosphere; but existing cloud atlases
provide little information about it. Cloud top level is included in the ISCCP data, but cloud base
is also needed in order, to fully determine the vertical position of cloud. However, the relationship
between cloud thickness and cloud top is relatively stable in the tropics (Poore et al., 1995); therefore
cloud top level can still serve as an approximation of cloud position. In this section, a climatology
of cloud top levels will be constructed; the seasonal and interannual variations of cloud top levels
will be discussed. Through the discussion, we hope to provide a background for understanding
the radiative property of the troposphere. The discussion will include the total cloud and deep
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convective cloud.
6.4.1 Top level of total cloud
The top pressure of total cloud is shown in Figure 6.9. Over the tropical Pacific and Atlantic oceans,
the annual mean cloud top tilts eastwards. Near the equator, the cloud top is 400 - 450 hPa (6,700
- 7,600 mi) over the warm pool region. It is lowered to 750 hPa (2,500 m) over the cool water
in the TEP region; this level should be the top of the inversion in this region. The cloud top over
the western Pacific is 5,000 m higher than that over the eastern Pacific. The steepest gradient of
cloud top level occurs over the region from the date line to 150*W; this region is the boundary
between the rising motion to the west and the sinking motion to the east. Over the Atlantic ocean,
the east-west difference of cloud top is only about 150 hPa (1,800 m); the cloud top varies from 600
hPa (4,300 m) in the west to 750 hPa (2,600 m) in the east. Over the Indian Ocean, the cloud top
tilts towards the west; it decreases from less that 400 hPa over Sumatra to 600 hPa over the eastern
coast of Africa. The cloud top over Sumatra is the highest over the tropical oceans. Away from the
equator, cloud top usually shows a gentle slope: The east-west difference of cloud top is 100 hPa
(1,200 m) over the Pacific basin and 50 hPa (600 m) over the Atlantic basin. The top level of total
cloud over land is usually higher than that over the oceans. The top of total cloud exceeds 500 hPa
(5,700 m) over most land areas, but over the oceans, such high cloud top only occurs over the warm
pool. Cloud top is the highest over central and southern Africa, above 450 hPa, and the lowest over
South America, about 450 - 500 hPa.
The seasonal variations of total cloud top are fairly large, especially over the chimney regions;
they are discussed in Appendix E.
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Figure 6-9: Top pressure (hPa) of total cloud.
'For convenience, the altitude in meters for the standard tropical atmosphere is given as a reference
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6.4.2 Top level of deep convective cloud
For deep convective cloud (Figure 6.10), cloud top peaks around the equator and decreases towards
higher latitudes; it also slopes down from west to east over Pacific and Atlantic, but from east to
west over Indian Ocean. The cloud top of deep convection is above 250 hPa (10,800 m) over the
chimney region in the Maritime Continent and below 300 hPa (9,600 m) over the areas of large
scale sinking (e.g. the subtropical highs). The annual mean cloud top over the warm pool region
is the highest in the whole tropics (top panel). There are two maximum centers in the region, one
over the eastern tropical Indian Ocean and the other over the TWP east of the Philippines and New
Guinea. The cloud top over these centers is above 250 hPa; it even reaches 225 hPa (11,600 m) or
above over the ocean from 80'E to Sumatra between 5*S and 10'N. The deep convective cloud
over South America and central Africa is 25 - 50 hPa (600 - 1200 m) lower than that over the warm
pool region. Deep convection does not often happen over the eastern Pacific and Atlantic oceans
except in the ITCZs, but when it happens, it can also reach quite a high level, about 325 hpa (9,100
m) over the TEP and 350 hPa (8,500 m) over the eastern South Atlantic.
The seasonal variation of the top of deep convective cloud generally follows the change of solar
radiation; the cloud top increases in summer and decreases in winter. The largest seasonal variation
occurs over the warm pool in the Indian Ocean and over South Asia. Over the Indian Ocean. A
detailed discussed is included in Appendix E.
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Figure 6-10: Top pressure (hPa) of deep convective cloud.
6.5 Cloud changes between a warm and a cool SST year
The ISCCP data used in this study covers only one complete El Ninio event, the one in 1986-87.
The SST anomalies in the TEP were above 1*C throughout 1987 (Figure 2.12). La Nina events
were not well developed after 1976 (Chapter 2). The year of 1985 is a relatively cool SST year
in the TEP; the SST anomalies remained below zero in the whole year (Figure 2.12). The cloud
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differences between 1985 and 1987 are chosen to represent the situations between a warm and a
cool SST year.
6.5.1 Changes of cloud frequency
The changes of cloud frequency between 1985 and 1987 are shown in Figure 6.11 a. The frequency
of total cloud (top panel) increased in 1987 over the area from 160'E to northwestern South America
between about 10 S and 10 N. The maximum increase of 20 - 25% occurred around the date line
on the equator; the increase is about one third of its climatology there. To the west, north and east
of this area, the total cloud amount was reduced in 1987. The maximum decrease is about 10%,
occurring over the TWP region and an area centered at 15'N, 155'W. The cloud amount over
Brazil was also reduced by 5 - 10%. But over most of Africa, total cloud showed a slight increase
in 1987.
The contributions to the total cloud change from the high, middle, and low clouds are illustrated
in Figure 6.11 a from the second to fourth panels. The changes of high cloud dominate the variations
of total cloud. The geographical distribution and magnitude of high cloud changes closely resemble
that of total cloud. The deep convective cloud, cirrus, and cirrostratus made similar contributions
to the total cloud increase over the central and eastern equatorial Pacific, but cirrostratus made less
contribution to the decrease of total cloud over the TWP and eastern Indian Ocean. The contribution
from the middle cloud was less than half of the total cloud change; the middle cloud increased by
5% along the equator from 170'E to 90'W in 1987; elsewhere the changes were less than 5%.
The change of low cloud is opposite to that of high cloud. The low cloud amount was reduced
by 5 - 10% over the central and eastern equatorial Pacific; tracking down one can find that the
decrease over the central equatorial Pacific was caused by cumulus cloud while the decrease near
the coasts was related to stratus cloud.
Deep convective cloud is closely related to precipitation and therefore indicates the location of
latent heat release. For this reason, the changes of this cloud type between 1985 and 1987 are shown
in the bottom panel of Figure 6.1 1a. The pattern of the changes is similar to that of total cloud. The
area of enhanced deep convection in 1987 stretched from the central equatorial Pacific to Ecuador
and Colombia in South America. The frequency of deep convective cloud over the central equatorial
Pacific region increased by 5 - 8% in 1987. Comparing this figure with Figure 6.4, one can find
that this region is located in the area where the climatology is less than 5%; therefore an increase of
5 - 8% is a very substantial change. The annual mean frequency of deep convection in the warm
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Figure 6-11: A: Changes of cloud frequencies between 1985 and 1987 for total cloud, high, middle, low, and deep
convective cloud from ISCCP data.
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Figure 6-11: (continued) B: The changes of cloud coverage between El Niflo and La Nifia events from the COADS for
the period of 1949-90.
pool is only about 10%; this increase makes the deep convection over the central equatorial Pacific
as strong as that over the Maritime Continent. Over the eastern Pacific, the deep convection in a
narrow belt (~ 50) along 5*N from 140'W to 70"W increased by 3 - 5% in 1987, which is also a
substantial change since the climatology there is about 5%. The belt is located to the south of the
long term mean position of the ITCZ in the Pacific, indicating that the ITCZ in 1987 was shifted 5'
southward. The increase of deep convective cloud is symmetrical about the equator over the central
equatorial Pacific, but biased toward northern hemisphere in the eastern Pacific. The enhanced deep
convection in 1987 was concentrated over the equatorial central and eastern Pacific; there were no
other areas showing similar coherent increase of deep convection in this year.
The deep convection over the warm pool and Brazil was weakened in 1987; the frequency
there decreased by 3 - 5%, about one quarter of their climatology. The changes of high and deep
convective clouds show a dipole structure over equatorial South America; these two types of cloud
increased west of about 60'W but decreased east of the longitude. The discharge of the Trombetas
River, which is located in the area of reduced deep convective cloud in South America, was reduced
in all El Nifio events (Figure 2.13), which agrees with the changes of deep convective cloud in
Figure 6.11. Over central and south Africa, deep convective cloud in 1987 also decreased, but by
less magnitude (about 2%) compared with the other two chimney regions. The area of diminished
precipitation in sotheastern Africa (Ropelewski and Halpert, 1987) is consistent with the maximum
decrease of deep convective cloud in this area in Figure 6.1 1a.
The cloud changes between El Nifio and La Nifia from the COADS for the 1949-90 period is
given in Figure 6.1 lb. Comparing Figure 6.1 1a with Figure 6.1 1b, one can find that the basic feature
of cloud change between 1985 and 1987 from ISCCP data can represent the general situation. The
long-term COADS data also show a cloud increase over the central Pacific and a decrease over
the TWP and eastern Indian Ocean. One discrepancy is the absence of a cloud increase over the
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equatorial eastern Pacific in the COADS data; the cloud increase over this area may exist only in
1987.
The regional distributions of the total cloud and individual cloud types showed consistent
changes over the equatorial central and eastern Pacific, the warm pool, and South America in
the 1987 warm SST year. Increasing cloud occurred over the area from 160'E to Ecuador and
Colombia; this area is not in, but to the north and west of the maximum SST anomalies in the TEP.
The changes of cloud amount over the warm pool and South America were opposite to that over
the central and eastern Pacific. Although the SST increase in 1987 was limited to the TEP region
(Kousky, 1989), Figure 6.11 shows that the spatially coherent cloud changes from 1985 to 1987
occurred in a much broad area, indicating that the spread of a local SST effect in the atmosphere.
6.5.2 Changes of cloud top level
The changes of cloud top between 1985 and 1987 are shown in Figure 6.12. For the total cloud, the
changes of cloud top and cloud frequency show an in-phase relationship: In the equatorial central
and eastern Pacific, the cloud top (top panel) was raised by 50 - 150 hPa over the area where cloud
frequency (Figure 6.1 la) increased in 1987, while in the warm pool and South America, cloud top
was lowered by about 50 hPa where the cloud frequency decreased by 5 - 10% in this year. In
general, such in-phase relationship is also valid in other tropical regions for the total cloud.
The cloud top and frequency of deep convection also show in-phase changes between a warm
and a cool year. In 1987, cloud top was raised by 15 - 30 hPa over the equatorial central and
eastern Pacific region (second panel of Figure 6.12); the frequency of deep convection showed
an increase over this region(Figure 6.11 a). The strengthened deep convection over the equatorial
central and eastern Pacific depressed through the Walker circulation the deep convection over the
Maritime Continent and South America; the cloud top there was lowered by 15 - 30 hPa in 1987.
The strengthened convection also depressed through the Hadley circulation the convection away
from the equator; the cloud top was lowered by 30 - 50 hPa over an area centered at 20'N, 170'W
in the North Pacific; the cloud top to the south of this enhanced convection region was also lowered,
but in less magnitude.
6.5.3 Comparison with the model results
The changes of cloud frequency and top level between a warm and a cool SST year shown in the
previous two sections support the model results in Chapter 4. Forced by a localized heat source the
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Figure 6-12: Changes of cloud top pressure (hPa) between 1985 and 1987 for total cloud (top panel) and deep
convective cloud (bottom) from the ISCCP data.
model in Chapter 4 produces local rising motion as well as remote sinking motion which covers the
tropics outside the heat source region. The ISCCP cloud data show consistent changes in the 1987
El Nifio year: The total and deep convective cloud amount and cloud top level in 1987 increased
over the central and eastern equatorial Pacific, but decreased over most of the tropics elsewhere,
especially over South America and the Maritime Continent. The cloud changes are consistent
with precipitation variations. The discharge of Trombetas River (a tributary of Amazon River)
was reduced during all El Nifio events for the 1971-1989 data period (Figure 2.7c, from Eagleson,
1994). The flow of the Nile River usually decreases with the SST increase in the TEP region (Eltahir,
1995). A comprehensive illustration about the rainfall changes related to El Niio events is given by
Ropelewski and Halpert (1987) and Halpert and Ropelewski (1992). In their composite map, the
rainfall in the equatorial South America increases in the western coast but decreases in the eastern
coast, which fits very well with the changes of deep convective cloud in Figure 6.11. In the eastern
equatorial Pacific, Figure 6.11 shows a increase of deep convective cloud, but the composite rainfall
map of Ropelewski and Halpert does not show a corresponding increase, which may be related to
the lack of rainfall observations in this region; there is only one weather station in the equatorial
eastern Pacific (Figure 5.1)
In general, the cloud variations from ISCCP are consistent with the model results in Chapter 4.
However the changes of very high cloud (10.5 km - 18.5 km) from SAGE II contradict the model
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results and the ISCCP cloud results. Kent et al. (1995) found that the high cirrus from SAGE
II shows increases virtually over the entire tropical strip. The discrepancy between ISCCP and
SAGE II may be related to the limitations of the nadir viewing measurements used by the satellite
cloud-observation.
6.6 Relationship between cloud amount and SST
The previous section has shown that the spatially coherent changes of clouds occurred over almost
the entire tropics; but it is not clear whether these changes are caused by local SST variations or by
remote dynamical processes. To examine the possible effect of local SSTs on local cloud amount,
the correlation coefficients between SST and total cloud and between SST and deep convective
cloud are shown in Figure 6.13. The original sampling number of 90 is reduced to 40 to account for
the auto-correlation of SSTs (Newell and Wu, 1992). The correlation coefficient of 0.3 is associated
with the 95% significance level for a sampling number of 40. For the total cloud (top panel),
significant positive correlations exist in two places over the open oceans: the central equatorial
Pacific from the date line to 130'W between 15'S and 15'N, and a narrow band from the coast
of northeastern South America to the coasts of Guinea in Africa. Significant positive coefficients
also exist in some coastal areas, but only in limited regions. The positive correlation is lower
than expected. The correlation coefficients are negative over the cool water regions in Pacific and
Atlantic and over the Pacific and Atlantic north of 20 N. This negative correlation is related to the
formation of stratus cloud near the coasts of continents; cool surface promotes stratus cloud.
The pattern of correlation coefficient between deep convective cloud and SST (bottom panel of
Figure 6.13) is quite different from that between total cloud and SST. Positive correlation increases
over the most tropical oceans. Over the Atlantic, the positive correlation is above 95% significance
level from the coast of Central America to the coast of central Africa. Over the Pacific, the area
of significant positive correlation stretches from Central and northern South America to the date
line, then bifurcates there; one branch reaches Southeast Asia, and the other northern Australia.
Between the two branches is sandwiched an area where the correlation is not significant. This
"un-correlated" area also includes the tropical Indian Ocean north of 100. This region corresponds
roughly to the area of SST>28.5 0C (Figure 2.2). Negative correlation is weakened; there is only
one small area around 140'W, 25'N where the negative correlation is still above 95% significance
level. This area is in the center of the subtropical high in the North Pacific. Descending motion
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Figure 6-13: Correlation coefficients between SSTs and the frequencies of total cloud (top) and deep convective cloud
(bottom).
there depresses deep convection. Enhancing descending motion leads to less cloud and hence more
solar radiation at the oceanic surface. Therefore this negative correlation may be interpreted as "less
deep convection cloud leads to higher SST" rather than "higher SST leads to less deep convection".
The correlation coefficients in Figure 6.13 show that the change of deep cloud amount is closely
related to the change of underlying SSTs over the central equatorial Pacific (1800 - 1500W, 150 S
- 15*N) but not over the warm pool region. Comparing Figure 6.13 with the SST distribution
in Figure 2.2, one can find that both the areas with and without close correlation between cloud
amount and SST are within the area with SST > 27.50 C. This temperature is a threshold found by
Graham and Barnett (1987), above which they found no close relationship between SST and deep
convection. The correlation coefficients over the Maritime Continent and tropical Indian Ocean
in Figure 6.13 are below the 95% significant level and therefore confirm Graham and Barnett's
findings. However the significant coefficients over the central equatorial Pacific contradict Graham
and Barnett's findings but support the argument of Eu et al. (1990) and Zhang (1993), who found
that there is not a threshold temperature and that deep convection would increase with the increase of
SST if there are no conditions unfavorable for convection, such as surface wind divergence and large
scale subsidence. The results in Figure 6.13 suggest that both arguments (threshold or no-threshold)
may be valid depending on the location of interest. The regional distribution of the cloud-SST
relationship has not been clearly described in the analyses of Graham and Barnett (1987), Fu et al.
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(1990), and Zhang (1993); they may view the same problem from different aspects.
It is an interesting question why the cloud amount and the underlying SST are closely related
over the central equatorial Pacific, but not over the TWP. Consulting the map of cloud top level
(Figure 6.9), one can find that the region showing significant positive correlation in the central
equatorial Pacific is located in the area of steepest cloud-top gradients. This region is the boundary
area of two different vertical motions: large scale rising motion to its west and sinking motion to its
east. Although it is rather obvious that increasing SST may not cause more convective cloud in the
area of sinking motion, such as in the TEP region, it seems peculiar that increasing SST may not
cause more deep convective cloud in the area of rising motion, such as in the TWP region. The large
scale divergence field is considered to be one reason for such a peculiar SST-cloud relationship,
but Fu el al (1990) found that strong monthly mean surface convergence does not enhance deep
convection over a large area covered by the SST > 280C (TWP is the case). There must be some
other mechanisms which control the deep convection over warm water. Williams and Renno (1993)
found that the convective inhibition energy (CINE) and the mixing process at the lifted condensation
level contribute to the infrequent deep convection in the tropics, but they also found that there are
places where the CINE is close to zero but no deep convection happens to consume the existing
CAPE.
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Figure 6-14: Vertical profiles of cooling/heating rate in clear and cloudy skies over the tropical Indian Ocean (5*S-5*N,
90 - 100*E).
The radiative effect of deep convective cloud suggests that the barrier to frequent deep convection
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could be formed by deep convection itself. A vertical profile of cooling rate for deep convective
cloud is shown in Figure 6.14. The profile is the average over 25 2 x 2 grids for the deep convective
cloud near Sumatra. The detailed procedures for the calculation of radiative fluxes are given in
Chapter 7. The figure shows that deep convection produces large heating in the middle-upper
troposphere. The troposphere (100 - 1000 hPa) loses about 150 Wm- 2 in clear sky, but it gains
about 30 Wm- 2 when deep convective cloud exists. The mean frequency of deep convection over
the warm pool region is about 10%, which would cause an increase of 0.3 - 0.4'C in the middle-
upper troposphere. This increase will reduce the CAPE by about 100 Joules/kg. This reduction is
much larger than the CINE, which is about 20 Joules/kg (Williams and Renno, 1993). Furthermore,
the temperature increase is not evenly distributed over the whole column but more concentrated
in the layers near cloud base and top. These layers can form a barrier for further convection. It
will take about 10 days for the temperature profile to return to its preconvection state if increasing
radiative cooling is the only way to damp out the temperature increase. Although the real damping
time would be much shorter since mixing processes will accelerate the damping, this time scale
does show that the barrier set up by deep convection itself may not disappear in several hours. How
long it will take for next deep convection to happen may be controlled by how long the barrier can
exist and by when the CAPE can recover from the previous convection; SSTs seem to have little
control of the recovery time. Over the warm pool region, the frequency of deep convective cloud is
about 10 - 15% (Figure 6.3); the life time of deep convection is about 2-3 hours (Emanuel, 1994),
and therefore deep convection would happen once or twice a day in this region; this may reflect the
recovery time scale. There are no observations available to verify such "self-suspend" mechanism
(i.e. setting a barrier for its own development); numerical simulation may be the only way to gain
insight into this mechanism.
6.7 Summary
The changes of total and deep convective clouds between a cool to a warm SST year from ISCCP
cloud data have shown that the influence of a local heat source on clouds covers the entire tropics;
the cloud changes are generally consistent with the model vertical motions in Chapter 4. In the
1987 warm SST year, the amounts and top levels of total cloud and deep convective cloud showed
significant increases over the central and eastern equatorial Pacific but decreases over most of the
other tropical regions, especially over the TWP-tropical Indian Ocean and South America. The first
EOF mode of total cloud also exhibits the out phase relationship between the cloud changes over
the central tropical Pacific and the western Pacific-tropical Indian Ocean area. The rainfall changes
are consistent with the cloud changes. These changes support the hypothesized communication
process between a local heat source near the equator and the rest of the tropics: The strengthened
deep convection in the central and eastern equatorial Pacific is associated with sinking motion that
depresses the clouds in other tropical regions, reducing the cloud amount and lowering the cloud
top there. There is discrepancy between ISCCP and SAGE II data for the very high (10.5 - 18.5
km) cloud; the SAGE II data suggest an increase of very high cloud over virtually the entire tropics.
The difference between the two data sets may be related to the limitations of the nadir-viewing
measurement used by ISCCP. Since the very high cloud missed in the ISCCP data is optically very
thin (<0.008 km- 1 ), its effect on the radiative fluxes in the atmosphere is expected to be small
(Chapter 7).
The patterns of the interannual variations of total cloud and deep convective cloud in the tropics
are dominated by opposite changes between the the central tropical Pacific region and the regions of
TWP-tropical Indian Ocean as well as South America. The central equatorial Pacific is a key area
of cloud changes during warm SST years. This area is located in the area of the steepest gradient
of cloud top. It is the boundary of large scale rising and sinking motions and a "weak point" for
the large scale motions; the influence of SSTs is easy to be manifested in such an area. To the
east of this area, sinking motion dominates, which suppresses deep convection there and prevents
the release of the additional latent heat in the warm SST periods. To the west of this area, factors
other than latent heat release control the frequency of deep convection and the influence of SST
changes on convection is overwhelmed by these factors. Among them one possible factor is the
middle-upper troposphere warming caused by the radiative effect of deep convective cloud itself.
When deep convection happens the cooling rate of the atmospheric layer near cloud base is reduced
considerably, which warms the layer and sets a barrier for the next convection. The frequency of
convection may be controlled by the dissipation time of this barrier.
The ISCCP cloud data show that there are two most cloudy areas, one near Sumatra in the
equatorial Indian Ocean and the other along the western coast of Chile in the TEP region; the cloud
amount exceeds 80% over the two regions. The one near Sumatra is dominated by high cloud; cloud
top is 400 - 450 hPa in this region; the one near Chile is covered mainly by low cloud; cloud top
is below 700 hPa there. The most cloud-free area is over the central TEP region south of equator;
the cloud amount is less than 40% and the cloud top lower than 750 hPa there. The cloud amount
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and top in the TEP region vary oppositely with that over the TWP, South America, and the ITCZ in
the Pacific. The frequency of deep convective cloud is 10 - 20% over three deep convection areas
and 5 - 10% over the ITCZs and SPCZ. Elsewhere in the tropics, the frequency of deep convective
cloud is less than 5%. The top of deep convection ranges from 225 hPa near Sumatra to 350 hPa
over the cool water region in Pacific and Atlantic. The most vigorous convection occurs over the
Bay of Bengal; the frequency can exceed 25% and the cloud top can be above 200 hPa.
The zonally averaged cloud amount is stable over the seven-and-half year data period; its
standard deviation is about 2%, less than one twentieth of its annual mean. The stable zonal mean
is attributed to the near cancellation in changes of cloud amount in different regions. As a result,
the regional variations are still substantial, especially in the western and central Pacific, although
the interannual variations of zonal means are small.
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Chapter 7
Radiative Effect of Cloud in the Tropics
7.1 Introduction
The temperature anomalies in the Gill-type model can be significantly affected by the thermal
dissipation rate used in the model; a 15-day thermal damping time can give a reasonable result
(see Chapter 4). However it is not clear what the actual dissipation rate is in the real atmosphere.
The thermal dissipation is in fact the increase of the radiative cooling rate of the atmosphere when
the atmosphere becomes warmer than normal. But we know little about what factors-water vapor,
cloud, long wave or short wave radiations-cause the increase. It has been shown in Chapters 5 and 6
that there are significant changes of water vapor and cloud in the tropics when warm SSTs occur in
the TEP. These changes would affect the radiative property of the atmosphere, but we do not know
whether the effect is compatible with the thermal dissipation rate used in the model and able to
prevent the air temperature from the further increase in the real atmosphere. This chapter is intended
to answer these questions. The radiative fluxes in the atmosphere will be calculated; the effects of
cloud and water vapor on the fluxes will be investigated. We hope through this chapter to find out
whether the Gill-type model in Chapter 4 is built on a basis supported by the real atmosphere and
to understand the physical mechanism which limits the tropospheric temperature increase.
The tropical troposphere is in radiative-convective equilibrium. Atmospheric radiation is the
main sink of the heat entering the atmosphere. The radiative properties of the molecules in the
atmosphere have been known for quite a long time (e.g., Goody, 1964), and the radiative fluxes for
climatological conditions have been calculated by many authors (e.g., Newell et al., 1974). The
accuracy of radiative fluxes in the clear sky is mainly limited by the ability of the computer, not
by the physical theories. Line-by-line calculations can provide radiative fluxes with accuracy well
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above the meteorological purposes. The difficulties of computing the radiative fluxes in the real
atmosphere are raised by cloud, which is an essential part of the atmosphere. Both the optical
properties and the amount of cloud can affect the radiation in the atmosphere, and both are not
well known. However, our knowledge about cloud has been greatly improved since the beginning
of ISCCP in July 1983. Cloud coverage, together with the optical depth and the pressure at cloud
top, is now available over the globe, which makes it possible to estimate the radiative effect of
cloud. The ISCCP data cover the period of 1986-87 El Nifno event; therefore it is also possible to
investigate the change of the radiative effect of cloud between the El Ninio and La Nifia years.
7.2 Radiation model
The heating of the atmosphere is primarily due to the absorption of solar radiation by water vapor,
ozone, oxygen, and carbon dioxide, while the cooling is mainly induced by the long wave radiation
of water vapor, carbon dioxide, and ozone. The radiation model developed by Chou et al. (Chou
and Arkin, 1981; Chou, 1986, 1992; Chou et al., 1993) is used to calculate at different levels
these absorption and radiation, which are then used to obtain the heating and cooling rates in the
atmosphere. This model employs various appropriate approximations which greatly accelerate the
computations but still keep high accuracy.
The spectral integration of radiation is conducted over broad bands. The ultraviolet and visible
(UVV) region (0. 175pm - 0.69pim) is divided into four bands; the near infrared (NIR) region
(0.69pm - 3.85pm) seven bands; and the infrared (IR) region (3.3pm - o) eight bands (Table
7.1). In the UVV regions, the transmittance and reflectance of direct radiation in a plane-parallel
atmosphere are calculated using the delta-four-stream approximation (Liou et al., 1988) and the
two-stream adding method (Chou, 1992). The transmittance and reflectance of diffuse radiation
are calculated using the two-stream approximation of Sagan and Pollack (Lacis and Hansen, 1974).
Ozone absorption, Rayleigh scattering by molecules, and cloud scattering are included in the
computation. Based on the data with high spectral resolution, a regression method is applied to each
band to find the effective absorption coefficient of ozone and the effective Rayleigh scattering optical
thickness. The cloud single-scattering albedo is set to 1. The difference between the line-by-line
calculation and the approximation is less than 0.2% for the clear sky and 2% for the stratus cloud
sky (Chou, 1992).
In the NIR region, the absorption and scattering by water vapor and cloud are considered; the
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Table 7.1: Broad band spectra of radiation used in the radiation model.
Rayleigh scattering is ignored. The transmittance and reflectance of NIR radiation is computed
using the same approximation as that used in the UVV region. Because of the complicated spectrum
of the absorption coefficient of water vapor, the numerical integration needs to be conducted over
the spectral interval of 0.01 cm-1, which makes the integration almost impractical. The scaling
approximation and the k-distribution method are employed to simplify the computation (Chou and
Arking, 1981): The water vapor amount at different layers is first scaled to the reference pressure
(300 hPa) and temperature (240K); the k-distribution method is then used for each bands to replace
the integration over wavelength (A) by the integration over the absorption coefficient (k). The
cloud single-scattering albedo is set to 0.98. The error caused by the scaling approximation and
k-distribution method is about 1% for the atmospheric heating rate and less than 1 Wm- 2 for the
surface flux.
The absorption of solar radiation by oxygen and carbon dioxide is calculated using the param-
eterizations developed by Chou (1990), but the effects of oxygen and carbon dioxide are much
smaller than that of water vapor and ozone, only about 2 Wm-2
In the IR region, water vapor, ozone, carbon dioxide, and cloud are included in the calculations.
Water vapor is first scaled to a reference pressure and temperature to obtain the effective absorber
amount; which is then used to calculate the Planck-weighted diffuse transmittance through the
exponential-sum fitting method for each band (Chou et al., 1993). Compared with the line-by-line
calculation, the approximation produces an error of less than 1.5 Wm- 2. For the transmission in
the carbon dioxide 15pm band and the ozone 9.6tm band, the computation of the transmittance
is simplified by using look-up tables. These tables are pre-computed using the effective pressure,
temperature, and absorber amount (Chou and Kouvaris, 1991). The error introduced by the look-up
table is small, less than 0.5 Wm- 2 at the surface. Cloud is treated as a "gray" body; its diffuse
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band UV/VIS NIR IR
1 0.225 - 0.285 2.272 - 3.846 > 29.412
2 0.175 - 0.225 1.582 - 2.272 18.519 - 29.412
0.285 - 0.300
3 0.300 - 0.325 1.220 - 1.582 12.500 - 18.519
4 0.325 - 0.690 1.041 - 1.220 10.204 - 12.500
5 0.862 - 1.041 9.091 - 10.204
6 0.762 - 0.862 7.246 - 9.091
7 0.690 - 0.762 5.263 - 7.246
8 3.333 - 5.263
transmittance is equal to exp(-1.66T), where r is the optical depth of cloud.
7.3 Model input data
The atmosphere is divided into 60 layers, 38 layers below and 22 layers above 100 hPa. The
model input data are the water vapor and temperature profiles, the cloud amount, optical depth, top
and bottom pressures, and the surface albedo. The water vapor data are from chapter 5, and the
cloud data from chapter 6 except the cloud thickness which is obtained from Poore et al (1995).
The temperature profiles are from NCAR's "monthly rawinsonde data: climate reports", which is
a quality-checked version of "Monthly Climate Data of the World" (Jenne and Crutcher, 1976).
Interpolation from the nearest stations or levels has been used to fill in the data gaps. The surface
albedo is from the ISCCP data (Rossow and Schiffer, 1991).
7.4 Model sensitivity
The model sensitivity to input data is tested by computing the radiative fluxes using scaled input
data. Two locations are selected for the sensitivity test, one in the TWP region to represent the
deep convection area and the other in the TEP region to represent the subsidence area. The model
sensitivity to water vapor is summarized in Table 7.2. In the IR wavelengths, the model is more
sensitive in clear sky than in cloudy sky. In the TWP region, the IR sensitivity at the surface is 0.85
Wm- 2 for 1% change of the water vapor content in clear sky, but it is 0.5 Wm- 2 for the same
water vapor change in cloudy sky. In the TEP region, the IR sensitivity at the surface is also higher
in clear sky although the difference between clear and cloudy skies is reduced. Similar situations
exist at 150 hPa and the top of atmosphere. In the SW wavelengths, the table shows that the model
is much less sensitive to water vapor. At the surface, the SW sensitivity is only 1/4 - 1/8 of that
of IR. The sensitivity of cooling rate shows a similar difference between clear and cloudy skies: It
is 0.003 C/day in clear sky and 0.002 C/day in cloudy sky for 1% change of water vapor content
over the TWP region; similar situations exist over the TEP region.
The model sensitivity to air temperatures is given in Table 7.3. In the SW wavelengths, the flux
is not affected by the change of temperature profile. In the IR wavelengths, the sensitivity is about
0.3 Wm 2 for 0.1 C change of temperature profile. The sensitivity of cooling rate is 0.006 C/day
in clear sky and 0.007'C/day in cloudy sky for the same temperature change. The model is slightly
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TWP REGION: 150*E, 00; cloud frequency, 77%; cloud top, 419 hPa;
cloud base, 490 hPa; optical depth, 3.8.
TWP top 150 hPa surface cool
SHY SW IR SW IR SW IR rate
CLR (0%) 356 -289 344 -281 277 -55 -1.64
CLR (+10%) 356 -286 344 -278 275 -47 -1.67
CLR (-10%) 356 -293 344 -285 278 -64 -1.60
SEN (1%) 0.00 0.35 0.00 0.35 -0.15 0.85 -0.003
CLD (0%) 297 -230 284 -220 211 -39 -1.11
CLD (+10%) 297 -229 284 -218 210 -34 -1.14
CLD (-10%) 296 -232 284 -221 212 -44 -1.09
SEN (1%) 0.05 0.15 0.00 0.15 -0.10 0.50 -0.002
TEP region: 130*W, 5*S; cloud frequency, 27%; cloud top, 823 hPa;
cloud base, 966 hPa; optical depth, 2.8.
TEP top 150 hPa surface cool
SKY SW IR SW IR SW IR rate
CLR (0%) 369 -296 357 -288 291 -65 -1.62
CLR (+10%) 369 -294 357 -285 290 -57 -1.66
CLR (-10%) 369 -299 357 -291 292 -73 -1.58
SEN (1%) 0.00 0.25 0.00 0.30 -0.10 0.80 -0.004
CLD (0%) 355 -293 343 -285 272 -49 -1.71
CLD (10%) 355 -291 343 -282 271 -43 -1.73
CLD (10%) 355 -295 343 -287 274 -55 -1.68
SEN (1%) 0.00 0.20 0.00 0.25 -0.15 0.60 -0.003
Table 7.2: The sensitivity of radiation model to water vapor. The table lists the changes of fluxes at top, 150 hPa and
the surface caused by a 10% change of water vapor in the TWP and TEP regions. Unit is Wm 2 for flux and 'C/day
for cooling rate. CLR represents clear sky; CLD cloudy sky; and SEN sensitivity. SW is short wave (solar) radiation; IR
infrared radiation.
TWP top 150 hPa surface cool
SHY SW IR SW IR SW IR rate
CLR (0.0C) 356 -289 344 -281 277 -55 -1.64
CLR (0.5C) 356 -291 344 -283 277 -53 -1.67
CLR (0.5C) 356 -287 344 -279 277 -56 -1.61
SEN (0.1C) 0.00 -0.40 0.00 -0.40 0.00 0.30 -0.006
CLD (0.0C) 297 -230 284 -220 211 -39 -1.11
CLD (0.5C) 297 -232 284 -221 211 -37 -1.15
CLD (0.5C) 297 -229 284 -218 211 -40 -1.08
SEN (0.lC) 0.00 -0.30 0.00 -0.30 0.00 0.30 -0.007
TEP top 150 hPa surface cool
SKY SW IR SW IR SW IR rate
CLR (0.0C) 369 -296 357 -288 291 -65 -1.62
CLR (0.5C) 369 -298 357 -290 291 -63 -1.65
CLR (0.5C) 369 -294 357 -286 291 -66 -1.59
SEN (0.1C) 0.00 -0.40 0.00 -0.40 0.00 0.30 -0.006
CLD (0.0C) 355 -293 343 -285 272 -49 -1.71
CLD (0.5C) 355 -295 343 -286 272 -48 -1.74
CLD (0.5C) 355 -291 343 -283 272 -51 -1.67
SEN (0.lC) 0.00 -0.40 0.00 -0.30 0.00 0.30 -0.007
Table 7.3: Same as Table 7.2 except for a 0.50C change of temperature.
158
TWP top 150 hPa surface cool
SHY SW IR SW IR SW IR rate
CLD (0%) 297 -230 284 -220 211 -39 -1.11
CLD (5%) 294 -228 281 -217 208 -38 -1.09
CLD (5%) 299 -233 287 -223 215 -40 -1.14
SEN (1%) -0.50 0.50 -0.60 0.60 -0.70 0.20 0.005
TEP top 150 hPa surface cool
SKY SW IR SW IR SW IR rate
CLD (0%) 355 -293 343 -285 272 -49 -1.71
CLD (5%) 354 -293 342 -284 271 -48 -1.71
CLD (5%) 356 -293 343 -285 273 -50 -1.70
SEN (1%) -0.20 0.00 -0.10 0.10 -0.20 0.20 -0.001
Table 7.4: Same as Table 7.2 except for a 5% change of cloud amount.
water vapor temp. cloud total
SW IR NET SW IR NET SW IR NET
TWP 0.5 2.5 3.0 0.0 1.5 1.5 3.5 1.0 4.5 9.0
TEP 0.8 3.0 3.8 0.0 1.5 1.5 1.0 1.0 2.0 7.3
Table 7.5: Possible errors of model heat fluxes resulted from 5% changes of water vapor and cloud, and 0.5 C change
of temperature. Unit is Wm-2.
more sensitive in the cloudy sky. The sensitivity difference between the TWP and TEP regions is
negligible.
The model sensitivity to cloud is illustrated in Table 7.4. The difference between the TWP and
TEP regions is obvious. In the SW wavelengths, the sensitivity in the TWP region is 0.5 - 0.7
Wm- 2 for 1% change of cloud amount, but in the TEP region, it is only 0.2 Wm- 2 for the same
change. In the IR wavelengths, the sensitivity above the surface is 0.5 - 0.6 Wm- 2 for 1% change
of cloud amount in the TWP region, but the sensitivity is reduced to 0.1 Wm- 2 or less in the TEP
region. The cooling rate is also more sensitive to cloud change in the TWP region than in the TEP
region. One percent change of cloud amount in the TWP region would cause a cooling rate change
of 0.0050C/day, which is five times larger than that in the TEP region.
Assuming an error of 5% in the input water vapor and cloud data and an error of 0.5'C in the
input temperature data, the possible errors of model fluxes are listed in Table 7.5 for the cloudy sky
at the surface in the TWP and TEP region. The total error is less than 10 Wm- 2 in both regions.
The calculated radiative fluxes in the later part of this chapter is more reasonable to be rounded
up to the nearest 5 Wm-2, but that causes confusion in some tables; therefore original calculated
values are still used in the later sections.
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7.5 Radiative fluxes at the surface
The radiation fluxes at the surface do not directly affect, but are still relevant to, the air temperature;
for example, the reduced IR radiation at the surface would affect the heat balance in the atmosphere.
Therefore, the heat fluxes at the surface will be briefly discussed. In clear sky, the geographical
distribution of radiative fluxes is quite simple: The solar (SW) radiation peaks on the equator, about
290-300 Wm- 2, and declines toward higher latitudes, being about 260-270 Wm- 2 at latitudes of
300. The minimum in the tropics is about 240 Wm- 2, occurring in the Sahara region due to its high
reflectivity. The IR radiation reaches its minimum of 40-60 Wm- 2 on the equator and increases to
about 80 Wm- 2 in the subtropical regions; which is opposite to the meridional variations of SW
flux. The IR can exceed 120 Wm- 2 in the Sahara region because of the extreme low water vapor
in the atmosphere and the high surface temperature there. The net flux is dominated by the SW;
the net flux reaches the maximum of 230-240 Wm- 2 along the equator and decreases to about 200
Wm- 2 at the latitudes of 300.
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Figure 7-1: Heat fluxes at the surface in cloudy sky. Unit is in Wm- 2. Top (a): solar radiation; middle (b): infrared
radiation; bottom (c): net radiation.
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The radiative fluxes in cloudy sky are shown in Figure 7.1. The regions of maximum SW flux
are no longer on the equator but shifted to the latitudes of 5 - 100 and exist only locally. Comparing
with the surface pressure map, one can find that these maximum regions are located at the equatorial
sides of sub-tropical highs. The formation of these maxima is the compromise between cloudiness
and available solar radiation. The maximum SW flux exceeds 260 Wm- 2 in the South Pacific and
South Atlantic, and is about 240 Wm- 2 in the North Pacific and the North Atlantic. The SW flux
in the northwestern Indian Ocean also exceeds 260 Wm- 2. In the Maritime Continent, the SW flux
is about 40 Wm- 2 less than that in the TEP region. Compared with the SW, the surface IR (figure
7. 1b) shows much less features. It is relatively uniform over the whole tropics, about 40 Wm-2 in
most areas. The only exception is the Sahara region, where the IR flux is twice as large as those in
other regions. The pattern of net flux (figure 7.1 c) is determined by the SW flux. The maximum net
flux is about 200 Wm- 2 in the Atlantic and North Pacific; it is 20 Wm- 2 more in South Pacific
and western Indian Ocean. These maxima occur in the same regions of maximum SW flux. The
minimum net flux is about 180 Wm- 2 in the Maritime Continent and can be less than 140 Wm-2
in South America. The net flux in the Sahara region is the lowest, less than 120 Wm- 2, in the
whole tropics.
The cloud effects on radiative fluxes are illustrated by the difference between the fluxes in clear
and cloudy skies (Figure 7.2). The geographical distribution of the SW cloud effect is shown in
figure 7.2a. The cloud effect is negative everywhere. The SW flux in the three chimney regions (i.e.
the areas of deep convection in the equatorial western Pacific, northern South America, and central
Africa) is reduced by 80 - 100 Wm- 2, which is about one third of the total SW flux. Note that
the reduction of SW along the western coasts of Central and South America and southern Africa is
also more than 80 Wm- 2 although deep convection rarely happens there. Elsewhere in the tropics,
clouds reduce the SW flux by 40 - 60 Wm- 2. The IR cloud effect is positive everywhere (figure
7.2b), but the magnitude is only 1/2 - 1/4 of that of the SW cloud effect. The IR flux is reduced by
about 20 Wm- 2 in most of the tropics, but it can reach 40 - 60 Wm- 2 in the oceanic areas near the
western coasts of Chile, Mexico, and South Africa, where low clouds occur frequently. In general,
the cloud effect on the surface IR is relatively large in the area of low cloud but small in the area
of high cloud. A large reduction of SW at the surface does not have much direct influence on the
air temperature; but a large reduction of surface IR would result in a negative cloud effect on the
air temperature in the troposphere, which will be discussed later. The cloud effect on the net flux
is dominated by the SW cloud effect. Clouds reduce the net flux by 20 - 40 Wm- 2 in most of the
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Figure 7-2: Cloud effect on the heat fluxes at the surface. Unit is Wm-2. Top (a): solar radiation, middle (b): infrared
radiation, bottom (c): net radiation.
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tropics; in the deep convection regions, the reduction can reach 60 - 80 Wm- 2. The large negative
SW cloud effect along the western coasts of the Central and South America and southern Africa is
partly offset by the large positive IR effect there.
The regionally averaged radiative fluxes and cloud radiative effect at the surface for five regions
are summarized in the columns 3-5 of Table 7.6. The first two regions are the zonal averages for
latitudes 30 0S - 30'N and 10S - 100N. The third and the fifth represent the warm pool region in
the TWP and tropical eastern Indian Ocean and the cool water region in the TEP, respectively. The
fourth is in between: Its situation is close to that of warm pool in El Nifno years; but close to that of
the TEP in La Nifia years. In region I, the zonally averaged SW flux at the surface is 230 Wm- 2
the IR loss for the surface is 46 Wm- 2; and the net flux at the surface is 184 Wm- 2. Cloud reduces
the SW flux by 54 Wm- 2 and the IR loss by 25 Wm- 2 at the surface; the net effect of cloud at the
surface is reducing the net radiative flux by 29 Wm-2.
Table 7.6: Radiative fluxes at the surface (columns 3-5) and entering the atmosphere (columns 6-8) at five regions.
Unit is in Wm- 2 . CLD represents cloudy sky; CLR clear sky; DIF is the difference between cloudy sky and clear sky
(CLD-CLR). TWP, TCP and TEP are the tropical western, central and eastern Pacific.
The cloud effect is the largest in region III (the TWP region), as expected. Cloud reduces the
surface SW flux by 73 Wm~2 and the IR loss by 17 Wm- 2, resulting in a net flux reduction of
56Wm~2 at the surface, about twice as large as that of the zonal mean (region I). Region V is in the
TEP region, which is the area of large scale subsidence and expected small cloud effect. However
the table shows that the IR cloud effect there is the largest in the tropics; cloud reduces the surface
IR loss by 37 Wm- 2 due to the large amount of low cloud in this region (Figure 6.3).
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region sky surface atmosphere
SW IR NET SW IR NET
30S-30N, 0-360 CLD 230 -46 184 75 -209 -134
(I) CLR 284 -71 213 66 -211 -145
DIF -54 25 -29 9 2 11
10S-10N, 0-360 CLD 231 -39 191 81 -209 -128
(II) CLR 296 -61 235 71 -223 -152
DIF -65 22 -43 10 14 24
90-140E, 10S-10N CLD 218 -39 179 82 -190 -108
(III, TWP) CLR 291 -56 235 73 -224 -152
DIF -73 17 -56 9 34 43
160E-140W, 10S-10N CLD 242 -38 204 80 -216 -136
(IV, TCP) CLR 292 -58 234 71 -227 -156
DIF -50 20 -30 9 11 20
120-80W, 20S-0 CLD 234 -36 198 80 -237 -158
(V, TEP) CLR 300 -73 227 66 -211 -145
DIF -66 37 -29 14 -26 -12
7.6 Radiative fluxes entering the troposphere
The radiative fluxes entering the troposphere are the difference between the radiative fluxes at 150
hPa and the surface. In clear sky, the SW radiation absorbed by the troposphere is about 70 Wm-2
along the equator and 60 Wm- 2 along the latitudes of 300, showing very small zonal and meridional
variations (Figure 7.3a). The IR radiation of the troposphere is 200 - 220 Wm- 2 (Figure 7.3b). It
peaks on the equator, and gradually decreases polewards. Zonal variation is also very small, less
than 10 Wm- 2. The net flux entering the atmosphere is dominated by the IR flux (Figure 7.3c).
The atmosphere loses about 150 Wm- 2 within 10' of the equator and 130 - 140 Wm- 2 at latitudes
of 30'. The minimum heat loss of 120 Wm- 2 occurs in the desert areas, which is the result of
low water content in the atmosphere. There are small zonal variations in the eastern parts of South
Pacific and Atlantic oceans; the SW and IR radiations there are about 5-10 Wm- 2 less than that
over the western parts of the oceans. This difference is caused by the water vapor content. The
specific humidity at the surface is 2 - 4 g(kg)-1 lower over the eastern Pacific and Atlantic oceans
than that over their western counterparts. However, compared with the radiative effect of cloud
on the heat flux entering the atmosphere (discussed later), the radiative effect of water vapor is
relatively small and its geographical distribution is very simple.
When clouds are included in the calculation, the zonally symmetrical distribution of fluxes
showing in clear sky is destroyed. The SW radiation absorbed by the atmosphere increases to
80 - 90 Wm- 2 over the three chimney regions, ITCZ, and the eastern equatorial Pacific and
Atlantic oceans (Figure 7.4a); over the other tropical regions, it increases to 60 - 70 Wm-2. The
IR radiation of the atmosphere decreases to 180 - 200 Wm- 2 over the three chimney regions in
cloudy sky (Figure 7.4b). The maximum IR radiation of above 240 Wm- 2 occurs over the eastern
tropical Pacific and Atlantic regions. The net flux entering the atmosphere is dominated by the IR
radiation. Its geographical distribution follows that of IR flux (Figure 7.4c). The net heat loss of the
atmosphere is 100 - 120 Wm- 2 over the three chimney regions and about 140 Wm- 2 in the areas
of subtropical highs. The maximum heat loss exceeds 160 Wm- 2, occurring over the eastern South
Pacific and South Atlantic regions. In cloudy sky, the zonal variations of net flux are substantial
and even larger than the meridional variations in some regions, such as the region of the TEP and
South America. However, the large zonal gradient of net flux does not cause a large zonal gradient
of air temperature; the dynamical processes discussed in Chapter 6 have offset the effect of net flux
on the air temperature.
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Figure 7-3: The heat gain of the troposphere (150-1000 hPa) in clear sky. Unit is in Wm-4. Top (a): solar radiation;
middle (b) infrared radiation bottom (c) net radiation.
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Figure 7-4: The heat gain of the troposphere (150-1000 hPa) in cloudy sky. Unit is in Wm~2 Top (a): solar radiation;
middle (b): infrared radiation; bottom (c): net radiation.
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7.7 Cloud effect on the radiation in the atmosphere
7.7.1 Regional distribution
The cloud effect on the radiation in the troposphere is shown in the Figure 7.5. The cloud effect
on SW is positive (i.e.. the atmosphere gains more heat) everywhere over the tropics. The SW
radiation absorbed by the atmosphere increases by about 10 Wm- 2 in cloudy sky (Figure 7.5a). It
is larger over the eastern part of the TEP, the western coast of South Africa, and the southeastern
part of China; the increase of SW flux can exceed 20 Wm- 2 over these regions. The SW increase
is less than 5 Wm- 2 over Australia, The Sahara and Arabia areas, the western coast area of tropical
Indian Ocean, and some limited areas in the equatorial and northern subtropical Pacific region. The
SW cloud effect in Figure 7.5a is in general consistent with the cloud distribution in Figure 6.2; the
NIR absorption by cloud contributes to this cloud effect (see Figure 7.6 later).
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0
20N 20N
iON toiON
o 100 150
0 0
10S 00 0 os
20.( 0.20S
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0 30s
30N 30N20N ? 20N
iON0. 0.0. O
0 A--0 0
I 0S 105
10S 0. 20S205 ..-20. .
... . , 0
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0 305
20N 20N
0.0 0.0
iON *0 ON
00c0.
0.00
*0.
105 1050.0 a..0eQ
'40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0
Figure 7-5: The cloud effect on the heat gain of the troposphere (150-1000 hPa). Unit is in Wm-2. Top (a): solar
radiation; middle (b): infrared radiation; bottom (c): net radiation.
The cloud effect on the IR in the atmosphere is very different from that on SW (Figure 7.5b).
The main difference is that the IR cloud effect can be positive, or negative (i.e., the atmosphere loses
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more heat), depending on regions while the SW cloud effect is positive everywhere. The IR cloud
effect is positive over the three chimney regions and the ITCZs; but it is negative over the eastern
parts of the Pacific and Atlantic and over the subtropical oceans, which seems unreasonable and will
be discussed later. Meanwhile, the IR cloud effect can be two-three times larger than the SW cloud
effect. Over the TWP region, clouds reduce the IR loss of the atmosphere by about 40 Wm- 2,
but the increase of SW flux in the atmosphere due to cloud is only about 10 Wm- 2; over the TEP
region, the IR cloud effect is 20 - 40 Wm- 2, but the SW cloud effect is about 10 - 20 Wm- 2. The
difference of IR cloud effects between the TWP and TEP is substantial; it reaches about 60 Wm-2
(+40 Wm- 2 versus -20 Wm- 2). The net cloud effect (Figure 7.5c) shows slightly less west-east
contrast because the large west-east difference of IR cloud effect is partly compensated by the SW
cloud effect. In the cloudy sky, the net flux entering the atmosphere is enhanced by about 40 Wm-2
over the three chimney regions, but it is reduced by about 10 Wm- 2 over the eastern Pacific and
Atlantic oceans.
The zonally averaged radiative fluxes entering the atmosphere are summarized also in Table
7.6 (last three columns). Within 10' of the equator (region JJ), the atmosphere in a cloudy sky
gains 81 Wm- 2 through the absorption of SW radiation, but loses about 209 Wm- 2 through
the IR radiation. The net deficit of the atmosphere is around 128 Wm- 2. Cloud enhances the
SW absorption and reduces the IR radiation of the atmosphere by 10 and 14 Wm- 2 respectively;
therefore the atmosphere gains additional 24 Wm- 2 in a cloudy sky. If averaged over the whole
tropics (region J), the additional heat gain of the atmosphere decreases to 11 Wm- 2. This decrease
is due to the cancellation between the positive and negative IR effects over different regions (Figure
7.5b); the SW cloud effect averaged over 30'S - 30'N (9 Wm- 2) is virtually the same as that over
10'S - 10'N (1OWm- 2). The remarkable difference of regional IR cloud effect is best illustrated
by the TWP and TEP regions (region III and V). Cloud reduces the IR loss of the atmosphere by
34 Wm- 2 over the TWP, but increases the IR loss by 26 Wm- 2 over the TEP; the difference of
east-west IR cloud effect reaches 60 Wm- 2, which is almost one third of the total IR loss of the
atmosphere.
7.7.2 Seasonal variations
The cloud effect discussed in the preceding section is based on the annual mean state. However,
clouds show substantial seasonal variations (Chapter 6), and the annual mean state is meaningful
only when the cloud effect in all months are relatively coherent, that is, the annual mean is not the
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small residue of all months. This coherence needs to be examined. The annual variations of the
cloud effect on the net radiative flux entering the atmosphere are summarized in the Table 7.7. In
the troposphere, the zonally averaged cloud effect on the net flux entering the atmosphere is positive
(i.e., the atmosphere gains additional heat.) all year around. The regionally averaged cloud effect is
also positive all year around over the TWP and central tropical Pacific, but it is negative throughout
the year over the TEP region. The cloud effect in the troposphere is about 11 Wm- 2 if averaged over
the whole tropics (region I) and 24 Wm- 2 if averaged over 10 S - 10 N (region II). The amplitude
of seasonal variations is only 2 Wm- 2 over region I, but it increases to 9 Wm- 2 over region II. The
zonally averaged cloud effect is relatively large in northern spring and fall, and small in northern
summer and winter. Although the cloud effect is the largest over region III, its amplitude of seasonal
variations is similar to those over other regions, about 10 Wm-2. Except in the TEP region, the
seasonal variations of cloud effect in the troposphere show a nearly out-phase relationship with that
at the surface: More radiative flux absorbed in the atmosphere is accompanied by less radiative flux
at the surface. This relationship significantly reduces the seasonal variations of the net radiative flux
at 150 hPa since the net flux at 150 hPa is the sum of that at the surface and in the atmosphere. The
cloud effect over the TEP region is different from that over the other four region. Clouds reduce
the net flux entering the troposphere in all months, which is unexpected and will examined further
later. This reduction shows a clear seasonal variation. It reaches the maximum in southern winter
and the minimum in southern fall. The amplitude of seasonal variations in the TEP region reaches
20 Wm-2, which is the largest among five regions. Generally speaking, the annual mean cloud
effect is not the small residue of all months; it holds the same sign in all months and its magnitude
is similar to that in individual months.
7.7.3 Negative cloud effect over the TEP region
The TEP region seems unusual for its negative cloud effect on the net flux entering the troposphere
(region V in Table 7.7). In cloudy sky, the net flux entering the troposphere is reduced by about
20 Wm- 2 in southern winter. The cloud effect is weakened in southern summer months, but it is
still negative. This negative effect seems unexpected and needs further verification. From Figure
7.5, one can find that the negative effect originates from the IR cloud effect. The cloud would trap
more IR radiation below the cloud, which would warm the surface and the atmosphere below the
cloud; but it would hinder the IR emission from the surface to reach the higher levels, which would
cool the atmosphere above the cloud. The amount of trapped IR radiation below the cloud strongly
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region lvi J F M A M J J A S 0 N D YR
30S-30N surf -26 -26 -26 -26 -27 -29 -32 -35 -33 -32 -30 -27 -29
(I) atm 10 10 12 12 11 11 10 10 10 11 10 10 11
150 -16 -16 -14 -14 -15 -18 -22 -25 -23 -21 -20 -17 -18
lOS-iON surf -41 -39 -41 -43 -44 -44 -46 -48 -46 -47 -43 -41 -43
(II) atm 24 23 27 29 27 22 20 21 21 25 22 22 24
150 -17 -16 -14 -14 -17 -21 -26 -27 -25 -22 -21 -19 -19
TWP surf -66 -58 -54 -44 -50 -57 -60 -58 -56 -54 -56 -58 -56
(III) atm 51 43 42 40 44 43 40 39 43 49 48 44 43
150 -15 -15 -12 -4 -6 -14 -20 -19 -14 -6 -9 -14 -13
TCP surf -32 -28 -32 -31 -31 -30 -32 -26 -24 -24 -29 -33 -30
(IV) atm 19 17 20 22 21 19 20 14 15 19 20 23 20
150 -13 -11 -13 -9 -10 -11 -13 -12 -8 -6 -10 -10 -10
TEP surf -17 -26 -31 -27 -17 -20 -27 -38 -41 -41 -33 -23 -29
(V) atm -9 -4 0 -5 -13 -18 -20 -20 -18 -15 -14 -13 -12
150 -26 -30 -31 -32 -31 -38 -47 -57 -59 -56 -47 -36 -41
Table 7.7: Changes of monthly and annual mean net radiative flux (Wm- 2) between cloudy and clear skies at the
surface (surf), in the atmosphere (atm) and at 150 hPa in the five regions same as those in Table 7.6.
depends on the cloud top. The higher the cloud top, the more the trapped IR and the less the emitted
IR, and vice versa.
The IR emission and its related cooling rate of the troposphere is altitude-dependent. The effect
of cloud top on the IR radiation can be illustrated in the Figure 7.6, in which the vertical profiles
of the cooling and heating rates in the TWP and TEP regions are given for the each absorption
band listed in Table 7.1. The profiles of corresponding temperature, water vapor, ozone, and the
optical depth and coverage of cloud are also given in the figure; the values are the climatologies of
January. In clear sky (solid lines in Figure 7.6a,c), the IR radiation in band 1 contributes most to
the atmospheric cooling above 400 hPa; it has almost no effect on the cooling below 500 hPa. The
IR radiation in Band 2 and 3 is the main factor to cause the cooling in the middle troposphere while
the IR radiation in bands 4-6 cools the low troposphere. The contributions from bands 7 and 8 are
negligible. The NIR absorption is less height-dependent for all 7 bands below 300 hPa level; above
this level, it decreases quickly and becomes virtually zero between 200 hPa and 100 hPa. When
clouds are present, the vertical structures of these profiles can be altered significantly (dashed lines
in Figure 7.6a,c). In the TWP region, the cloud top is about 400 hPa (Figure 7.6b). The cloud at this
level effectively blocks the IR radiation in bands 2 and 3 from the middle troposphere and in band
4 from the low troposphere (Figure 7.6a). The IR radiation in bands 5 and 6 is also reduced but
with less magnitude. The cooling rate from the surface to 400 hPa is reduced by almost 1C/day
due to the cloud effect. The IR radiation on the top of cloud increases significantly, but the increase
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is still not large enough to compensate for the decrease below the cloud layer. The cloud effect
on the NIR absorption is smaller than that on the IR radiation. The cloud reduces the NIR heating
below the cloud by about 0.5 C/day, but it enhances the NIR heating within the cloud significantly.
In the TEP region (Figure 7.6c,d), the cloud top is around 850 hPa. The strong IR radiation of the
upper and middle troposphere in bands 1 and 2 is not affected by the cloud. The IR radiation in
other bands is reduced but only for the part below 900 hPa. This reduction is not large enough to
compensate the enhancement of IR radiation above the cloud top.
The IR and NIR radiations at 150 hPa, the surface, and in the troposphere in the clear and cloudy
skies and the differences of radiations between the skies are listed in Table 7.8. In the TWP xregion,
the IR radiation at 150 hPa is reduced from 285 Wm- 2 in the clear sky to 200 Wm- 2 in the cloudy
sky; clouds reduce the IR radiation of surface-troposphere system by 85 Wm- 2. But the surface
IR radiation decreases only by 20 Wm- 2, from 60 Wm- 2 in clear sky to 40 Wm- 2 in the cloudy
sky. And therefore the troposphere gains an additional 65 Wm- 2 of IR radiation; its heat loss
decreases from 225 Wm- 2 in the clear sky to 160 Wm- 2 in cloudy sky. As a result, the cooling
rate of the troposphere in cloudy sky is reduced by 0.7 C/day, from 2.4 C/day to 1.7 C/day. In the
TEP region, the IR radiation is reduced by 5 Wm- 2 at 150 hPa, but by 15 Wm- 2 at the surface;
as a result, the troposphere loses an additional 10 Wm- 2 of IR radiation in cloudy sky, and its
cooling rate increases by 0.1 C/day. Clouds always cause the increase of the NIR absorption of
the troposphere. The absorption in cloudy sky increases by 10 Wm- 2 in the TWP region and 5
Wm- 2 in the TEP region; the increase slightly reinforces the warming effect of the cloud on the
troposphere in the TWP region and weakens the cooling effect in the TEP region. The total cloud
effect is listed in the last column of the table. In cloudy sky, the troposphere gains an additional 75
Wm- 2 and the cooling rate decreases by 0.80 C/day in the TWP region, but the troposphere loses
an addition 10 Wm-2 and the cooling rate increases by 0.1 C/day in the TEP region.
The physical reason for the negative cloud effect on the troposphere over the low cloud area
is quite simple: Cloud obstructs the path of the IR from the surface to the atmosphere above the
cloud, which cools the atmosphere above and warms the atmosphere below; the negative cloud
effect would occur when the cloud is at such a level that the cooling above the cloud exceeds the
warming below. The cloud top level and the cloud effect on the net flux entering the troposphere
are shown together in Figure 7.7. The figure indicates that the cloud top level of 650 hPa seems to
be a critical level; when the cloud top is lower than 650 hPa, the cloud effect is likely negative and
vice versa. The cloud top is above 500 hPa in the three chimney regions, the tropical Indian Ocean
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Figure 7-6: The profiles of cooling and heating rates in different wave bands (top, a) and the profiles
profiles of temperature, water vapor, ozone, and the optical depth and amount of cloud (bottom, b)
in the TWP region (5'S - 5'N, 90 - 100"E)
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Figure 7-6: (continued) The profiles of cooling and heating rates in different wave bands (top, c)
and the profiles profiles of temperature, water vapor, ozone, and the optical depth and amount
of cloud (bottom, b) in the TEP region (10'S - 0', 130 - 120"W)
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north of 10*S, the SPCZ, and the ITCZs in the Pacific and Atlantic (Figure 7.7b); in these regions,
the cloud effect is positive. The cloud top is below 650 hPa over most of the eastern parts of the
oceans; the cloud effect is negative in these regions.
REGION IR NIR IR+NIR
I: TWP CLR CLD 6 CLR CLD 6 CLR CLD 6
150 hPa -285 -199 86 196 157 -39 -88 -42 46
surface -59 -41 18 129 82 -47 71 41 -30
troposphere -226 -158 68 67 75 8 -159 -83 76
cool/heat -2.35 -1.65 0.70 0.70 0.78 0.08 -1.66 -0.87 0.79
II: TEP
150 hPa -291 -287 4 208 200 -8 -83 -87 -4
surface -68 -51 17 142 129 -13 74 78 4
troposphere -223 -236 -13 66 71 5 -157 -165 -8
cool/heat -2.32 -2.46 -0.14 0.69 0.74 0.05 -1.63 -1.72 -0.09
Table 7.8: Cloud effects on the IR and NIR fluxes at 150 hPa and at the surface and on the cooling rate of the troposphere
(1000 - 150 hPa) in two regions. Region I is in the TWP region (5*S - 5*N, 90 - 100*E); region II is in the TEP region
(100S - 00, 130 - 120*W). The unit is Wm- 2 for fluxes and *C/day for cooling rate. CLR represents clear sky and
CLD cloudy sky; 6 is the difference between cloudy and clear skies
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Figure 7-7: Comparison between the cloud effect on the heat gain of the atmosphere (top, unit in Wm-2) and the
cloud top pressure (bottom, unit in hPa).
7.7.4 Cooling rate of the troposphere
The cooling rate of the tropical troposphere in clear sky shows little zonal variations. It is about
1.5*C/day between 20*S and 20*N, and about 1.4*C/day at latitudes of 30*. The cooling rate is
slightly higher (-1.6*C/day) over the equatorial western and central Pacific. In cloudy sky, the
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cooling rate is reduced to less than 1.2*C/day in the three chimney regions, but it is augmented
slightly in the eastern tropical Pacific and Atlantic oceans (Figure 7.8a). The area of low cooling
rate in the warm pool region shows two centers, one in New Guinea and the other in Borneo and
Sumatra, which is different from that in South America and central Africa, where only one center
exists in one region. This difference reflects the different characteristics of clouds in these regions.
In the South America and central Africa, deep convective cloud is concentrated in the centers of the
chimney regions; but in the warm pool region, it is concentrated in two or three areas (Figure 6.4).
The cooling rate in the TEP region exceeds 1.6 C/day. The east-west difference in the Pacific is
almost one third of the total cooling rate; the troposphere over the eastern tropical Pacific is cooled
at a speed 1.5 times faster than that in the western Pacific. The cloud effect on the cooling rate is
shown in Figure 7.8b. The cooling rate is reduced by 0.4 - 0.5 C/day in the three chimney regions,
but enhanced by 0.1 - 0.2*C/day in most of the eastern parts of the oceans due to the existence of
clouds.
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Figure 7-8: The cooling rate of the troposphere (150 - 1000 hPa) in cloudy sky (a: top) and the cloud effect on the
cooling rate (b: bottom). Unit is in 0.1 C/day
7.7.5 Heat budget of the tropical troposphere
The heat budget of the tropical troposphere for the five regions (the same as those in Table 7.5) is
summarized in Table 7.9 to examine whether the results of radiation model are reasonable. The
latent heat release is calculated from the precipitation data of Jaeger (1976); its regional distribution
is given in Figure 7.9 together with the heating rate of the troposphere (150-1000 hPa) caused by
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the latent heat release. The annual mean latent heat release varies from 180 - 200 Wm- 2 over the
Maritime Continent to 20 Wm- 2 in the TEP region, corresponding to the heating rates of about
20C and 0.20C per day respectively. The sensible heat in the table is based on the COADS and
does not include the part from the land surface, which can reach 70-80 Wm- 2 in the desert areas
and 25 - 60 Wm- 2 in other vegetational regions (Henning, 1989). Therefore the zonal means of
sensible and net heat fluxes in the table are underestimated, but the regional means over the tropical
central and eastern Pacific are not affected. The islands in the western tropical Pacific would
provide additional sensible heat to the atmosphere over this region, but the influence is expected to
be small since the islands cover only a small fraction of this region. On the regional average (Table
7.9), the troposphere emits about 210 Wm- 2 of infrared radiation and absorbs about 75 Wm- 2 of
solar radiation. The monthly latent heat released from precipitation can be as large as 240 Wm-2
(corresponding to the rainfall of 3000 mm/year) in the warm pool region, and as low as 11 Wm-2
(150 mm/year) in the TEP region.
In the warm pool region (third part of Table 7.9), the heat excess reaches 130 Wm- 2 from
November to the following January, but decreases to about 55 Wm- 2 in July-August. The annual
mean net heat excess is 95 Wm- 2 in the TWP region. Cloud makes a considerable contribution
to this heat excess. According to Table 7.7, the net heat flux entering the troposphere increases by
45 Wm- 2 due to the existence of clouds. The net heat excess would be only about 50 Wm- 2 if
there were no cloud according to the model calculation; cloud forcing is nearly half of the thermal
driving force in the TWP region. In the TEP region, the heat deficit is about 140 Wm-2; it would
be around 130 Wm- 2 without cloud. This deficit is balanced mainly by the sinking motion. The
cloud forcing in both the TWP and TEP regions works in the direction of enhancing the Walker
circulation: It increases the rising motion in the TWP region and sinking motion in the TEP region.
The Gill type mode (see chapter 4) is used to deduce the vertical motions related to the heat
budget of the atmosphere in order to check whether the deduced vertical motion is of the right order.
The results are shown in Figure 7.10. Henning's (1989) sensible heat flux over the land surface
is digitized according to his atlas and is included in the calculation. The mean vertical velocity is
about 0.3 - 0.4 cm -sec-1 in the warm pool region and northern South America and 0.2 cm -sec-I
in central Africa. The sinking motion in the TEP region is 0.2 -0.3 cm -sec- 1. The vertical velocity
from Newell et al. (1974) is about 5 x 10-4 hPa-sec- 1 at 500 hPa in the warm pool region, which
is about 0.8 cm -sec- 1. The deduced vertical speed here is smaller than that from Newell et al., but
it is still reasonable considering the fact that vertical speed usually peaks around 500 hPa and the
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MON J F M A M J J A S 0 N D YR
(I) 30S - 30N, 0 - 360
Sw 70 73 76 76 76 75 77 80 79 76 72 69 75
IR -208 -209 -208 -209 -209 -210 -211 -212 -212 -209 -209 -208 -209
LAT 89 90 84 87 92 100 95 97 97 89 87 88 91
SEN 7 6 6 6 6 7 7 6 6 6 6 7 6
NET -42 -40 -42 -40 -35 -28 -32 -29 -30 -38 -44 -44 -37
(II) 10S - ION, 0 - 360
SW 75 79 83 83 82 81 83 86 86 83 78 75 81
IR -208 -209 -208 -207 -209 -210 -211 -212 -212 -208 -211 -209 -209
LAT 127 128 129 147 151 145 125 123 126 130 132 131 133
SEN 4 4 4 4 5 6 6 5 5 5 5 5 5
NET -2 2 8 27 29 22 3 2 5 10 4 2 10
(III) 10S - ION, 90 - 140E
SW 79 82 84 83 82 82 85 87 87 83 79 77 82
IR -185 -194 -195 -195 -191 -189 -192 -194 -191 -184 -186 -190 -190
LAT 234 212 212 209 191 179 156 158 161 191 228 242 198
SEN 5 4 4 4 5 5 5 4 5 5 5 6 5
NET 133 104 105 101 87 77 54 55 62 95 126 135 95
(IV) 10S - ION, 160E - 140W
SW 75 78 83 83 81 79 80 82 83 79 76 73 79
IR -216 -219 -218 -216 -215 -215 -214 -219 -218 -214 -213 -211 -216
LAT 111 123 125 168 184 186 155 147 146 123 122 124 143
SEN 8 7 7 6 6 7 7 6 7 7 7 8 7
NET -22 -11 -3 41 56 57 28 16 18 -5 -8 -6 13
(V) 20S - 0, 120 - 80W
SW 79 82 82 78 72 70 74 81 87 87 85 81 80
IR -234 -234 -232 -234 -237 -237 -239 -242 -242 -240 -240 -238 -237
LAT 11 13 13 16 12 12 14 16 17 12 11 11 13
SEN 2 3 3 4 5 7 7 7 6 4 2 2 4
NET -142 -136 -134 -136 -148 -148 -144 -138 -132 -137 -142 -144 -140
Table 7.9: Monthly and annual mean heat budget of the troposphere (150 - 1000 hPa) for the five regions (the same as
those in Table 7.5). The unit of flux is Wm~ 2 . LAT represents latent heat release; SEN sensible heat. NET is the net
heat flux; the positive means heat excess and the negative heat deficit for the troposphere.
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Figure 7-9: Latent heat release calculated from Jaeger's rainfall (top) and corresponding heating rate in the troposphere
(1000 - 150 hPa). Unit is Wm-2 for the latent heat flux and *C/day for the heating rate.
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average would be 60% of its peak value for a cosine-distributed vertical velocity profile.
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Figure 7-10: Vertical motion deduced from net heat flux using the Gill-type mode. Unit is in cm sec~
7.8 Changes of radiative fluxes between a warm and a cool year
In the troposphere, the changes of net radiative flux entering the atmosphere between the 1985 cool
year and the 1987 warm year are shown in Figure 7.1 la. The maximum changes occurred in the
central and western tropical Pacific. In 1987, the atmosphere over the central tropical Pacific gained
an additional heat of 20 - 40 Wm-2, but over the adjacent TWP region the atmosphere lost an extra
heat of 20 - 40 Wm-2. Elsewhere over the tropics, the atmosphere lost more heat in 1987 than that
in 1985 over most regions, but the magnitude is usually less than 10 Wm- 2 . Separating the net
flux into the SW and IR fluxes, one can find that the main contribution to these changes is from the
IR radiation (Figure 7.1 lb,c). The change of IR radiation is about 5 times larger than that of the
SW radiation. The IR radiation was reduced by about 20 Wm- 2 over the central equatorial Pacific
but enhanced by 20-30 Wm- 2 near New Guinea in 1987. The IR radiation was also enhanced
over the area of deep convection in South America. The enhancement of SW absorption of the
atmosphere occurred mainly over the central Pacific and South America; the maximum increase of
5 Wm- 2 occurred over the central equatorial Pacific. The SW absorption was reduced over the
eastern Pacific, most of Atlantic, and Africa; the reduction is less than 5 Wm- 2
The change of radiative fluxes at the surface would indirectly affect the air temperature. The
difference of fluxes at the surface between 1985 and 1987 are shown in Figure 7.12. Again, the
maximum changes happened in the central and western Pacific regions. In 1987, the net flux (Figure
7.12a) was reduced by 10-40 Wm- 2 in the central equatorial Pacific, but it was enhanced by 10-20
Wm- 2 in most of the three chimney regions. The changes in other regions are not coherent, and
the magnitude is less than 10 Wm- 2 . Separating the net flux into the SW and IR fluxes (Figure
7.12b,c), one can find that the main contribution to the change is from the SW radiation, which is
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region lvl J F M A M J J A S O N D YR
0-360 surf -4 1 2 -1 1 -3 -2 -1 3 1 4 1 0
atm 0 -1 1 -3 0 -3 -8 -4 -3 4 0 0 -1
150 -4 0 3 -4 1 -6 -10 -5 0 5 4 1 -1
90-140E surf -31 9 6 24 10 10 21 -2 22 16 8 -2 8
atm 19 -16 -12 -33 -20 -17 -30 -7 -22 -12 -2 -3 -13
150 -12 -7 -6 -9 -10 -7 -9 -9 0 4 6 -5 -5
160E-140W surf -24 -38 -6 -26 -28 -24 -37 -26 -18 -13 -7 -18 -22
atm 13 32 8 21 21 6 6 12 12 22 13 15 15
150 -11 -6 2 -5 -7 -18 -31 -14 -6 9 6 -3 -7
Table 7.10: Monthly changes of net heat flux from 1985 to 1987 (1987 - 1985) between 10*S and 10 N. The unit of
-2flux is Wm-
7.9 Changes of cooling rate of the troposphere between a warm and a
cool year
The geographical distributions of cooling rate in 1985 and 1987 and their difference are shown in
Figure 7.13. In 1985 (upper panel), the cooling rate of the troposphere was less than 1.1 C/day over
the three chimney regions. The cooling rate over the Maritime Continent was the lowest. There
were two minimum centers near New Guinea and Sumatra; the cooling rates there were less than
1 C/day. These two cooling centers were very close to each other in this year. The cooling rate over
the TEP region was about 1.6 C/day. Compared with the climatology (Figure 7.8), the cooling rate
in 1985 is below the normal over the Maritime Continent and northern South America and close to
the normal over the TEP region. In 1987 (middle panel), the most significant change is the decrease
of cooling rate over the central tropical Pacific and the increase of cooling rate over the TWP near
New Guinea. The cooling rate near the date line on the equator was 1.4 C/day in 1985 but reduced
to 1.1 C/day in 1987. Meanwhile, the cooling rate near New Guinea was less than 1 C/day in
1985 but increased to 1.2 C in 1987. The minimum cooling center near New Guinea in 1985 was
shifted eastward by 400 to the date line in 1987. The minimum cooling center near Sumatra was
still in its 1985 position. These two centers were 800 apart in 1987; between them the cooling
rate was 0.2 - 0.3 0 C/day higher than that over the center areas. Compared with the climatology
(Figure 7.8), the cooling rate over the Maritime Continent and northern South America increased
by about 0.1 C/day, but the cooling rate over central Africa did not show clear changes. Compared
with 1985, the cooling rate in 1987 was reduced by up to 0.4 C/day over the central tropical Pacific
(bottom panel). However, the cooling rate over the three chimney regions was enhanced, especially
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over the Maritime Continent and northern South America, where the increases exceeded 0.1 C/day.
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Figure 7-13: The cooling rates of the troposphere (150 - IlOOOhPa) in 1985 (top) and 1987 (middle) and the differences
between the two years (bottom). Unit is C/day.
The changes of regionally averaged cooling rate between 1985 and 1987 are summarized in
Table 7.11. The largest change happened in the tropical western and central Pacific. The cooling
rate increased by 0. 13 C/day in the TWP region, but decreased by 0.15 C/day in the central tropical
Pacific in 1987. The actual change of cooling rate in the central tropical Pacific would be reduced
by the anomalous rising motion in this region; the actual value is difficult to obtain since no reliable
vertical motion data are available. In the tropical strip from 10'S to 10'N, the cooling rate in
1987 increased by 0.02 C/day. This increase is small, only 1% of its climatology, but it is large
enough to release the additional latent heat from the TEP. The damping time corresponding to this
cooling rate increase is 50 days, three time larger than that used in the Gill model in Chapter 6. The
discrepancy is related to the including of the area in the central Pacific, where the cooling rate was
reduced considerably in 1987. The actual cooling rate changes in this region is difficult to estimate
since the change of cooling rate related to the vertical motion can not be evaluated. If the average is
taken outside of the region of increased cloud in the central and eastern equatorial Pacific (second
row in Table 7.11), the cooling rate in 1987 increased by 0.07 C/day; the corresponding damping
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time is 14 days, which is close to the thermal dissipation rate used in the Gill mode (chapter 6).
The changes of regional means are much larger than that of the zonal mean. The regional average
of cooling rate in the TWP increased by 0.13 0C/day, two times larger than the zonal mean of
0.07 C/day; the corresponding damping time is 8 days. Changing the cooling rate is the way of
the atmosphere to reach a new heat balance when additional heat enters the atmosphere. It is worth
noting that in a warm SST year, the atmosphere gains the additional heat through the evaporation
from a limited area in the TEP region, but it releases the additional heat through radiation over much
more extensive areas.
region J F M A M J J A S 0 N D YR
0-360 0.0 -0.1 0.1 -0.3 0.0 -0.3 -0.9 -0.4 -0.3 0.4 0.0 -0.1 -0.2
0-360* -0.5 -0.9 -0.6 -1.3 -1.0 -0.7 -1.4 -0.8 -0.8 -0.1 -0.4 -0.5 -0.7
90-140E 2.0 -1.7 -1.2 -3.4 -2.1 -1.8 -3.2 -0.8 -2.3 -1.2 -0.2 -0.3 -1.3
160E-140W: 1.3 3.3 0.7 2.1 2.2 0.6 0.6 1.2 1.2 2.3 1.4 1.5 1.5
Table 7.11: Changes of zonally averaged (10 S-10 N) cooling rate between 150 and 1000 hPa from 1985 to 1987
(1987 - 1985). The unit of cooling rate is 0.1 C/day. The second row with a "*" is the averages excluding the area of
central equatorial Pacific.
7.10 Summary
The radiative fluxes and the cloud and water vapor effect on the fluxes have been investigated. The
results show that in the tropics clouds have considerable effect on the heat balance of the troposphere
and this effect exhibits a substantial change between a warm and a cool SST year. In a warm SST
year, the cooling rate of the tropical troposphere outside of the heat source region increases by
0.07'C/day, which corresponds to a thermal damping time of 14 days. This value is close to the
15-day damping time used in the Gill-type model in Chapter 4; and therefore the selection of the
thermal dissipation rate in the model is reasonable. The increase of this cooling rate is mainly
caused by the enhancement of the IR loss of the atmosphere; this enhancement of the IR loss is
mainly contributed by the reduced cloud amount and the lowered cloud top level. The tropical
atmosphere as a whole becomes more transparent in a warm SST year than in a cool SST year,
which allows the atmosphere to emit the energy received from the additional latent heat and hence
to prevent itself from further warming when the anomalous latent heat source remains.
In a warm SST year, the troposphere gains an additional 10-30 Wm- 2 of heat over the central
and eastern equatorial Pacific but loses more heat in most of the other tropical regions. The
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maximum heat loss is about 10-30 Wm- 2 , occurring over the Maritime Continent, and the next
about 10 Wm- 2, occurring over South America. These changes are mainly attributed to IR flux;
about 80% of the flux changes are caused by IR radiation. As a whole, the tropical troposphere
loses more heat in a warm SST year. In 1987 the zonal averaged heat loss increased by 1 Wm-2.
Although this increase is small and well within the calculation error, it is the size of the additional
latent heat entering the atmosphere during a warm SST year.
At present climate conditions, clouds can increase the heat gain of the atmosphere by 20-
30 Wm- 2 if averaged over the tropical band within 100 of the equator. However the regional
distribution is very different from the zonal mean. The radiative effect of cloud on the heat gain
of the atmosphere can be positive or negative, depending on the cloud top level. For the net flux
entering the troposphere, the cloud causes an increase of 20 - 40 Wm- 2 in deep convection areas
but a decrease of about 10 Wm- 2 in low cloud areas. In deep convection areas, high-top clouds
lead to more IR and NIR absorptions in the troposphere, which warms the troposphere; over low
cloud areas, clouds obstruct the surface IR radiation, which cools the troposphere above the cloud
top. The cloud top level of 650 hPa seems to be a dividing line between positive and negative cloud
effect on the heat balance in the troposphere. When the cloud top level is above 650 hPa, the cloud
effect on the net radiative flux entering the troposphere is usually positive, and vice versa.
The cloud effect on the radiation balance in the atmosphere significantly enhances the east-west
differences of heat balance in the troposphere over the Pacific basin along the equator. Due to the
existence of cloud, the heat excess of the troposphere over the TWP region is raised by 45 Wm- 2
which is nearly half of the total heat excess (95 Wm- 2) there; over the TEP region, the heat deficit
increases by 10 Wm- 2. The cloud effects over both the TWP and TEP regions enhance the Walker
circulation over the Pacific.
At the surface the cloud effect on the surface radiation is always negative. In the tropics, cloud
reduces the SW flux by 60-70 Wm- 2 and the IR loss by 20-30 Wm- 2; the net flux is reduced by
30-40 Wm- 2 at the surface. The SW reduction can reach 80 - 100 Wm- 2 in the deep convection
area but is less than 20 Wm- 2 in the desert area. The largest IR reduction at the surface is 50 -
60 Wm- 2 , occurring along the western coasts of continents; this reduction results in the negative
cloud effect on the net radiative flux entering the troposphere.
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Chapter 8
Summary and conclusion
The major purpose of this study has been to understand the physical linkage between the SST in the
tropical eastern Pacific and the tropical tropospheric air temperature. Three questions were raised
for the understanding: Why is the air temperature closely related only to the SST in the TEP? How
can a localized heat source warm the entire tropical strip? And which mechanism prevents the air
temperature from further increasing when the heat source remains? The SSTs and their variability
have been analyzed in Chapter 2 to highlight the distinguished features of the SSTs in the TEP. The
heat fluxes at oceanic surface were calculated in Chapter 3 to obtain the change of energy entering
the atmosphere from the oceans between a warm and a cool SST year. This change of energy was
used to drive a Gill-type model in Chapter 4 to investigate the possibility for a local heat source to
warm the entire tropical strip. The model results were verified by the changes of water vapor, cloud,
and radiative fluxes in the atmosphere in the following three chapters.
The variability of tropical SSTs is dominated by the SST changes in the TEP region. These
changes control the first two interannual EOF modes. The SST variations in the TEP region have
three unique characteristics: the largest magnitude, the longest persistence, and the broadest spatial
coherence. The annual variation of SSTs in the TEP is three to four times larger than that in the
TWP region and is the largest at the same latitude. The interannual variation of SSTs in the TEP
region is the largest anywhere in the tropical ocean and is twice as large as that in the TWP. The
persistence defined in this study is three to seven months in the TEP but close to zero in most of the
other tropical oceans; the SST changes occurring in the TEP region can remain for several months
or more. The SST anomalies in this region are spatially coherent; the coherent area can cover an
area of 1000 longitude by 150 latitude in the TEP; such anomalies do not exist in other oceanic
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regions. The temporal and spatial coherence of the SST variations in the TEP allows the ocean to
influence the atmosphere in an efficient way; the large magnitude of the SST variations enables the
ocean to produce substantial changes in the atmosphere within the life time of the SST variations.
In addition, the SST variations in the TEP occur near the equator, which enables the dynamical
processes to communicate the local SST influence to the entire tropics.
The SST variations in the TWP region show entirely different properties. Both the seasonal
and interannual variations in this region are the smallest in the tropics. Further more the variations
there are short-lived and spatially chaotic. The SSTs in the TWP region are not important when the
variations of the tropical tropospheric temperatures (TTTs) are of concern although they are critical
for maintaining the mean TTTs.
The latent heat flux increases by about 30 Wm- 2 in the TEP during El Nifio periods. This
anomalous latent heat flux can remain for more than a year. The anomalies with similar magnitude
can also occur in other regions, but these anomalies are less persistent; they usually change their
signs frequently, and therefore the integrated effect on the variations of TTTs is small.
The Gill-type model in Chapter 4 shows that a local heat source near the equator is capable
of warming the entire tropical strip. The response of the atmosphere to such a heat source covers
the whole latitudinal zone near the equator. In the model, rising motion is induced by the latent
heat release in the local heat source region; forced sinking motion occurs over the rest of tropics.
The model atmosphere is warmed by the release of latent heat in the local heat source region
and by forced subsidence elsewhere. Through the forced sinking motion, the influence of the
TEP region is communicated to the entire tropics. The model can reproduce the tropical strip of
anomalous temperatures when the model is forced by the condensation heating similar to the latent
heat anomalies observed in the TEP region during El Nifio events. The heat source is required to
be on or close to the equator, which allows the dynamical process to spread the local effect over
the entire tropical strip. The magnitude of the reproduced temperature anomalies is sensitive to the
thermal dissipation rate; an increase of the thermal dissipation rate would reduce the amplitude of
temperature anomalies- but have little effect on the shape of the tropical strip. A thermal damping
time of 15 days is appropriate for the observed TTT anomalies of 0.5 - 10C. The shape of the
tropical strip is sensitive to the frictional dissipation rate; the increase of frictional dissipation rate
would result in a more centralized strip while the decrease of frictional dissipation rate would
produce a more flattened strip. The frictional damping time of 5 days is suitable for the observed
tropical strip shape; this time is also close to the damping time scale of surface wind stress.
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According to the model results, changes in cloudiness in a warm SST year should take place
over the entire tropics due to the influence of vertical motion. Cloud observations support the model
results. In a warm SST.year, cloud changes show that the anomalous latent heat release occurs only
in a limited area but its influence covers the entire tropics. The anomalous latent heat is released
in the western and northern parts of the anomalous SST region. The amount of deep convective
cloud increases by 50% or more of its climatology over the central and eastern equatorial Pacific in
a warm SST year; the amount of total cloud there also shows substantial increase. Meanwhile the
cloud top level is raised by 10 - 30 hPa for deep convective cloud and 50 - 100 hPa for total cloud
over this region in a warm SST year. Elsewhere in the tropics, the cloud amount and top levels for
these two types of cloud decrease over most of the region in a warm SST year. The largest decrease
occurs over the Maritime Continent and South America; the cloud amount is reduced by 5 - 10%
and the cloud top lowered by about 50 hPa. These cloud changes fits with the model results: In
the Gill-type model, rising motion occurs in the heat source region (the TEP region) while sinking
motion in other the tropical regions.
Wind observations also support the model results. In a warm SST year the westerly wind
anomalies cover the area from the Maritime Continent to the eastern coast of South America, and
easterly wind anomalies cover the rest of the tropics at 850 hPa; wind anomalies are reversed at 200
hPa. These observed wind changes agree well with the model wind anomalies within about ± 100
of the equator.
The thermal dissipation rate used in the Gill-type model is attributed mainly to the cloud effect
on the radiation in the atmosphere. In a warm SST year, the cooling rate of the atmosphere outside
of heat source region increases by 0.07 C/day, which corresponds to a thermal damping time of 14
days, close to the 15-day thermal dissipation time used in the model in Chapter 4. Although the
cooling rate increase is less than 5% of its climatology, it is large enough to get rid of the additional
latent heat flux entering the atmosphere in a warm SST year. The increase of cooling rate is resulted
mainly from the enhanced long wave radiation, which is further caused by the reduced cloud amount
and lowered cloud top level in the anomalous sinking area. As a whole the troposphere becomes
more transparent to the long wave radiation in the El Nino years due to the forced sinking motion
although some part of the tropical region (such as the central equatorial Pacific) is more opaque.
In the present climate, the variability of the cloud effect on the radiation in the atmosphere is
much larger than the variability of latent heat. Clouds cause a change of 10 - 40 Wm- 2 for the net
heat flux entering the troposphere. The change of zonally averaged latent heat flux in a warm year
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(~1 Wm- 2) is one order less than, and therefore can be offset easily by, the cloud effect.
The answers to the questions raised in Chapter 1 can be summarized as follows:
1. The variability of SSTs in the tropical oceans is dominated by the SST variations in the TEP
region; the SST variations in this region possess three unique properties: large magnitude,
long persistence, and broad spatial coherence. In addition, the SST variations occur near
the equator. Persistent and spatially coherent SST anomalies enable the ocean in the TEP
to influence the atmosphere in an efficient way. The large SST variances in the TEP region
further enhance the oceanic effect on the atmosphere.
2. When the SST increases in the TEP region, evaporation also increases, which brings additional
water vapor and latent heat into the troposphere. The persistent and spatial coherent latent
heat anomalies also exist only in the TEP region.
3. The additional water vapor is condensed in the central equatorial Pacific and the latent heat
released. The released latent heat induces local rising motion, and forces sinking motion
elsewhere in the tropics. Through the forced sinking motion, the influence of the TEP region
is communicated to the entire tropics. The latent heat release warms the local troposphere
while the forced sinking motion warms the rest of troposphere; as a result, the entire tropics
warms up.
4. The forced sinking motion depresses the cloud and reduces both the cloud amount and cloud
top level, which leads to the decrease of the opacity of the atmosphere to the IR emission and
the increase of the cooling rate of the troposphere. Through the enhanced IR emission, the
atmosphere emits the energy from the addition latent heat entering the troposphere from the
ocean to prevent itself from further warming.
SSTs show an apparent mode change around 1976. This mode change resembles a prolonged
La Niia -El Ninio oscillation but is of global scale. The SSTs after 1976 are about 0.40C warmer in
the TEP region but 0.5 - 1.00C cooler in the central North Pacific than that before. Pressure field,
water vapor, land air temperature, and precipitation support the mode change. There is evidence
showing that this SST mode change is mainly caused by the changes of ocean transport which is
further related to the west-east pressure sway in the atmosphere. The pressure has decreased over
the Pacific (from the Aleutian Low to the subtropical high in South Pacific) but increased over the
Indian and Atlantic Oceans after 1976. The similar mode change may have happened during the
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1920's-1940's. This mode change suggests that there may exist a pressure oscillation between the
eastern and the western hemispheres. This mode change is of great importance in the interpretation
of recent climate changes.
189
Appendix A
Seasonal Variations of Global SST and
the Standard Deviation of Tropical SST
A.1 Standard deviations of tropical SST
Although standard deviation (STD) is a non-seasonal quantity, the STD of the SSTs in the TEP
exhibits considerable seasonal variations. The STD in four representative months is shown in Figure
A. 1. It is the smallest in March (top panel); The STD above 1.00C occurs only along the coast of
South America and in a narrow area from 140 - 100'W along the equator. By June, the large STD
along the coast has expanded westward along the equator to 150'W, forming a high STD tongue
(second panel); its maximum is above 1.8 C, occurring along the Peru-Ecuador coast. From June
to September, this tongue continues to expand westwards, and its maximum area leaves the coast
and moves to about 120'W on the equator (third panel). After that, the pattern and the magnitude
of the STD in the TEP region do not change much (bottom panel) until January when the STD
begins to decrease. By March, the STD reaches its minimum level again. In other tropical regions,
the annual variations of STD are negligible.
A.2 Global SST
The geographical distribution of global SST for January, April, July, October and the annual mean
is given in Figure A.2. The SST increases eastward in the eastern part of high latitude Pacific and
Atlantic oceans. Therefore the eastward Ekman transport shown in Figure 2.18b would cool the
SST in the area of Alaska Current.
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Figure A-1: The seasonal variations of SST standard deviation in the tropics. Unit is in "C.
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Appendix B
Wind Trend in the COADS
The wind data used in this study is from the COADS, which is extracted from a large number of ship
logs covering more than a century from different countries. There have been numerous changes
of the techniques, instruments, and methods of observations during the data period. Therefore
inhomogeneity is inevitable. As a result, the COADS wind shows a apparent increase trend in last
40 years. This trend causes a serious problem to the evaluation of the temporal variations of the
latent and sensible heat fluxes as well as the wind stress over the oceans.
Table B. 1: Coordinates of the six regions which show the time series of wind speed in Figure 3.2. Negative is south
for latitude and west for longitude.
The time series of wind anomalies in six regions for the period of 1949-87 are shown in Figure
B. 1; their coordinates are listed in Table B.1. The tendency for increase is obvious in all regions.
Wind speed increased by at least 1 ms- 1 during the period in all regions. In the TWP region,
the increase is 1.8 ms- 1, which is 35% of the wind speed climatology (about 5 ms'). Similar
situation existed over the TEP region, tropical Atlantic, and Indian Ocean. In the middle and high
latitudes, increasing trend is also very clear although the monthly variations of wind speed are much
larger than that in the low latitudes. The largest trend occurred over the central North Pacific; the
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Latitude Longitude
Region begin end begin end
Trop. W. Pacific -20 20 120 180
Trop. E. Pacific -20 20 -140 -80
Trop. Pacific -20 20 120 -80
Trop. Atlantic -20 20 -40 10
Trop. Indian 0. -20 20 40 100
C. North Pacific -30 50 160 -160
wind speed there has increased by more than 2 ms-1, nearly 20% of its climatology. The wind
trend is not limited to certain areas but is over the globe. The geographical distribution of the wind
trend during the same period as in Figure 3.2a. The trend is spatially coherent in well sampled
regions, such as over the North Pacific, North Atlantic and most of the Indian Ocean, but noisy in
poorly sampled regions, such as in the area south of 40'S. An increase of 1 - 1.5 ms- 1 existed
over most of the oceans. In the North Pacific from 30'N to the Aleutian Islands, the wind speed
increased by more than 1.5 ms- 1 from 1949 to 1987. The maximum increase is 2 ms 1 , occurring
in the area centered at 45'N, 160'W; checking with the sea level pressure map (not shown), one
can find that the area is located in the strong pressure gradient region between the Aleutian Low
and the subtropical high in the North Pacific. In the Pacific south of 30'N, the pattern of wind
trend is rather complicated although a trend of 0.5 - 1.5 ms- 1 occurs in most of the region. The
trend is relatively small in the central tropical Pacific, less than 0.5 ms- 1 in most of the region;
there is even a negative trend around 15'N and 170'E. In the Atlantic, wind trend is about 1 ms- 1
between 10'N and 50'N and 0.5 - 1 ms- 1 between 10'N and 40'S, showing much less regional
variations compared with that in the Pacific. In the Indian Ocean, the trend is relatively small in its
northern part, about 0.5 - 1 ms 1 in the area north of 15'S, and large in the southern part, about
1 - 1.5 ms- 1 south of this latitude. For such a global wind trend, the wind observations from land
stations do not show consistent changes. The time series of wind speed from six island stations are
shown in Figure B.2. The time series do not show a clear trend; instead, they illustrate how variable
wind observations can be.
The wind problem has been noticed by many workers. Analyzing the ship wind data from UK
Meteorological Office Main Marine Databank, Whysall et al. (1987) found an increase of trade
wind over the tropical Pacific during the period of 1950-81. Using the wind data from the islands
in the tropical west Pacific, Harrison (1989) found a decreasing trend of easterlies within 30 of
the equator although there was no significant trend if the whole region is considered. Flohn and
Kapala (1989) considered the wind trend in the COADS as a signal of the global warming. Ramage
(1987) found that the scalar wind decreased between 1854 to 1920 and increased since World War
II. He thought that the trend could be caused by the transition from sailing ship to steamship and
by the technique of wind observations. Wright (1988) examined the trade winds and also found a
wind trend. However the pressure gradient and rainfall data provided no support for the trend. He
concluded that the trend is artificial. Using the data from TDF- 11, Cardone et al (1990) investigated
the wind problem; they found that the ship reports from shipping lanes in the South China Sea,
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Figure B-1: Time series of wind speed in six regions
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North Pacific and North Atlantic also showed an increasing trend during the past three decades.
They related the trend to the change of ship height and to the differences between the wind speed
estimated from the Beaufort scale and the wind speed measured by anemometer. After correcting
the wind speed using Cardone's scale, they found no wind trend. Although the reality of the wind
trend is still being debated; the majority of the COADS users consider that the wind trend is not
real.
Wind speed is a dominant term affecting the evaporation over the oceans. The wind speed
averaged over the global oceans is less than 10 ms- 1 (see Figure 3.4c). The positive trend of wind
speed in the COADS is larger than 1 ms- 1 in last thirty years, which implies an increase of at least
10% of the evaporation since the relative humidity at the oceanic surface is almost constant and
therefore evaporation increases near linearly with wind speed. This enhanced evaporation, if real,
would lead to the same increase of precipitation. However no increasing trend of precipitation has
been reported. The wind data need to be corrected before the data can be used in the calculation of
latent heat flux.
The ratio of the number of estimated wind speed from the Beaufort scale to that of measured
wind speed using anemometers increased gradually from less than 10% in the early 1950s to about
80% in the late 1980s (Ramage,1987). The transformation from the Beaufort scale to wind speed is
based on the WMO Code 1100 (WMO, 1970), in which the wind speed is calculated by the formula
o = c.nk (B.1)
where v is the wind speed in unit of ms- 1 and n is the Beaufort number; c and k are empirical
coefficients which were originally determined in 1906 using the observations made on the island
St. Mary's (Scilly Isles). These coefficients were adopted by WMO as an international scale in
1946. However it was soon found that the wind speed observed in the Scilly Isles is 2 ms- 1 lower
in Beaufort number 3 and 2 ms- 1 higher in the Beaufort number 9 than those observed on the
moving ocean ships and ocean weather ships. In 1960, the members of Commission for Maritime
Meteorology (CMM) began to investigate the problem. Based on 30 data sets which included
equivalent wind speed to the Beaufort scale, CMM proposed a new scale (CMM-IV), which was
adopted by WMO in 1970 as a scientific scale for research purposes but not for operational use
(Table B.2).
The CMM-IV scale is used to adjust the wind speed in the COADS. Since the monthly average
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Figure B-2: Wind obervations at six island stations
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WMO 1100 0.0 0.8 2.4 4.3 6.7 9.4 12.3 15.5 1 18.9 j 22.6 j 26.4 30.5 34.3*
CMM-IV 0.8 2.0 3.6 5.6 7.8 10.2 12.6 15.1 1 7.8 20.8 24.2 28.0 32.2
Table B.2: Conversions between the wind scales of WMO 1100 and CMM-IV. The unit of wind speed is ms-1.
including wind speed above.)
data have lost the information about individual observations, we have to assume that the ratio of
estimated wind to measured wind is same for all grids in a month. Table B.2 is used to find
corresponding wind speed on the CMM-IV scale for the part of estimated wind. Since the CMM-IV
scale is based on the ship height of 15-20m, and the coefficients used in the calculations of heat
fluxes are suitable for the wind observation at the height of 10m, the wind speed needs to be adjusted
to this height by the formula
--z = -ln( ) (B.2)
where u, is the friction velocity; n von Karman constant; and zo roughness length. zo and u, are
related through the Charnock formula (Smith, 1980; Wu, 1980)
zo = a. (B.3)
92/
where a is a constant and equals 0.0185. Newton iterative method is applied to the above two
equations to find zo, then zo is used to calculate the u, and the wind speed at 10m.
The time series after the adjustment for Beaufort scale and ship height are given in Figure B.2.
Compared with Figure 3.2a, the trend greatly reduced, and almost disappears in many regions if
the period after 1955 is considered. However, a large trend still exists in the central North Pacific
although it has been reduced. In this region, the wind speed after correction increased by 1 ms-1
from 1949 to 1953; it was steady from 1957-75, but increased by about 1 ms- 1 again after 1976.
The increase at the first period may be related to poor sampling; such an increasing trend also exists
in other regions before 1955. However, the increase in the recent period is real; it is related to the
SST mode change around 1976 discussed in Chapter 2. The geographical distribution of the trend
after the adjustment is given in Figure 3.2b. Compared with Figure 3.2a, the trend is reduced by
about 0.5 - 1 ms-1. It is less than 0.5 ms- 1 over the Atlantic, the TEP, and the Indian Ocean
north of 15 S. Between 35'N and 50 0N in the North Pacific, the trend is still above 1 ms- 1. This
trend can not be attributed to the sampling problem since the ratios of observations there are almost
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100%; as pointed out in Chapter 2, it is related to the recent SST mode change. The wind trend over
the southwest of Indian Ocean is also relatively large, and may be related to the same SST mode
change. A negative trend of 0.5 ms- 1 in the central tropical Pacific may reflect the weakness of
the adjustment method, but it is also possible that the decrease of wind speed in this region is also a
part of the SST mode change since the negative trend existed before the adjustment (Figure 3.2a).
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Figure B-3: Same as Figure B-I except that wind speed has been corrected
202
1 1
0
-1
1950 1955 1960 1965 1970 1975 1980 1985
2-
1 20"N-20'S, 140'-80'W (TROP. EAST PACIFIC)
0
1 - L -AIL j-kA.h AA-aA 1
1950 1955 1960 1965 1970 1975 1980 1985
20-N-20'S, 40'E-10-W (TROP. ATLANTIC)
IMkL, I ~ kLkL A U I JOi IU. L A.k
1950 1955 1960 1965 1970 1975 1980 1985
20-N-20-S, 40-100'E (TROP. INDIAN OCEAN)
I , , , , I I I I I I I I I I
1950 1955 1960 1965 1970 1975 1980 1985
2 -E-
1 20'N-20'S, 120-E-80'W (TROP. PACIFIC)
1l w ..l - LA i .A
0 A01,0W T T 7w 41r -
2-
1
01
-1
-2
1
'-0
1955 1960 1965 1970 1975 1980 19851950
2r-
30'-50'N, 160'E-160'W (CENTRAL NORTHERN P.
e,
Appendix C
Seasonal Variations of Heat Fluxes
The five components of the heat flux at the oceanic surface show considerable seasonal variations;
the annual means given in Figure 3.3-3.4 in Chapter 3 miss some important features which are
presented in this Appendix.
C.1 Latent heat flux
The latent heat flux in four representative months (January, April, July, and October) is shown in
Figure B 1. In January (Figure B la), the outstanding feature is the maximum flux in the Kuroshio
and Gulf Stream. The flux exceeds 240 Wm- 2 in the Kuroshio and 220 Wm- 2 in the Gulf Stream.
On average, the latent heat in the western Pacific ocean is about 20 Wm- 2 larger than that in the
western Atlantic ocean. The outflow from the Asian continent is stronger and drier than that from
North America; the influence of Asian outflow can reach much further into the open oceans than
that of the outflow from North America can. In the tropical oceans, the latent heat in the cool tongue
in the TEP reaches its minimum in the year, the flux is less than 60 Wm-2
By April (Figure Bib), the area of maximum flux still exists in the Gulf Stream although the
maximum value has been reduced to 160 Wm-2. The flux in the Kuroshio is reduced to 100 -
120 Wm-2; the area of maximum in January can be hardly found in April. It is the time of "Mei
Yu," a nearly non-stop drizzle, in this area which is the product of the stationary polar front. Both
wind speed and q, - q, are low in such a weather system. In the tropics, the latent heat flux in the
central equatorial Pacific reaches its minimum in the year, which results in the minimum east-west
difference of latent heat flux in the equatorial Pacific.
The latent heat flux increases by 10-20 Wm- 2 over most of the tropics in July (Figure Blc);
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Figure C-1: The latent heat flux in January (a), April(b), July(c) and October(d). Unit is Watts per square meter.
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but it decreases by 20-30 Wm- 2 to about 80 Wm- 2 in the eastern equatorial Atlantic ocean, where
the SST and q, - q, reach their minima in the year (Figure 2.2).
By October (Figure BId), the flux in the cool tongue in the TEP region is reduced slightly, but
the area of low flux related to the cool tongue in the Atlantic in July disappears by October. The
areas of maximum latent heat flux in the Kuroshio and Gulf Stream are established again.
C.2 Sensible heat flux
The annual variations of the sensible heat are slightly larger in the TEP region (Figure B2); they can
exceed 10 Wm- 2 near the coasts of Colombia and Panama. In the western Arabian Sea and the
cool-water tongue in the TEP, the sensible heat flux can be negative in their summer season. Most
of the Pacific and Atlantic oceans north of 40'N also gain the sensible heat in northern summer.
The largest gain of 10 Wm- 2 occurs near the coasts of Newfoundland and Aleutian Islands; the
marine air temperature at this time is 0.5 - 10C higher than the SST in these areas.
The seasonal variation of the sensible heat flux in the Kuroshio and Gulf Stream regions are quite
large. The sensible heat there can exceed 100 Wm-2, about half of the latent heat flux in winter
but becomes negative in summer. No compatible counterparts exist in the southern hemisphere.
C.3 Long wave radiation
The seasonal variations of the long wave radiation are very small in the tropical regions, only about
5 Wm- 2 (Figure B3). In the Gulf Stream and Kuroshio regions, however, the long wave radiation
increases substantially from northern summer to winter. The flux is less than 40 Wm- 2 in July but
can exceed 70 Wm- 2 in January in the Kuroshio. The large increase in northern winter is resulted
from the large air-sea temperature difference and the low water vapor pressure. The large seasonal
variations also occur in the oceans near the Aleutian Islands in the North Pacific and near Iceland in
the North Atlantic, but they are caused by the reduction of long wave radiation in northern summer
due to the increase of water vapor pressure and cloud amount. The radiation in July is reduced to
almost half of its January value.
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C.4 Solar radiation
The seasonal variations of solar radiation (Figure B4) are about 50 Wm- 2 in the tropical regions
and increase to about 100 Wm- 2 in the high latitude oceans. The variations follow in general the
movement of the sun except in the northern Indian Ocean. The solar radiation in the northern Indian
Ocean increases from January to March when the sun moves towards the northern hemisphere, but
it decreases thereafter; the flux in July is even less than that in January, which is unique in the entire
tropics. The dramatic increase of cloud amount in May due to the onset of Asian monsoon causes
this unusual seasonal variation.
C.5 Net heat flux
The seasonal variations of the net heat flux (Figure B5) are significant. The oceanic currents of
Kuroshio and Gulf Stream lose more than 250 Wm- 2 in January, but gain about 100 Wm- 2 in July.
In general, the net flux changes signs from summer to winter. But the equatorial eastern Pacific and
Atlantic oceans are the exceptions; the heat surplus there exists in the whole year. The cool water
there reduces latent heat loss, which makes it possible for the positive net flux to survive.
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Appendix D
Seasonal Variations of Humidity in the
Tropics
D.1 Relative humidity
The relative humidity (Figure D1) is quite stable; the annual mean is about 80% over almost all the
tropics although SSTs on the equator can be 8 - 100C different with those at latitudes of 300. The
seasonal variations are about 5% over the open oceans.
D.2 Specific humidity at the surface
The seasonal variation of specific humidity (q) follows the change of solar radiation in general.
The area of q above 18 g(kg)- 1 in the Indian-Pacific region expands southward to Madagascar
in January (top panel of Figure D2). q is above 19 g(kg)> west of New Guinea and from New
Guinea to the northern coast of Australia. Over the Atlantic, q exceeds 18 g(kg)~1 in a narrow
belt along the equator. Water vapor distribution is relatively uniform in the tropical belt in April
(second panel); the east-west difference over the Pacific is the smallest in the year. The contour line
of 18 g(kg)-1 covers almost all tropical oceans near the equator. The area of water vapor above
19 g(kg)-1 is the most extensive in the year; it covers nearly all the equatorial Indian Ocean and
western Pacific. In July (third panel), the area of high water vapor (> 18 g(kg)-1) moves to South
Asia and the northern Indian Ocean in the Indian-Pacific Ocean section and to Central America-Gulf
of Mexico in the South America-Atlantic section. The area of 18 g(kg)-1 stretches to the north of
30'N over the western Pacific; q exceeds 20 g(kg) -1 over the oceans southeast of China and over
211
a: YEAR
30N
20N
1ON
0
10S
20S
30S
30N
20N
1ON
0
108
20S
30S
30N
20N
1ON
0
10S
20S
30S
30N
20N
1ON
0
108
20S
30S
30N
20N
1ON
0
10S
20S
30S
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0
c: APRIL
30N
20N
1ON
0
10S
20S
30S
30N
20N
1ON
0
l0S
20S
30S
30N
20N
1ON
0
10S
20S
30S
d: JULY
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0
20N
V~/c~j7, 80 2- 0'LiN810
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0 308
e: OCTOBER
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0 -
Figure D- 1: The relative humidity (%) at the oceanic surface.
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the Bay of Bengal, which is the maximum over the oceans in the year. The q over the Caribbean Sea
also reaches the local maximum of 19 g(kg)>. By October (bottom panel), the area of high water
vapor retreats from South Asia and returns to the oceans over the Indian-Pacific Ocean section, and
from the Gulf of Mexico to the Caribbean Sea in the South America-Atlantic section.
D.3 Specific humidity in the free atmosphere
The seasonal variations of water vapor at 850 hPa (Figure D3) are also similar to that of the q at the
surface. In January (top panel), maximum q occurs along the latitude of 10 S over the three deep
convective regions; it is about 11 g(kg)- over most of these regions, but can exceeds 12 g(kg)-1
in some limited areas. By July (third panel), the maximum q over the Indian-Pacific Ocean region
moves to South Asia; the q over south of Himalayas exceeds 14 g(kg)-1, which is 3 g(kg)-1 higher
than the maximum q over the other deep convective areas and does not occur in any other tropical
regions; this structure has already been shown over in the results of Newell et al. (1972). In the
South America-Atlantic region, the maximum q of 11 g(kg)- 1 occurs over central Mexico. The
area of maximum q over Africa does not move as far north as the other two deep convective areas
in July; it reaches only 10 N.
At 500 hPa, q drops to 1 - 2 g(kg)- (Figure D4). Moist area (q > 2 g(kg) generally
corresponds to deep convective regions (top panel). In January (top panel) the moist areas are
centered around 10 S over the three deep convective regions, the q at their centers is above
2 g(kg)-. In July (third panel) the maximum q is 4 g(kg)' over South Asia and 3 g(kg)-1 over
central Africa. The q over Central America is 1 - 2 g(kg) 1 lower than that in the other two deep
convective regions.
Water vapor is very low at 300 hPa, about 0.2 - 0.3 g(kg) 1 over most of the tropics (Figure
D5). The moist area (q > 0.4 g(kg)-1) near New Guinea seems unusual; it remains there the whole
year. A similar structure also exists in Newell et al.'s results (Newell et al., 1972). The q at 400
hPa (their plate 5.5) shows a nearly permanent local maximum of 1.5 g(kg)- 1 near New Guinea
although the main part of the area with q above 1.5 g(kg)-' moves from the southern Maritime
Continent in January to South Asia in July. The seasonal variations of deep convection support
the existence of this permanent moist area. The frequency of deep convective cloud (see Figure
6.4) near New Guinea remains above 10% in the whole year while in the other deep convective
regions, the frequency usually shows considerable seasonal variations. Meanwhile the top of deep
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Figure D-3: The specific humidity ( g(kg) 1 ) at 850 hPa.
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convective cloud is above 250 hPa near New Guinea and shows little seasonal variations (see Figure
6.10), which is favorable to moistening the upper troposphere. Zhang (1993) also showed from
OLR data that the deepest convective cloud exists in this area in all seasons.
217
A:JANUARY
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0
0 0
10S 10S
20S 20S
30, N 040E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0 30S
B:APRIL
40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0
10N 3.. 1N2  20N
0
10S 10S
20S 20S40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0 30S
CJULY
30N 40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100W 80W 60W 40W 20W 0 SON
20N 20N
1ON 1ON
00
20S 20S
40E  0E 00E120E 140E 160E 180 160W 140W 120W 100OW 80W 60W 40W 2W 0 0
D:OCTOBER
SN 40E 60E 80E 100E 120E 140E 160E 180 160W 140W 120W 100OW 80W 60W 40W 20W 0 3N
3ON 30iN
20N ~ f 2. 20N
0C0 0
208 208
30S .4 4.IA^#4A%Af A4^^%AI n~~ ^AfA1 ^^IA 308
Figure D-5: The specific humidity at 300 hPa. Unit is g(kg)'.
218
Appendix E
Seasonal Variations of Cloud in the
Tropics
E.1 Cloud frequency
The seasonal variations in the tropics are quite large. In January (first panel of Figure E.1), the
centers of minimum and maximum over the oceans are still located at the same places as that of
the annual means, but these centers are stronger than that of annual means. The area of maximum
cloud amount (>80%) over the Indian Ocean is nearly twice as large as that of the annual means;
the minimum cloud amount over the TEP is reduced to below 30%, 10% less than the annual means.
Over South America, the cloud amount over Brazil reaches it annual maximum; the frequency at
the center of deep convective area exceeds 90%. As a result, the east-west differences between the
TWP and the TEP and between South America and its neighboring oceans reach their maxima in
the year. By April (third panel), the cloud frequency over the TEP increases by 20% to 50%, which
is the annual maximum over this region; but the cloud frequency over the tropical western Pacific
and eastern Indian Ocean decreases by 10% to its annual minimum of 60 - 70%. Contrary to this
decrease, the cloud amount over Southeastern Asia increases to above 70% in April. The most
dramatic change from April to July is the development of cloud over the Indian subcontinent (fourth
panel). Cloud amount begins to increase again over the northern Indian Ocean in May; it exceeds
90% in June over the Bay of Bengal (not shown), which is the maximum over the whole tropics in
the year. By July, the area of maximum cloud (> 80%) expands northward and covers almost all
South Asia east of 100'E. Although it increases over South Asia, the cloud amount decreases by
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10% from April to July over East Asia and its adjacent oceans. In the southern hemisphere, the cloud
amount is extremely low over continents: It is less than 10% over the Kalahari desert in southern
Africa and 20 - 30% over central Brazil and northern Australia. The cloud minimum center over
the TEP is developed again. The cloud distribution in October (bottom panel) is more close to that
of January rather than to that of April as expected from the seasonal variations. The cloud frequency
is 80 - 90% over the ocean near Sumatra, slightly higher than the value in January. The minimum
cloud center over the TEP region does not show much change from October to January. One unique
feature in October is that the Intertropical Convergence Zone (ITCZ) in the eastern Pacific is the
widest in a year. The area with cloud amount >70% around 10'N covers about 100 latitude in
October, but only 50 latitude or less in the other three months (i.e. January, April, and July).
Deep convective cloud exhibits considerable seasonal variations which are given in Figure E.2.
In January, there is no clear boundary to separate the chimney in the Maritime Continent and the
chimney in central Africa; the whole area from southern central Africa to the Maritime Continent is
covered by deep convective cloud (i.e., the frequency > 5%). The deep convective cloud over the
warm pool region is concentrated in the southern part of the Maritime Continent. The maximum
frequency exceeds 15% over both the Maritime Continent and central Africa. The chimney in South
America is well developed over central Brazil; the cloud frequency there exceeds 20%. The SPCZ
is in its climax; it covers almost the whole southern tropical Pacific west of 130OW if the contour
line of 5% is also used as the boundary of SPCZ. The frequency of deep convective cloud is more
than 10% in a belt starting from New Guinea and extending southeastward to 30 0S, 140 - 160'W;
such a belt exists only from December to February. The ITCZ in the Pacific forms only west of
150 0W. The deep convective cloud east of 150'W may be caused by the disturbances from middle
latitudes since the intertropical convergence region is located at 50N, too far to cause the deep
convection north of 100 N.
The cloud distribution is relatively uniform in April. The east-west difference of cloud amount
is reduced due to the increase of deep convective cloud over the cool water region and the decrease
over the three chimney regions. The three chimney regions are linked together by the ITCZs in
the Pacific and Atlantic oceans, forming a very long convective belt from the Maritime Continent,
through northern South America, to central Africa. The area with cloud frequency above 15%
almost disappears in April.
In July the most vigorous convection occurs over Southeast Asia and over the oceans from
Clipperton island to the coasts of Central America. The frequency of deep convective cloud can
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Figure e-l: Frequency (%) of total cloud
221
exceed 20% in these regions. Over South America, the deep convective cloud is concentrated over
Colombia and Venezulia; most of Amazon River basin is nearly free of deep convection. The deep
convection over the Maritime Continent is centered over the Philippines.
The ITCZs are best developed in October; a belt with the frequency of deep convective cloud
above 10% extends from the coast of Panama to the TWP region, across the entire Pacific basin.
Such a belt exists only in this month. To the south of this belt in the TEP is the largest area of
convection-free in the year.
E.2 Cloud top level
The seasonal variations of total cloud top are shown in Figure E.3. In January, the cloud top is
above 400 hPa over Central and South Americas, but below 800 hPa (2000 m) over the neighboring
TEP and Caribbean Sea. The gradients of cloud top height between South America and these two
regions reach their maximum in the year, which reflects the depressing effect of the rising motion in
central South America on the clouds over the TEP and the Caribbean Sea. However, the cloud top
over the Atlantic shows little evidence of the influence from South America; no clear depressing
of cloud top occurs over this region. The zonal differences of cloud top are reduced in April. The
cloud top is raised over over the TEP and the Caribbean Sea but lowered over South America by
about 50 - 100 hPa. By July, the cloud top over Southeast Asia and the western Pacific north of
the equator is raised by 100 hPa to above 400 - 500 hPa; it even reaches above 350 hPa (8,600 m)
over India, which is the highest altitude for the total cloud in the whole tropics in the year. Over
the eastern Pacific, the cloud top rises in the ITCZ and falls to the north and south of the ITCZ.
The cloud top over the central TEP is again below 800 hPa. The east-west gradient is significantly
enhanced over the northern tropical Pacific; the inversion over the eastern Pacific is the strongest at
this time; the gradient of cloud top shows that the boundary between inversion and non-inversion
is from the date line to 170'W. The ITCZ over the Atlantic, like the ITCZ over the Pacific, also
depresses the cloud top to its south and north. In October, cloud top is lowered west of New Guinea,
but raised near Borneo and Sumatra. The cloud top near Sumatra exceeds above 350 hPa, which is
the highest over the oceans.
The seasonal variation of the top of deep convective cloud generally follows the change of solar
radiation; the cloud top increases in summer and decreases in winter (Figure E.4). The largest
seasonal variation occurs over the warm pool in the Indian Ocean and over South Asia. Over the
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Figure e-2: Frequency (%) of deep convective cloud
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Indian Ocean, the region with cloud top above 225 hPa covers an area of 10 S-50N, 80' 110 E
in January. The coverage of the area is more than doubled in April, but its center remains around
the equator. By May (not shown), the deep convection in this area reaches its climax: The area
expands westward to the coast of Somalia and northward to the Bay of Bengal; the cloud top is
above 200 hPa (12,200 m) over the Bay of Bengal. The timing of this climax is about two months
before the solar radiation reaches its maximum at these latitudes. After May, the main convective
region moves over South and Southeast Asia. The cloud top over the land is about 25 - 50 hPa (700
- 1400 m) lower than that over the bay region. The deep convection begins to retreat from Asia in
September, and by October the cloud top over the area from Bay of Bengal to 50S is raised to above
225 hPa, similar to that in April. The seasonal variation of the cloud top over Central America
closely follows the change of the sun. The cloud top is 300 - 325 hPa (9,100 - 9,600 m) in January,
and reaches its maximum of 250 hPa in July. But the cloud top near Baja California is lowered from
about 300 hPa in April to 350 hPa in July, which is against the seasonal variation of the sun and
may be related to the reinforcement of the subtropical high over the North Pacific. The subtropical
high increases by 2 hPa from April to July (from the COADS data), which is a substantial change
since the amplitude of annual variations is only 5 hPa.
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